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[1] The western Hellenic subduction zone (WHSZ) exhibits well-documented along-strike
variations in lithosphere density (i.e., oceanic versus continental), subduction rates, and
overriding plate extension. Differences in slab density are believed to drive deformation
rates along the WHSZ; however, this hypothesis has been difficult to test given the limited
seismic constraints on the structure of the WHSZ, particularly beneath northern Greece.
Here, we present high-resolution seismic images across northern and southern Greece
to constrain the slab composition and mantle wedge geometry along the WHSZ. Data from
two temporary arrays deployed across Greece in a northern line (NL) and southern line
(SL) are processed using a 2D teleseismic migration algorithm based on the Generalized
Radon Transform. Images of P- and S-wave velocity perturbations reveal N60E dipping
low-velocity layers beneath both NL and SL. The �8 km thick layer beneath SL is
interpreted as subducted oceanic crust while the �20 km thick layer beneath NL is
interpreted as subducted continental crust. The thickness of subducted continental crust
inferred within the upper mantle suggests that �10 km of continental crust has accreted to
the overriding plate. The relative position of the two subducted crusts implies�70–85 km of
additional slab retreat in the south relative to the north. Overall, our seismic images are
consistent with the hypothesis that faster sinking of the denser, oceanic portion of the slab
relative to the continental portion can explain the different rates of slab retreat and
deformation in the overriding plate along the WHSZ.

Citation: Pearce, F. D., S. Rondenay, M. Sachpazi, M. Charalampakis, and L. H. Royden (2012), Seismic investigation of the
transition from continental to oceanic subduction along the western Hellenic Subduction Zone, J. Geophys. Res., 117, B07306,
doi:10.1029/2011JB009023.

1. Introduction

[2] The Hellenic subduction system provides a natural
laboratory for exploring the relationship between slab
density, subduction rate, and overriding plate deformation.
Extensive GPS studies have documented rapid subduction
along southern Greece (�35mm/yr) and slow subduction (5–
8 mm/yr) along northern Greece (Figure 1a) [McClusky et al.,
2000; Hollenstein et al., 2008]. Marine seismic data have
shown that the foreland of the northern Hellenides consists of
continental lithosphere [Finetti and Del Ben, 2005], whereas
the foreland of southern Greece, beneath the Ionian Sea, is
of oceanic lithosphere affinity [Finetti et al., 1991; de Voogd
et al., 1992]. Thus, the Western Hellenic Subduction Zone
(WHSZ) can be separated into northern and southern

segments, each with a different convergence rate and slab
composition [Papanikolaou and Royden, 2007]. These seg-
ments are dextrally offset by �100 km along the Cephalonia
transform fault, which has recently (�1–4 Ma) linked with
the North Anatolian fault system through a broad region
of extensional and strike-slip faults known as the Central
Hellenic Shear Zone [Papanikolaou and Royden, 2007;
Reilinger et al., 2010; Vassilakis et al., 2011].
[3] Numerous tectonic models have been proposed to

explain the large variations in convergence rate and over-
riding plate deformation along the western Hellenic subduc-
tion zone. Such models generally appeal to two large-scale
tectonic forces: (1) the westward extrusion of Anatolia driven
by Arabia collision [McKenzie, 1972; Sengor et al., 1985]
and (2) the southwestward pull of the subducting Ionian
lithosphere along the southern segment [Le Pichon and
Angelier, 1979; Royden, 1993]. The importance of rapid
trench retreat along the southern segment has been shown
through GPS studies (i.e., larger, southerly velocity of the
Aegean block compared to Anatolia) and models that explain
the pattern of extension in the overriding plate [Meijer and
Wortel, 1996; Gautier et al., 1999; McClusky et al., 2000].
In contrast, slow convergence along the northern segment
has been attributed to the resistance offered by the posi-
tively buoyant continental lithosphere to being subducted
[Taymaz et al., 1991], a resistance that may have led to its
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separation from the rapid subduction regime south of the
Cephalonia transform fault [e.g., Kahle et al., 2000; Royden
and Papanikolaou, 2011]. Recent numerical and experi-
mental models have also shown that variations in slab
density play an important role in driving slab rollback and
overriding plate motion [Brun and Faccenna, 2008; Husson
et al., 2009; Faccenna and Becker, 2010; Chemenda et al.,
1996; Bialas et al., 2011].
[4] The transition between the northern and southern seg-

ments of the WHSZ has been the focus of intense study, as it
is one of the most seismically active regions in Europe. At
shallow depths, the Cephalonia transform fault defines the
northern limit of rapid subduction along the WHSZ; how-
ever, the nature of the separation between the two segments
at depth is highly debated. Numerous authors have suggested
a trench-parallel slab tear may be propagating from north
to south along the WHSZ in response to progressive conti-
nental collision [Wortel and Spakman, 2000, and references
therein]. The Cephalonia transform fault has also been pro-
posed as the surface manifestation of a vertical tear in the
lithosphere, termed a Subduction-Transform Edge Propaga-
tor, which separates the northern and southern segments at
depth [Govers and Wortel, 2005]. More recently, Suckale
et al. [2009] suggest that a trench-perpendicular tear in the
subducted slab beneath the Central Hellenic Shear Zone may
have developed along the boundary between oceanic and
continental lithosphere. Based on geodynamic modeling,
Royden and Papanikolaou [2011] argue that the recent entry

of denser, oceanic lithosphere into the southern segment has
produced faster trench retreat, leading to the segmentation of
the WHSZ along the Cephalonia transform fault as shown in
Figure 2. It is not known how the differential slab retreat may
be accommodated at greater depth (D > 30 km), perhaps
through bending and/or tearing. Such subduction models
have been difficult to test, as most seismic studies have
focused on the active, southern segment, with only limited
constraints available on the structure of the subduction
boundary along the northern segment.
[5] The objective of this study is to better constrain the

transition from the northern to southern segment of the
WHSZ through detailed imaging of the subducted slab in
both regions. To do so, we deployed two high-density seis-
mic arrays across northern and southern Greece (Figure 1a),
as a part of the Multidisciplinary Experiments for Dynamic
Understanding of Subduction under the Aegean Sea
(MEDUSA) project. Here, we present and discuss high-
resolution images obtained by 2-D teleseismic migration of
the data recorded by these arrays. The seismic images intro-
duce new, independent evidence that continental crust is
subducting below northern Greece, in contrast to the oceanic
crust subducting beneath the Peloponnesus in the south. The
relative position of the two segments suggests 70–85 km
of additional trench retreat may have occurred along the
southern segment compared to the northern segment, thereby
providing a simple mechanism that can explain the majority
of the �100 km offset along the Cephalonia transform fault.

Figure 1. Map of the study area and distribution of teleseismic events used in our analysis. (a) Map of the
Western Hellenic subduction zone. Yellow lines show the active, southern segment boundaries: thrust front
of the Mediterranean ridge (dashed) and trench (solid). Dashed orange line shows thrust front of northern
segment. Bright red line denotes the Cephalonia transform fault (CTF) and dark red dotted line marks
the Apulian Escarpment (i.e., the oceanic-continental transition). Dashed gray line outlines the North
Aegean trough (NAT) and the central Hellenic shear zone. GPS velocities (magenta arrows) relative to Eur-
asia are from McClusky et al. [2000]. Seismic stations deployed across southern and northern Greece are
denoted by white squares and circles, respectively. The surface projection of our two 2D-GRT profiles are
denoted by thick black lines (SL and NL). Additional acronyms: II, Ionian Islands (Cephalonia in middle);
GC, Gulf of Corinth; GE, Gulf of Evia; Pel, Peloponnesus. (b) Distribution of events used in teleseismic
migration of SL (red circles) and NL (white circles). Map is centered between the two arrays with white
concentric circles denoting 10� increments in epicentral distance (innermost circle at 30�).
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Thus, our results provide important new constraints on the
composition and geometry of the subducted lithosphere
along the WHSZ.

2. Geological Setting

[6] The Hellenic subduction zone defines the boundary
between the slowly converging African and Eurasian plates
within the central Mediterranean region (Figure 1a). The
western portion of the Hellenic subduction zone has a length
of approximately 1000 km trending northwest from the
central Adriatic Sea to the west coast of Crete. In this section,
we review the geological and geophysical constraints on the
southern segment, the northern segment, the Cephalonia
transform fault, and the overriding plate.

2.1. Southern Segment

[7] The oceanic crust beneath the Ionian Sea is probably
Triassic or Jurassic in age and consists of approximately
5–8 km of igneous crust overlain by 6–10 km of sedimentary
cover [Makris, 1985; de Voogd et al., 1992;Kopf et al., 2003;
Finetti and Del Ben, 2005]. Gravity anomalies imply a very
dense, negatively buoyant slab within the upper 100–200 km
of the southern segment, consistent with the subduction of
old oceanic lithosphere [Royden, 1993; Tsokas and Hansen,
1997]. Pliocene–Quaternary arc volcanoes are located
�200 km north and east of the present-day Hellenic trench
(Figure 1a) [Fytikas et al., 1976; Pe-Piper and Piper, 2007].
Thrust faults and folds occur within the accretionary prism
outboard of the trench, over a width of several hundred
kilometers to the front of the Mediterranean ridge [Kopf
et al., 2003].

2.2. Northern Segment

[8] The continental crust beneath the southern Adriatic
Sea is continental or transitional in character, with a crustal

thickness of 25–30 km [e.g., Morelli et al., 1975; Marone
et al., 2003; Cassinis et al., 2003; Finetti and Del Ben,
2005]. The active thrust front of the northern segment lies
just west of the Greek coastline, near the island of Corfu
and between the island of Paxos and mainland Greece
[Monopolis and Bruneton, 1982; Finetti and Del Ben, 2005;
Vassilakis et al., 2011]. There is no expression of a trench in
the bathymetry along the northern segment, but gravity data
indicate that the basement is flexed downward beneath the
thrust front and that the resulting depression is filled with
sedimentary foredeep deposits [Moretti and Royden, 1988].
The southern boundary between Apulian continental crust
and Ionian oceanic crust occurs along the Apulian escarp-
ment, which is marked by an abrupt change in water depth
and Permian-Triassic rift faults (Figure 1a) [Finetti and
Del Ben, 2005].

2.3. Cephalonia

[9] The Cephalonia transform fault separates the northern
and southern segments of the western Hellenic subduction
zone [e.g., Dewey and Şengör, 1979; Finetti, 1982; Kahle
and Mueller, 1998; Kahle et al., 1995; Hollenstein et al.,
2008]. Focal solutions from earthquakes located along the
Cephalonia transform fault show right-lateral slip on steeply
dipping, southwest-striking fault planes and also thrust
faulting on northeast-striking fault planes [Royden and
Papanikolaou, 2011]. The WHSZ appears to be dextrally
offset by �100 km across the Cephalonia transform fault;
however, the precise offset is difficult to determine given
the distributed network of faults and block rotations along
the south side of the transform [Vassilakis et al., 2011]. The
Cephalonia transform fault extends to the northeast into
mainland Greece to merge with the broadly defined zone of
dextral and extensional deformation in the Central Hellenic
Shear Zone (Figure 1a) [Roberts and Jackson, 1991; Armijo
et al., 1996; Goldsworthy et al., 2002; Papanikolaou and
Royden, 2007; Vassilakis et al., 2011].

2.4. Overriding Plate

[10] The overriding plate of the WHSZ consists of sub-
duction-related thrust units that have been subjected to vari-
able modes of extension over time. From the Oligocene to
the late Miocene, upper plate extension was generally arc-
perpendicular in response to a regime similar to back-arc
spreading – though one that encompassed both synarc and
forearc domains [Mercier et al., 1989; Papanikolaou, 1993].
Extension began to focus in the overriding plate of the
southern segment in the Late Miocene to Early Pliocene
[Papanikolaou and Royden, 2007]. Since the Late Pliocene,
extension has been concentrated along a series of normal
faults oriented approximately E-W and crosscutting older
arc-parallel structures. Currently, E-W faults along the Gulf
of Corinth and Gulf of Evia accommodate most of the
extension in central Greece [McClusky et al., 2000]. Exten-
sion in northern Greece has remained arc-parallel but has
been much slower since the Late Miocene [Meyer et al.,
2002]. This contrast in extension regime between the north-
ern and southern segments has been attributed to an accel-
eration of the rate of motion of the Hellenic trench to the
south of Cephalonia in late Miocene time, in response to
a transition to negatively buoyant oceanic lithosphere in
that region [e.g., Papanikolaou and Royden, 2007]. This

Figure 2. Schematic diagram showing the hypothesized
geometry of a segmented slab in the Hellenic subduction
zone, modified from Royden and Papanikolaou [2011].
There may be either a tear, as depicted, or a smooth ramp
between the Adriatic and Ionian slabs (in the region con-
taining horizontal dashed lines).
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dichotomy has led to considerable differences in crustal
thickness of the overriding plate between the northern and
southern segments, which have been documented through
various seismic studies described in the next section.

2.5. Constraints From Previous Seismic Investigations

[11] A variety of seismic studies have been undertaken in
the past decades to image the Hellenic subduction zone.
These include traveltime tomography [Ligdas et al., 1990;
Spakman et al., 1993; Papazachos and Nolet, 1997; Piromallo
and Morelli, 2003; Schmid et al., 2006], marine reflection and
refraction profiles [Hirn et al., 1996;Mascle and Chaumillon,
1998; Clément et al., 2000; Bohnhoff et al., 2001; Kopf et al.,
2003; Kokinou et al., 2003, 2005], receiver-function analyses
[Knapmeyer and Harjes, 2000; Tiberi et al., 2001; Li et al.,
2003; van der Meijde et al., 2003; Endrun et al., 2005;
Sodoudi et al., 2006; Zhu et al., 2006; Gesret et al., 2010],
surface-wave dispersion [Calcagnile et al., 1982; Martínez
et al., 2001; Pasyanos and Walter, 2002; Meier et al., 2004;
Bourova et al., 2005; Karagianni et al., 2005; Di Luccio and
Pasyanos, 2007; Endrun et al., 2008], and seismic anisotropy
measurements [Hearn, 1999; Schmid et al., 2004]. Here, we
review the results from these previous seismic studies,
focusing on the insight they provide on the Moho of the
overriding plate and subducting slab.
[12] The Moho of the overriding plate has been the subject

of several regional investigations across the Gulf of Corinth
[Tiberi et al., 2000, 2001; Clément et al., 2004; Zelt et al.,
2005], central Greece [Sachpazi et al., 2007], and the
Aegean region [Marone et al., 2003; Tirel et al., 2004].
Traveltime tomography and receiver function results from
these investigations indicate that the depth of the continental
Moho ranges from 20 to 45 km. Depths in excess of 40 km
are found beneath the Hellenides in the Peloponnesus and
mainland Greece, and are attributed to isostatic compensation
of surface relief [Tiberi et al., 2000; Marone et al., 2003].
Shallower Moho depths (<30 km) are found beneath the
eastern Gulf of Corinth and the Aegean Sea, with the shal-
lowest depths (<25 km) below the North Aegean Trough and
the Sea of Crete [Tirel et al., 2004; Zelt et al., 2005; Sodoudi
et al., 2006]. Sachpazi et al. [2007] document a line striking
SW–NE from the western Gulf of Corinth to the North
Aegean Trough as marking the boundary between a domain
of thinned crust (�20–35 km) to the southeast (eastern
Peloponnesus, Attiki Peninsula, Evia) and one of thicker
crust (>35 km) beneath central and northern Greece. In
general, the Moho of the overriding plate in northern Greece
is more poorly constrained than in the south due to the limited
seismic station coverage in this region.
[13] The nature of the foreland slab, as seen prior to

reaching the trench, has been constrained primarily by
marine reflection and refraction profiles. In the southern
segment, such profiles indicate that the crust beneath the
Ionian Sea is likely oceanic in origin, with an estimated
thickness ranging between 5 km [Finetti et al., 1991; Finetti
and Del Ben, 2005] and 8 km [de Voogd et al., 1992]. The
thickness of the overlying sediments varies greatly from 4
to 6 km west of the deformation front to up to 10 km in
the accretionary prism [Hirn et al., 1996; Mascle and
Chaumillon, 1998; Bohnhoff et al., 2001; Kopf et al., 2003;
Kokinou et al., 2003]. East of the trench, detailed active
source studies in the Ionian Islands have identified a

landward dipping reflector of variable topography at 13 km
depth, which is interpreted as the interplate boundary of the
subduction zone [Hirn et al., 1996; Clément et al., 2000]. In
the northern segment, a recent series of marine seismic lines
across Apulia give a detailed picture of the foreland crust
currently entering the subduction system. In particular, the
M-34 seismic line [Finetti and Del Ben, 2005] represents a
near-parallel extension of the northern land-based profile
presented in this study (see sections 4 and 6.1.2), starting
�25 km to the west of the coast. The interpreted M-34 line
shows that the undeformed continental crust entering the
thrust front has �8 km of sedimentary rocks, �12 km of
crystalline upper crust, �7 km of lower crust and a Moho
depth of �28 km (considering a water depth of �1 km). As
we shall see, these marine seismic data provide critical con-
straints for the interpretation of our seismic images beneath
mainland Greece.
[14] To date, the structure of the WHSZ at depth has been

constrained primarily by seismic traveltime tomography at
global scale [Ligdas et al., 1990; Spakman et al., 1993;
Karason, 2002; Piromallo and Morelli, 2003] and regional
scale [Papazachos and Nolet, 1997; Tiberi et al., 2000].
These tomographic models show the subducted slab as a
tabular, high-velocity anomaly dipping to the NE beneath the
western Hellenic subduction zone. Global models show that
the fast anomaly extends well below the transition zone at
660 km, indicating slab penetration into the lower mantle
[van der Hilst et al., 1997]. At regional scale, there is evi-
dence for a sudden increase in subduction angle between 70
and 90 km depth beneath the Gulf of Corinth [Papazachos
and Nolet, 1997; Tiberi et al., 2000; Sodoudi et al., 2006].
The distribution of earthquake hypocenters outlines a dif-
fuse Wadati–Benioff zone that abruptly increases its dip at
90–100 km [Papazachos et al., 2000]. Some tomographic
models show the northeast dipping velocity anomaly appears
to be weaker north of the Cephalonia transform fault [e.g.,
Wortel and Spakman, 2000] and has a lateral disruption
beneath the Cephalonia transform fault [Suckale et al., 2009;
Hosa, 2008]. These observations have been interpreted as
evidence for possible slab detachment in this area [Spakman
et al., 1988; Carminati et al., 1998; Wortel and Spakman,
2000]. In contrast, P and S receiver functions by Sodoudi
et al. [2006] show a continuous Moho of the subducting lith-
osphere beneath northern and southern Greece between 40 and
220 km depth while Zelt et al. [2005] observed a reflection
from the subducted slab beneath the western Gulf of Corinth
at approximately 75 km depth. Thus, the available seismic
evidence suggests a continuous slab above �200 km depth
with a possible slab tear beneath the Cephalonia transform
fault at greater depths.
[15] A high-resolution seismic profile of the southern

segment based on migrated teleseismic scattered waves was
recently presented by Suckale et al. [2009]. Their image
shows the subducted crust as a dipping low-velocity layer
extending from 40 km depth beneath the west coast of the
Peloponnesus to at least 80 km depth beneath the Isthmus of
Corinth. The observed low-velocities are attributed to
hydrated metabasalts in the oceanic crust, and the reduc-
tion in signal beyond 80 km depth suggests progressive
dehydration-eclogitization of these rocks. The data used
by Suckale et al. [2009] are reanalyzed in this paper, in
conjunction with the data collected above the northern
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segment, to produce consistent images of the southern and
northern segments that will be readily amenable to
comparison.

3. Methods

[16] The imaging method used in this study migrates
scattered signals in the coda of teleseismic P waves recorded
by dense arrays of broadband seismographs to identify dis-
continuities in material properties within the subsurface
[Bostock et al., 2001; Shragge et al., 2001; Rondenay et al.,
2001]. It assumes that the scattered wavefield is generated
by volumetric perturbations in P- (da/a) and S-wave veloc-
ities (db/b) within a smoothly varying background velocity
model. Preprocessing of the raw data (total wavefield) to
isolate the scattered wavefield is critical to forming a high-
quality image. The following sections briefly describe the
data preprocessing algorithm and the imaging method used in
this study.

3.1. Preprocessing

[17] A multichannel approach similar to that of Bostock
and Rondenay [1999] is employed to isolate the scattered
wavefield from the total recorded wavefield. Such multi-
channel schemes are favored over single-station deconvolu-
tion because they provide a more robust estimate of the
incident wavefield and thus more stable deconvolved wave-
forms to higher frequencies. The approach involves the
following steps (see Rondenay et al. [2005] for details):
(1) transform recorded wavefield from N-E-Z to upgoing
P-SV-SH using the free-surface transfer matrix [Kennett,
1991]; (2) apply multichannel cross-correlation [VanDecar
and Crosson, 1990] to align the wavefield with respect to
the incident P wave; (3) obtain the incident wavefield from
the first principal component of the P wavefield; (4) decon-
volve the incident wavefield from each residual component
to produce an estimate of the normalized scattered wavefield.
[18] In this study, several improvements have been made to

the preprocessing workflow described above. First, the lon-
gest possible incident wavefield signals (up to �180 s) are
used to ensure that source-side scattering is included in the
estimate of the incident wavefield. Second, several iterations
over preprocessing steps 2 to 4 are performed to precisely
align the scattered wavefield relative to the incident P wave.
Last, in the deconvolution step, an optimal damping param-
eter (i.e., water level) is independently determined for each
station component – as opposed to using ad hoc, uniform
damping across all components. We chose the smallest
damping value such that unstable oscillation is restricted
below a prescribed energy threshold (in our case �0.01% of
the undamped energy). If this rather stringent criterion is not
met, then the damping is fixed at 5% of the peak in the source
wavelet’s power spectrum. This procedure reduces over-
damping and excessive low-pass filtering of the scattered
wavefield. In summary, these improvements yield an input
scattered signal that is better aligned along the incident
P wave and more stable than that obtained by the traditional
workflow of Rondenay et al. [2005].

3.2. Teleseismic Migration

[19] The teleseismic migration approach used here
assumes single scattering from 2-D line scatterers embedded
in a smoothly varying 1-D background model [Bostock et al.,

2001]. The approach is based on the Generalized Radon
Transform (GRT) and its inverse, and is thus commonly
referred to as the 2-D GRT inversion [Rondenay et al., 2005].
The inverse problem can be viewed as a weighted diffraction
stack over all sources and receivers that yields an estimate of
the scattering potential at a given point in the subsurface,
with the weights determined by the analogy between the
forward-scattering equation and the GRT [see, e.g., Miller
et al., 1987]. The scattering potential is then linearly inver-
ted for velocity perturbations at this point [Rondenay et al.,
2005]. The inverse problem is solved for all points in
model space to obtain a 2D image of velocity perturbations.
For a full theoretical derivation of the 2-D GRT inversion,
see Bostock et al. [2001].
[20] The 2-D GRT inversion operates on a series of indi-

vidual forward- and backscattered modes. The contribution
of each mode is inverted based on analytical expressions for
the traveltimes and amplitudes of the relevant combination of
incident and scattered waves [Rondenay et al., 2001]. In
particular, we consider the following scattering modes (see,
e.g., Rondenay et al. [2010] for the full list of modes): the
incident P-wave forward scattered as an S-wave (Pds); the
free-surface-reflected P-wave backscattered as a P-wave
(Ppdp); the free-surface-reflected P-wave backscattered as an
S-wave (Ppds); and the free-surface-reflected S-wave back-
scattered as an Sv-wave (Psds∣v) and Sh-wave (Psds∣h). The
various scattering modes are weighted based on the rationale
developed in Rondenay et al. [2001].
[21] The theoretical resolution of the 2D-GRT has been

extensively studied using synthetic and field data [Bostock
et al., 2001; Shragge et al., 2001; Rondenay et al., 2005,
2008; Rondenay, 2009], and has been shown to depend
largely on the frequency content of the scattered signal and
on the source/receiver distribution. The maximum volume
resolution is approximately equivalent to a quarter of the
wavelength of the scattered signal (for backscattered waves).
Given the high cut-off frequency of 0.5 Hz used in this study,
we expect a maximum volume resolution on the order of
2–3 km for structure in the lower crust and upper mantle.
[22] The robustness of the resulting images has been

shown to depend largely on the degree to which the geo-
metrical assumption of the technique are met in a given study
area [Rondenay et al., 2005]. For the western Hellenic sys-
tem, given the rapid transition in lithosphere composition
and convergence rates between the southern and northern
segments, we expect along-strike variations in subsurface
structure that may violate the 2-D assumption. The potential
effects of these variations on the resulting image will be
tested in section 6.2 by examining contributions from events
with different back-azimuths.

4. Data

[23] The data analyzed in this study were collected using
portable, three-component broadband seismometers from
the IRIS-PASSCAL instrument pool. The instruments were
deployed in two temporary arrays: a first array spanning
across southern Greece was operational from June 2006 to
October 2007 (SL); and a second array extending across
northern Greece was operational from November 2007 to
April 2009 (NL). Each temporary array was deployed roughly
perpendicular to the strike of the western Hellenic subduction
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zone in a fan-shaped pattern, as shown in Figure 1a. The
array geometry was chosen to provide dense station coverage
near the trench for maximum resolution at shallow depths
and a more diffuse cloud of stations further from the trench to
accommodate other types of seismic analyses (e.g., tomog-
raphy, surface waves dispersion, shear wave splitting).
[24] As in previous applications of 2-D GRT inversion, the

selection of useful events is done on the basis of the follow-
ing criteria [see, e.g., Rondenay et al., 2001, 2005; Suckale
et al., 2009]: (1) epicentral distance from the center of the
array between 30�–90�, to avoid mantle transition zone tri-
plications and the core shadow zone; (2) a magnitude (Ms,
Mb, or Mw) greater than 5.5; (3) an incident P wave arrival
that can be identified across the entire array; (4) no overlaps
with foreshocks or aftershocks; and (5) minimal contamina-
tion of the coda by secondary phases (e.g., PcP, PP). To avoid
biases in back-azimuthal coverage that could affect the
resulting image, we tighten the selection criteria for regions
that are seismically very active and thus return large numbers
of events – for example Indonesia. For such regions, we
apply the 2-D GRT to each event and include only the events
that yield consistent structure across each scattering mode
image. The combination of selection criteria and improved
preprocessing workflow (c.f., section 3.1) allowed the inclu-
sion of events from regions of sparse and relatively weak
seismicity, such as central Africa. As a result, we obtained
over 50 high-quality events with comprehensive back-
azimuthal distribution for both NL and SL arrays (Figure 1b;
Tables S1 and S2 of the auxiliary material).1

[25] A last measure of data selection and preprocessing is
implemented to account for the fact that stations from both
arrays were installed in small buildings such as churches and
monasteries, as described by Suckale et al. [2009]. This issue
is addressed by performing tight quality control on the data to
assure the removal of site-specific noise. Specifically, the
spectral content of the signal recorded at each station is
inspected for every selected event. Based on this information,
a unique filter that emphasizes body wave signal is designed
and applied to each station-event pair. Station-event pairs
that exhibit excessive noise within the body wave band are
excluded from the analysis. On average, this procedure leads
to the removal of 2 to 4 stations for each event, with no sig-
nificant loss in sampling density or aperture of the array.

5. A Priori Model Parameters

[26] The 2-D GRT inversion relies on the a priori knowl-
edge of two sets of model parameters: the 2-D regional strike

and the background velocity field. The 2-D regional
strike is the dominant azimuth of line-scatterers in the model
space. In the case of a subduction zone, it is often considered
to be the azimuth perpendicular to the line of the slab’s
steepest descent [see, e.g., Rondenay et al., 2010]. For a
cloud of stations, the 2-D strike may be found by pro-
ducing images along profiles of various azimuths and
determining the azimuth that yields the most focused signal
from the subducted crust. This exercise applied to both SL
and NL arrays yields an optimal 2-D strike of N30W � 10�,
meaning that the profiles will be computed along an azi-
muth of N60E (see Figure S1 of the auxiliary material for
details). We note that local estimates of the slab dip-direction
along the southern Peloponnesus derived from multiazimuth
analysis of receiver functions show counterclockwise devia-
tions from N60E by �20� [Gesret et al., 2011]. However,
these local deviations in dip-direction are unlikely to influ-
ence the SL image because the analyzed stations are >50 km
to the south of SL (see section 6.2), and show some evi-
dence for a rotation toward N60E from south to north (i.e.,
toward SL).
[27] An optimal background velocity model is determined

by identifying the 1-D P- and S-wave velocity model that
produces a consistent location of target structures (e.g.,
overriding Moho, subducted crust) between different scat-
tering modes. We start with a 1-D P wave model for SL and
NL derived by averaging P wave velocities from local
tomographic models beneath each line [Papazachos et al.,
1995; Papazachos and Nolet, 1997]. We then adjust the
1-D S-wave velocities in each model layer using realistic
values of Vp/Vs ratios until we obtain a consistent location of
the target structures between each scattering mode image (see
Figure S2 of the auxiliary material for details). This proce-
dure yields optimal 1-D velocity models for SL and NL that
are described in Tables 1 and 2, respectively.
[28] Uncertainty in the appearance of target structures,

beyond that related to the theoretical resolution of the 2-D
GRT (c.f., section 3), may also be caused by velocity het-
erogeneity and anisotropy not adequately represented by the
optimal background model [Rondenay et al., 2005]. While
such uncertainties are difficult to quantify, we can estimate
them by applying the 2-D GRT to both real data and synthetic
data computed with the RAYSUM package [Frederiksen and
Bostock, 2000] for a range of realistic Vp/Vs and anisotropic
parameters. The results of this test suggest that dis-
continuities in the composite image have a dip uncertainty of
<3� and a depth uncertainty of <4 km, and that a low-velocity
layer exhibiting typical velocity reduction for subducted

Table 1. Optimal 1D Background Velocity Model for SL
Imaginga

Layer Z (km) a (km/s) b (km/s) r (kg/m3)

1 20 6.2 3.6 2.6
2 40 6.8 3.8 2.8
3 60 7.6 4.2 3.0
4 - 8.0 4.5 3.2

aZ is the depth from the free surface to the bottom of the layer, a is P wave
velocity, b is S wave velocity, and r is density.

Table 2. Optimal 1D Background Velocity Model for NL
Imaginga

Layer
Z

(km)
a

(km/s)
b

(km/s)
r

(kg/m3)

1 20 6.0 3.4 2.6
2 40 6.8 3.8 2.8
3 60 7.7 4.3 3.0
4 - 8.0 4.5 3.2

aZ is the depth from the free surface to the bottom of the layer, a is P wave
velocity, b is S wave velocity, and r is density.1Auxiliary materials are available in the HTML. doi:10.1029/

2011JB009023.
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oceanic crust [Hacker and Abers, 2004] has a thickness
uncertainty of <4 km.

6. Results

[29] In this section, we describe the 2-D GRT images
obtained across the southern and northern segments of the
western Hellenic subduction zone. First, we show the com-
posite images beneath the SL and the NL arrays, which are
produced by simultaneous inversion of all selected events.
Then, we present images formed using a subset of events
from different back-azimuths to examine along-strike varia-
tions in lithospheric structure.

6.1. Composite Images

[30] The composite images for SL and NL are shown in
Figures 3 and 5, respectively. They are produced by simul-
taneously inverting all the events selected for each array
(Figure 1b; see Tables S1 and S2 of the auxiliary material),
using the profile orientations shown in Figure 1a and the
background velocity models from Tables 1 and 2. The ima-
ges show perturbations in either P- or S-wave velocity with
red representing a velocity reduction and blue a velocity
increase. The method is sensitive to velocity discontinuities,
which are identified by crossovers in the color scale, i.e., red-
to-blue indicating slow-to-fast and blue-to-red indicating
fast-to-slow velocity perturbations. In the remainder of this
paper, we will refer to discontinuities marking an increase/
decrease in velocity with depth as positive/negative discon-
tinuities, respectively.
[31] As in previous applications of the 2-D GRT, we will

focus our discussion on the S-velocity (db/b) profile, as db/b
images have been shown to be more robust than the da/a
images [Rondenay et al., 2001, 2005; Rondenay, 2009].
However, the da/a profiles are also shown as they help

support the identification of actual structures as opposed to
artifacts frommultiples, which are more prevalent in the db/b
images.
6.1.1. SL Composite Image
[32] The SL composite images show two prominent fea-

tures: a low velocity layer (LVL) dipping to the ENE from
�30 to 80 km depth, and a positive, sub-horizontal discon-
tinuity with an average depth of �35 km (Figure 3). These
structures are similar to those found by Suckale et al. [2009];
however, the improved resolution in this study allows us to
clarify several issues raised in that paper.
[33] The LVL dips at �17� with an average thickness

of �8 km (Figure 3), which is significantly thinner than the
15–20 km thickness reported in Suckale et al. [2009]. It
appears to change thickness abruptly at a depth of �40 km,
leading us to separate it into updip and downdip segments.
The updip segment (i.e., above 40 km depth) is characterized
by a greater average thickness of �12 km, a sharp upper
boundary, and some potential internal structure. Conversely,
the downdip segment (i.e., below 40 km depth) thickens
gradually from 7 km to 10 km with increasing depth and
is marked by a more diffuse upper boundary. The db/b
magnitudes along the top and bottom of the LVL are
approximately �10% and +10%, respectively. However, the
magnitude of these perturbations should be interpreted with
caution because of 1) the rather diffuse color crossovers
marking the upper and lower boundaries of the LVL, and 2)
the potential for amplification effects due to data sparseness –
an effect that has been documented in numerical and field
data examples [Rondenay et al., 2005; MacKenzie et al.,
2010].
[34] The signal marking the top of the LVL diminishes

rather abruptly at a depth of �80 km on both the da/a and
db/b composite images, while a faint signal from the base of
the LVL appears to continue to �125 km depth. We can

Figure 3. Composite images for SL showing (a, c) da/a and (b, d) db/b perturbations obtained by 2-D
GRT inversion. Figures 3c–3d show the same images as Figures 3a–3b but also include our structural inter-
pretations (black lines): the updip (UD) and downdip (DD) segments of the subducted crust, the location of
the thick subduction channel interface (SI), and the Moho of the overriding plate (SOM). Black triangles
denote the station locations along SL with 10:1 vertical exaggeration in elevation (i.e., negative depth).
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assess the robustness of the signal marking the base of the
LVL between 80 and 125 km by considering the contribu-
tions of the individual scattering modes to the final image
(Figure S2a of the auxiliary material). As was already noted
in the study of Suckale et al. [2009], this signal is strong on
all the individual modes but it does not necessarily stack
constructively because of LVL dip discrepancies between the
forward and backscattered modes (see Figure S2 and dis-
cussion in the auxiliary material). We note that when the
image is constructed using only the backscattered modes
(Figure 4), the base of the LVL produces a strong and robust
signal down to 125 km depth.
[35] The positive sub-horizontal discontinuity emerges

from near the separation between the updip and downdip
segments of the LVL (Figure 3) and is clearly observed at
�40 km depth beneath the Hellenides (XSL = 60 km). It
shallows rapidly to�34 km beneath the eastern Peloponnesus
(XSL = 150 km) then dips gently beneath eastern Greece to
attain a depth of �30 km beneath the Aegean coast (XSL =
250 km). The discontinuity exhibits an average db/b of
approximately +10% beneath the Hellenides and eastern
Greece. Its magnitude is more difficult to estimate in
the region adjacent to the LVL and beneath the eastern
Peloponnesus. The interpretation and implications of these
observations are discussed in section 7.1 and 7.3.
6.1.2. NL Images
[36] The NL composite images show two features similar

to those observed to the south: a low velocity layer (LVL)
dipping to the ENE from �30 to 70 km depth and a positive,
sub-horizontal discontinuity with an average depth of 40 km
(Figure 5).
[37] The LVL dips at approximately 17� and has an

apparent thickness that increases from 12 km to 20 km with
increasing depth (Figure 5). The base of the LVL is contin-
uous and clearly identified down to a depth of nearly 100 km,

Figure 4. (a) Composite images for SL showing db/b
obtained by 2-D GRT inversion of free-surface-reflected
phases only (i.e., Ppds, Psdsjv, and Psdsjh). (b) The same
image as Figure 4a but also includes the structural interpreta-
tions from Figures 3c and 3d plus the extension of the sub-
ducted Moho to�125 km depth (dotted line). Black triangles
denote the station locations along SL with 10:1 vertical
exaggeration in elevation (i.e., negative depth).

Figure 5. Composite images for NL showing (a, c) da/a and (b, d) db/b perturbations obtained by 2-D
GRT inversion. Figures 5c–5d show the same images as Figures 5a–5b but also include our structural inter-
pretations (black lines): the updip (UD) and downdip (DD) segments of the subducted crust, and the Moho
of the overriding plate (NOM). Black triangles denote the station locations along NL with 10:1 vertical
exaggeration in elevation (i.e., negative depth).
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with a consistent location in both the da/a and db/b images.
It exhibits an average db/b of +7% marked by a progressive
reduction in magnitude with increasing depth. Conversely,
the top boundary of the LVL exhibits different signatures
updip and downdip of�50 km depth, leading us to separate it
into two segments as was done for SL. The updip segment
(i.e., above 50 km depth) comprises a thinner basal LVL
(�12 km) overlain by several closely spaced discontinuities
of limited lateral extent, including a positive discontinuity
just above the basal LVL. This complex signature makes it
difficult to estimate a meaningful db/b magnitude. The
downdip segment, on the other hand, has a clear negative
discontinuity that marks the top of the LVL on both the da/a
and db/b images with a db/b of approximately �7%. Thus,
the downdip segment comprises a single 20 km-thick LVL
that disappears between 70 and 90 km depth, in a more
gradual fashion than its southern counterpart.
[38] The NL composite images also show a sub-horizontal

positive discontinuity that extends across the eastern part of
the profile (Figure 5). It appears at a depth of 44 km near the
LVL (XNL � 100 km) and shallows gradually to a depth of
35 km at the eastern edge of NL. The positive discontinuity
exhibits large lateral variations in db/b, with three regions
having magnitudes averaging +7% centered at XNL = 130,
230 and 280 km separated by two regions that lack signal
at XNL = 180 km and XNL = 260 km. The interpretation
and implications of these observations are discussed in
section 7.2 and 7.3.

6.2. Along-Strike Variations

[39] Along-strike variations in the subduction system
beneath NL and SL are investigated by generating images

with events from separate back-azimuthal bins, as shown in
Figures 6 and 7. Each back-azimuthal bin contains a signif-
icant number of events (>14) that illuminate the subsurface
from both updip and downdip directions. The different back-
azimuthal contributions allow us to isolate scattered waves
coming from the north of the profile (bin 1), from below the
profile (bin 2), and from the south of the profile (bin 3). In
general, obliquely incident waves such as those used in bins 1
and 3 strike the imaging target at a perpendicular offset
from the station array, and this offset becomes larger with
increasing target depth [Rondenay et al., 2005, 2010]. From
the results of Rondenay et al. [2005, Figure 5], the maximum
perpendicular offset of scattered waves contributing to the
bin 1 and bin 3 images is approximately 20 km for targets at
30 km depth, and 40 km for targets at 80 km depth. Thus, bin-
specific images provide a means of detecting along-strike
variations in the imaging target and testing how well the
geometric assumption of the 2-D GRT are met.
[40] Figure 6 shows the SL bin-specific images for da/a

and db/b. The thickness and position of the SL LVL are
remarkably consistent in both images. We also note that in
each bin-specific db/b image, the LVL exhibits the same
updip and downdip attributes as those observed in the com-
posite image (e.g., a thicker layer in the updip segment, see
section 6.1.1 and Figure 3). Close examination of the da/a
bin-specific image reveals a secondary LVL beneath the
primary LVL described in section 7.1.1, which increases
in amplitude from the NNW to the SSE (i.e., from bin 1 to
bin 3). This feature may be an artifact due to cross-mode
contamination, or may be related to along-strike variations
in the subduction system, something we discuss further in
section 7.3.

Figure 6. SL images of da/a (Figures 6a, 6c, 6e) and db/b (Figures 6b, 6d, 6f) perturbations obtained for
subsets of the data divided into back-azimuthal bins: (a, b) bin 1 uses events from NNW, (c, d) bin 2 uses
events fromWSW and ENE, and (e, f ) bin 3 uses events from SSE. Interpreted structural boundaries (black
lines) are the same as in Figure 3. The color scale varies between panels to take into account variations in the
number and the quality of events used to generate each image, something that can cause significant
amplitude variations when illumination is incomplete [see Rondenay et al., 2005].
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[41] Figure 7 shows the NL bin-specific images of da/a
and db/b. All of these bin-specific images show an updip
segment of the LVL that is remarkably consistent with the
composite image in Figure 5. The transition from updip to
downdip segments is observed in each bin-specific db/b
image at a depth of �50 km. However, the seismic signature
of the downdip segment varies significantly along strike with
a “braided” texture in the bin 3 image compared to the bin 1
and bin 2 images. Along strike variations in the structure of
the downdip segment explain its weaker amplitude in the
composite image and may be indicative of anisotropy within
the downdip segment, something that we discuss further in
section 7.2.

7. Discussion

[42] In this section, we discuss the tectonic and geody-
namic implications of our seismic images by focusing on
three main topics: the southern segment, the northern seg-
ment, and the slab structure between these two domains. To
aid the discussion, the composite images have been repro-
duced in Figure 8, along with profiles of local seismicity
within 25 km of each line.

7.1. Southern Segment

7.1.1. Nature of the Subducted Slab
[43] The SL composite image shows an �8 km thick LVL

with a dip of �17� extending into the upper mantle below
southern Greece (Figures 3 and 8b). To the west of our pro-
file, marine seismic data have shown that the oceanic crust
beneath the abyssal plain of the Ionian Sea consists of 5–8 km
of igneous crust [de Voogd et al., 1992; Finetti and Del Ben,
2005] overlain by 4–6 km of sediments [Kopf et al., 2003;
Finetti and Del Ben, 2005]. The similarity in thickness

between the LVL and the igneous crust entering the trench
strongly suggests that the LVL represents the continuation of
this subducted crust at depth, provided that most of the
sediments are scraped off before the crust reaches the mantle
wedge. Thus, the subducted lithosphere imaged beneath
the southern segment appears oceanic in nature. This inter-
pretation is in agreement with recent receiver function studies
that observe a 7 km-thick LVL with a �17� dip angle at
60 km depth beneath the southern Peloponnesus [Gesret
et al., 2010, 2011].
7.1.2. Extent and Duration of Subduction
[44] Based on the total length of the imaged subducted

crust and a trench location�100 km to the west of the profile,
we estimate that at least 250 km of oceanic lithosphere has
subducted beneath the southern segment (Figure 3). If we
assume that the subduction rate along the southern segment
has remained constant at the current rate of �35 mm/yr,
the deepest subducted crust beneath southern Greece would
have entered the trench �7 Ma ago. On the other hand, if
we consider a gradual increase in subduction rate from 5 to
12 mm/yr during the middle Miocene to 35 mm/yr at present
time, as suggested by Royden and Papanikolaou [2011],
the deepest subducted crust would have entered the trench
�10 Ma ago. These time constraints are consistent with the
proposed age of transition from continental to oceanic sub-
duction along the trench of the southern segment [Royden
and Papanikolaou, 2011] and suggest this transition may
currently be located near the termination of the SL subducted
crust at depth (see section 7.3 for further discussion of the
ocean-continent transition).
7.1.3. Subduction Interface
[45] As first noted in section 6.1, the seismic properties of

the subduction interface vary abruptly at a depth of �40 km,
corresponding approximately to its intersection with the

Figure 7. NL images of da/a (Figures 7a, 7c, 7e) and db/b (Figures 7b, 7d, 7f) perturbations obtained for
subsets of the data divided into back-azimuthal bins: (a, b) bin 1 uses events from NNW, (c, d) bin 2 uses
events fromWSW and ENE, and (e, f) bin 3 uses events from SSE. Interpreted structural boundaries (black
lines) are the same as in Figure 5. Note that the velocity perturbations are amplified due to the limited
illumination afforded by the subsets of data, but that the structures are still adequately resolved (see
Rondenay et al. [2005] for a complete discussion of these effects).
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overriding Moho. The updip segment appears to comprise
closely spaced discontinuities that run near, and parallel to,
the subduction interface, producing a thicker LVL (�12 km)
than in the lower segment (see region labeled SI in Figure 3).
This internal layering may be interpreted in one of two ways.
(1) The top boundary represents an inverted Moho resulting
from serpentinization of an overriding sliver of mantle
wedge, as was suggested to explain receiver functions in this
region by Sodoudi et al. [2006]. (2) The top layer represents a
sediment-filled subduction channel separating overlying
forearc crust from the subducted oceanic crust. In both these
cases, the lower, positive internal boundary would mark the
top of the actual subducted crust as illustrated in Figure 3.
The first option is unlikely given that gravity data [Royden,
1993; Tsokas and Hansen, 1997] and seismic velocities
[Papazachos and Nolet, 1997; Karagianni and Papazachos,
2007] show no evidence for mantle rocks extending in this
region beneath the western Hellenides (see Suckale et al.
[2009] for further discussion). The presence of subduction
channel sediments is thus the preferred explanation, as it can
explain both the observed negative discontinuity at the top of
the subducted crust and the sudden change in LVL thickness
at �40 km depth. The imaged velocity contrast (>10%) is

consistent with a transition from forearc crust above to sub-
ducted sediments below, with a potential contribution from
high pore fluid pressure, as has been recently suggested for
the Cascadia subduction zone [Abers et al., 2009; Audet
et al., 2009]. The sudden change in thickness can be
explained by the accretion of some of these sediments
underneath the overriding crust [see, e.g., Waschbusch and
Beaumont, 1996; Ellis et al., 1999; Beaumont et al., 1999],
a process that would be confined to depths shallower than
that of the overriding Moho, and/or by a sudden drop in fluid
pressures as the subduction interface transitions from over-
riding crust into the mantle wedge [see, e.g., Audet et al.,
2009]. The downdip segment (50–80 km depth) is marked
by a single, negative discontinuity yielding an LVL thickness
of 8 to 10 km. The region above the downdip segment has
been shown to have relatively low attenuation and heat flow
[Hashida et al., 1988; Fytikas and Kolios, 1979]. Based on a
comparison with thermal models, these geophysical obser-
vations suggest that a relatively cold (i.e., stagnant) portion of
the mantle wedge overlies the segment of the subduction
interface extending from 50 to 80 km [Wada and Wang,
2009; Syracuse et al., 2010].
7.1.4. Disappearance of the Subducted Crust at Depth
[46] As observed in Figure 3 (see also Figure S2 of the

auxiliary material), the seismic signal marking the top of the
subducted crust disappears abruptly at approximately 80 km
depth, while a faint signal attributable to the subducted Moho
remains visible to depths of �125 km. The loss of signal
from the top boundary is attributed to widespread dehydra-
tion of the upper crust’s basaltic layer as it undergoes eclo-
gitization, as has been documented in numerous subduction
zones using similar imaging techniques [Rondenay et al.,
2008; Abers et al., 2009; MacKenzie et al., 2010]. A rapid
increase in attenuation, conductivity, and heat flow has also
been observed above where the top of the subducted crust
disappears [Hashida et al., 1988; Fytikas and Kolios, 1979;
Galanopoulos et al., 2005], which suggests this region sits
within the circulating portion of the mantle wedge [Wada and
Wang, 2009; Syracuse et al., 2010]. Thermal and petrologic
modeling by van Keken et al. [2011] also predicts the rapid
dehydration of the Ionian slab’s upper crust at �80 km depth
while the lower gabbroic crust and upper slab mantle remain
hydrated to significantly greater depths (>200 km). This lat-
ter prediction explains why the signal of the subducted Moho
may persist (albeit faintly) down to at least 125 km depth.
7.1.5. Moho of the Overriding Plate
[47] The positive, sub-horizontal discontinuity imaged in

our SL profile at �35 km depth is interpreted as the Moho of
the overriding plate (Figure 3). It exhibits depth fluctuations
that are broadly consistent with isostatic compensation of
surface topography, in agreement with prior results obtained
by Suckale et al. [2009]. Thus, we refer the reader to that
paper for a detailed discussion of the structure of the over-
riding plate.

7.2. Northern Segment

7.2.1. Nature of the Subducted Slab
[48] The NL composite image shows a�20 km thick LVL

dipping at �17� within the upper mantle beneath northern
Greece (Figures 5 and 8a). Marine seismic data have shown
that the continental crust within the foreland consists of
�20 km of crystalline crust overlain by �8 km of sediments

Figure 8. Comparison between the composite db/b images
for (a) NL and (b) SL, with local seismicity within 25 km of
each line. Local event hypocenters (black dots) are from the
National Observatory of Athens Bulletin. We plot events that
occurred from June 2002 to January 2012 and had the follow-
ing specifications: (1) ML> = 3, (2) located using time picks
from at least 8 stations, and (3) located by groups of stations
with an azimuthal separation <150�. Dot size is proportional
to magnitude, with the smallest dots corresponding to ML = 3
and the largest dots to ML = 5.1. The black arrow above a)
shows where the extension of the Cephalonia transform fault
(CTF) intersects NL, as depicted in Figure 10.
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[Finetti and Del Ben, 2005]. The LVL is thus interpreted as
subducted continental crust, provided that �8 km of sedi-
ments are being scraped from the subducting slab and
accreted into the thrust belt of the overriding plate. Our
interpretation is in agreement with recent geodynamic mod-
els of continental subduction along the northern segment,
which suggest that �10 km of crustal material must be
removed from the continental lithosphere in order to achieve
a buoyancy that is sufficiently negative to match present-day
subduction rates of 5–8 mm/yr [Royden and Papanikolaou,
2011].
7.2.2. Extent and Duration of Subduction
[49] Based on the imaged extent of the subducted conti-

nental crust (Figure 5) and the trench location �50 km sea-
ward of the NL line [Moretti and Royden, 1988; Finetti and
Del Ben, 2005], we estimate that at least 220 km of conti-
nental lithosphere has subducted beneath the northern seg-
ment. Royden and Papanikolaou [2011] provide bounds on
the subduction rates along northern Greece since Late Eocene
to be 5–8 mm/yr from 0 to 5 Ma ago, 5–12 mm/yr from 5 to
20 Ma ago, and 25–35 mm/yr from 20 to 35 Ma ago. From
these estimates, the deepest subducted continental crust
would have entered the trench between 20 and 25 Ma ago.
This analysis suggests continuous subduction of continental
lithosphere along the northern segment since the early Mio-
cene, in general agreement with the record of subduction
inferred from the nappes of the external Hellenides along
NW Greece [van Hinsbergen et al., 2005; Papanikolaou,
2009].
7.2.3. Subduction Interface
[50] Having made the case for continental subduction

along the northern segment, we now look more closely at the
structure of the plate interface. First, we examine the updip
segment of the subducted crust, which comprises a �12 km
thick LVL overlain by several closely spaced discontinuities
(Figure 5). Local tomographic models show that the region
above the subducted continental crust observed in the db/b
image (Figure 5) has relatively low P- and S-velocities con-
sistent with accreted sediments [Papazachos and Nolet,
1997]. In this case, the subduction interface would not
manifest itself as a negative discontinuity (as was interpreted
for SL) but instead would be marked by a positive disconti-
nuity resulting from the velocity contrast between the sedi-
ments accreted to the overriding plate (above) and the
crystalline crust of the subducting continental slab (below).
Thus, we interpret the positive discontinuity above the
�12 km thick LVL (upper solid black line in the UD segment
of Figure 5) as the top of the subducted crystalline crust, an
interpretation consistent with both the thickness and position
of the crystalline crust observed in marine seismic data (see
sections 7.2.1 and Figure 9). The closely spaced dis-
continuities above the top of the subducted crust appear to be
of limited lateral extent and may reflect internal structure
within a broad subduction channel in which subducted sedi-
ments, and perhaps some crystalline crust, are being detached
from the slab and accreted to the overriding plate. Such broad
subduction channels are predicted by thermal-mechanical
models of retreating continental subduction boundaries [e.g.,
Warren et al., 2008] and may favor the subduction of the
entire crystalline crust into the mantle [De Franco et al.,
2008].

[51] The subduction interface of the downdip segment is
clearly marked by a single negative discontinuity, which we
attribute to the transition from mantle peridotites (above) to
crystalline continental crust (below). We note, however, that
the velocity contrast observed is weaker than that expected
for a peridotite to continental crust transition [Hacker et al.,
2003; Hacker, 2008]. This is due, at least in part, to the
along-strike variations of the NL subducted crust discussed
in section 6.2 (Figure 7), which leads to the defocusing of the
crust [Rondenay et al., 2005].
7.2.4. Disappearance of the Subducted Crust at Depth
[52] The seismic signal from the top of the subducted crust

disappears at a depth of �70 km, while the subducted Moho
persists to a depth of nearly 100 km. There are several pos-
sible explanations for the loss of seismic signal from the
subducted crust. First, it may be partially due to a loss in
image resolution in this depth range. Indeed, multiples from
the continental Moho appear to contaminate the da/a and
db/b images at �100 km and �80 km, respectively
(Figure 5). In addition, the dip of the subducting continental
slab may increase rapidly within this depth range due its
slower rate of rollback, as has been suggested by geodynamic
models [Royden and Husson, 2006, 2009]. This could cause
the lower part of the slab to dip too steeply to be resolved by
the 2-D GRT [see, e.g., Rondenay et al., 2005; MacKenzie
et al., 2010]. Second, the subducted crust may undergo
progressive dehydration via eclogitization, as has been sug-
gested for oceanic subduction zones [e.g., Rondenay et al.,
2008]. Progressive dehydration of subducting continental
lower crust has also been interpreted beneath the northern
Apennines based on receiver function images of an aniso-
tropic, low S-velocity layer at 45–65 km depth [Agostinetti
et al., 2011]. Furthermore, thermal-mechanical models pre-
dict a similar conversion of continental lower, and possibly
middle, crust to eclogite and/or coesite eclogite [Warren
et al., 2008], which have seismic velocities similar to those
of mantle peridotites and could thus explain the loss of seis-
mic signal [Hacker and Abers, 2004]. If slab dehydration is
occurring along the downdip segment, it appears to do so
without generating intermediate depth earthquakes (Figure 8a),
unlike oceanic subduction settings where such earthquakes
are commonly attributed to dehydration reactions [Hacker
et al., 2003]. Third, the termination of the downdip segment
could be the result of a slab tear – something we discuss
in section 7.3.
7.2.5. Moho of the Overriding Plate
[53] The positive, sub-horizontal discontinuity imaged in

our NL profile at�40 km depth is interpreted as the Moho of
the overriding plate (Figure 5). It gradually shallows from the
eastern edge of the Hellenides to the northern Aegean, in
qualitative agreement with previous studies [Marone et al.,
2003; Sodoudi et al., 2006]. However, the high-density
array used in this study reveals details of its structure that
exceed the resolution of previous studies. The strength of its
signal varies greatly as a function of location, with three
distinct high-amplitude regions separated by two regions
where no clear Moho signal exists. These variations may be
related to the complex tectonic evolution of northern Greece,
which has experienced the subduction and accretion of
alternating continental fragments and oceanic basins [van
Hinsbergen et al., 2005; Papanikolaou, 2009].
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7.3. Slab Geometry Along the WHSZ

[54] Understanding the variations in slab geometry from
the northern to the southern seismic profile can yield important
insight into how a single subduction system accommodates
a transition from continental to oceanic slab subduction.
Figure 9 shows an along-strike view of the mantle wedge
along the WHSZ constructed based on the interpreted struc-
tures from Figures 3 and 5, along with the foreland crustal
structure inferred from marine seismic data [Finetti et al.,

1991; Finetti and Del Ben, 2005]. The outlines depicted in
Figure 9b exhibit two interesting features: 1) the oceanic
subducted crust beneath SL appears to sit deeper than the
continental subducted crust beneath NL, and 2) the portions
of the slab beneath NL and SL have similar dips despite their
differences in crustal thickness. In the following, we discuss
the implications of these observations as they relate to dif-
ferential slab retreat, the flexural strength of the slab, and the
connection between the two imaged portions of the slab.

Figure 9. Comparison between the northern and southern slab geometry. (a) Map showing the common
coordinate system (XST) used to compare the NL and SL slab geometries, which is oriented along the opti-
mal projection lines of NL and SL (N60E, see black arrow) and has its origin at the intersection of SL and
the southern trench (solid black line at XST = 0). (b) Relative positions of the NL (gold) and SL (purple)
subducted crusts and overriding Mohos imaged in this study (solid), with connection to the approximate
location of the foreland crust inferred from surface seismic studies (beneath the unconnected black squares
in Figure 9a) [Finetti and Del Ben, 2005]. Unfilled subducted crust regions show interpolation between two
imaged structures. Also shown are the approximate trench locations along SL (purple T) and NL
(yellow T). (c) Same as Figure 9b, but with a landward horizontal displacement of 70 km (i.e., to the right,
as shown by the translation of the purple T) applied to the SL slab and overriding crust. Note that the x axis
in Figure 9c does not have geographical significance as we have not accounted for the absolute motion of
the northern segment.
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7.3.1. Differential Slab Retreat Between the Northern
and Southern Portions of the Slab
[55] The geometrical attributes of the WHSZ, as depicted

in Figure 9b, bear remarkable resemblance to the simple
model of differential retreat shown in Figure 2. To explore
this link further, quantitative estimates of differential retreat
are derived from Figure 9b and compared to the offset of the
WHSZ produced by the Cephalonia transform fault. We have
to make some simplifying assumptions to do this analysis,
namely that the trench of theWHSZ was originally linear and
that the slab maintained a constant dip at depths <100 km
after it segmented. These assumptions are reasonable given
that (1) geologic and GPS observations suggest recent (latest
Miocene to Pliocene time) segmentation of a previously
continuous thrust belt that extended along the WHSZ
[Reilinger et al., 2010; Royden and Papanikolaou, 2011];
and (2) our images show that the two slab segments currently
have similar dips despite their differences in crustal thickness
(see section 7.3.2). Using the subducted crust outlines in
Figure 9b, we calculate an additional 70–85 km of seaward
retreat for the southern portion of the slab compared to the
northern portion (see auxiliary material for further details).
This estimate of differential retreat is similar to the �100 km
offset produced by the Cephalonia transform fault. Thus our

seismic images provide evidence in support of segmentation
of the WHSZ through differential slab retreat.
7.3.2. Similar Geometries for the Northern and
Southern Portions of the Slab?
[56] The dip of the slab at shallow depths (�30 to 100 km)

is remarkably similar beneath the northern and southern
portions of theWHSZ (Figure 9c), despite their differences in
crustal thickness and buoyancy. Such lack of correlation
between slab dip and buoyancy has also been observed in
global compilations of oceanic subduction zone attributes
[e.g., Lallemand et al., 2005;Cruciani et al., 2005]. A variety
of mechanisms have been invoked to explain shallow slab
dip including flow associated with plate motions [Hager and
O’Connell, 1978]. Lallemand et al. [2005] find that slab dip
at shallow depths is globally correlated with the rates of
absolute motion of the subducting plate, the trench, and the
overriding plate. However, the WHSZ does not show a cor-
relation of these factors with slab dip; the trench and over-
riding plate motions vary greatly between the northern and
southern slab segments, while the shallow slab dip is
uniform.
[57] Other factors that may affect slab dip include buoy-

ancy and flexural slab strength (see subduction dynamics
review by Becker and Faccenna [2009] for discussion of
processes affecting slab dip and references). Royden and
Husson [2006] developed a dynamically consistent subduc-
tion model that accounts for a wide variety of subduction
processes with boundary conditions appropriate for the
WHSZ (see discussion in Royden and Papanikolaou [2011]).
Their models show that slab buoyancy strongly influences
trench retreat rates but does not greatly influence shallow slab
dip. They show instead that several other factors may play a
prominent role in determining slab dip at shallow depths.
These include the flexural slab strength (elastic or viscous)
and the thickness and density of the overriding plate and
accretionary prism.
[58] While a detailed analysis of these factors is beyond the

scope of this paper, there is independent evidence that the
slab’s flexural strength may be an important factor [Moretti
and Royden, 1988; Royden, 1993]. Gravity and flexure data
yield an elastic thickness estimate for the southern segment
of 70 km [Royden, 1993] and a lower limit of 20 km for the
northern segment, with larger values permissible provided
that flexure-inducing loads are correspondingly increased
[Moretti and Royden, 1988]. Royden and Husson [2006]
show that slabs with elastic thicknesses greater than �30 km
have shallow dips (<�20�) persisting to at least 70–80 km
depth, similar to what is seen in our images (Figure 9c).
Moreover, variations in elastic thicknesses over 30 km do not
greatly affect the retreat rate, which is instead dominated by
slab buoyancy and other factors cited above [see Royden and
Husson, 2006, Figure 10]. Thus, we propose that the two
portions of the WHSZ slab have different retreat rates
resulting primarily from their different buoyancies, while
they exhibit similar low dips at shallow depths because their
flexural rigidities are similar and large (i.e., �70 km). If this
inference is correct, it supports the assumption of constant
slab dip over time.
7.3.3. Transition From the Northern to the Southern
Portion of the Slab
[59] We now turn out attention to the possible links

between the northern and southern segments. First we

Figure 10. Map of Greece showing the location of deep
seismicity (>50 km) from the International Seismological
Centre (http://www.isc.ac.uk) catalog with reported depth
errors less than 10 km. We map events that occurred between
January 1964 to May 2006, using the following color code
for hypocenter depth: 50 km–100 km (yellow), 100 km–
150 km (red), and >150 km (purple). The two potential tear
locations discussed in the text are also shown: (1) the approx-
imate location of the Apulian escarpment (AE, ocean-conti-
nent transition) beneath southern Greece, as estimated from
the paleogeographic reconstruction of Royden and
Papanikolaou [2011], is denoted by a dashed brown line,
and (2) the Cephalonia transform fault (CTF) beneath
northern Greece is denoted by a dashed red line. The surface
projection of our two 2D-GRT profiles are denoted by thick
black lines (SL and NL).
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consider the case of a smooth, continuous ramp between the
two segments. The trench-parallel distance between the NL
and SL profiles is �270 km and the vertical offset between
the Moho of the subducted crusts within the upper mantle is
�10 km (Figure 9). Accordingly, a smooth ramp between the
Moho of the NL and SL subducted crusts would require a
slope of only �2� dipping to the SSE. Such a model is con-
sistent with the following constraints from previous investi-
gations: 1) the presence of a continuous, high-Q slab between
NL and SL [Konstantinou and Melis, 2008]; 2) the continuity
of the high-velocity anomaly in local tomographic models
beneath central Greece [Papazachos and Nolet, 1997]; 3) the
continuity of the slab Moho in the S receiver functions of
Sodoudi et al. [2006] (albeit at much greater depth beneath
northern Greece than our NL image); and 4) the slab depth of
�75 km beneath the western Gulf of Corinth inferred by Zelt
et al. [2005].
[60] Second, we explore the possibility that the northern

and southern portions of the slab are separated by a tear. We
consider the two possible tear locations that have been pro-
posed in the literature (see section 1): along the Cephalonia
transform or along the ocean-continent transition. The
Cephalonia transform is a possible candidate because its
extrapolation into northern Greece intersects the downdip
segment of the NL subducted crust at a depth of �70 km,
very close to where the low-velocity signal of the subducted
crust disappears (70–100 km depth; compare Figures 8 and
10). A tear along the ocean-continent transition is more dif-
ficult to reconcile with our seismic images. Indeed, while this
structure intersects the SL subducted crust at �80 km, a
signal attributable to the subducted Moho is observed well
beyond that depth, which would argue against tearing of the
slab in this region.
[61] To summarize, the simplest (and arguably best sup-

ported) form of transition between the northern and southern
portions of the slab is a smooth ramp – at least for the top
�100 km of the system. Nevertheless, a slab tear along the
Cephalonia transform fault cannot be ruled out, though the
disappearance of the subducted crust at �70–100 km depth
can be equally explained by eclogitization reactions (see
section 7.2.4). Future studies using additional imaging tech-
niques (e.g., receiver functions, local tomography, etc.) and
data from trench/arc-parallel receiver arrays [e.g., ‘THALES
WAS RIGHT’, Sachpazi et al., in prep.] should provide a
more detailed picture of the connection between the two
segments.

8. Concluding Remarks

[62] In this study, a 2-D GRT migration algorithm was
applied to teleseismic data collected by two arrays of
broadband seismographs to generate high-resolution seismic
images across the northern and southern segments of the
western Hellenic subduction zone. These images were used
to draw the following conclusions regarding the structure and
dynamics of a system that involves a transition from oceanic
to continental subduction:
[63] 1. Subducted crust is observed beneath both the

northern and southern segments of the WHSZ (Figures 3 and
5, respectively) and both segments have a similar strike of
approximately N30W +/� 10� and dip of approximately 17�.

[64] 2. The �8 km thick subducted crust beneath the
southern segment is interpreted as the oceanic crust of the
Ionian (Sea) lithosphere, provided that most of the overlying
sediments are scraped off before the crust reaches the mantle
wedge.
[65] 3. The �20 km thick subducted crust beneath the

northern segment is interpreted as the crystalline continental
crust of the Apulian lithosphere, which has a thickness and
position consistent with constraints on the foreland conti-
nental crust from marine seismic data, provided that �10 km
of overlying sediments have been accreted to the overriding
plate.
[66] 4. The offset between the SL and NL subducted crusts

implies 70–85 km of additional slab retreat along the south-
ern segment as compared to the northern segment, which is in
general agreement with the offset of �100 km along the
Cephalonia transform fault.
[67] 5. A smooth ramp between the two slab segments is

the simplest model for their connection in the top�100 km of
the system, as it only requires an arc-parallel slope of
approximately 2�. Nevertheless, based on our 2-D profiles
we cannot rule out a slab tear along the Cephalonia transform
fault or (for depths >100 km) the ocean-continent transition.
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