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ABSTRACT

Previous research has linked wintertime Arctic Oscillation (AO) variability to indices of Siberian snow

cover and upward wave activity flux in the preceding fall season. Here, daily data are used to examine the

surface and tropospheric processes that occur as the link between snow cover and upward forcing into the

stratosphere develops. October Eurasian mean snow cover is found to be significantly related to sea level

pressure (SLP) and to lower-stratosphere (100hPa) meridional heat flux. Analysis of daily SLP and 100-hPa

heat flux shows that in years with high October snow, the SLP is significantly higher from approximately

1 November to 15 December, and the 100-hPa heat flux is significantly increased with a two-week lag, from

approximately 15 November to 31 December. During November–December, there are periods with upward

wave activity flux extending coherently from the surface to the stratosphere, and these events occur nearly

twice as often in high snow years compared to low snow years. The vertical structure of these events is a

westward-tilting pattern of high eddy heights, with the largest normalized anomalies near the surface in the

same region as the snow and SLP changes. These results suggest that high SLP develops in response to the

snow cover and this higher pressure, in turn, provides part of the structure of a surface-to-stratosphere wave

activity flux event, thus making full events more likely. Implications for improved winter forecasts exist

through recognition of these precursor signals.

1. Introduction

Over the last few decades there has been signifi-

cant progress in our ability to predict tropical climate

variability on seasonal time scales based on the ocean–

atmosphere coupling associated with the El Ni~no–

Southern Oscillation (ENSO; Rasmusson and Carpenter

1982; Kim et al. 2012) and intraseasonal time scales

based on the Madden–Julian oscillation (MJO; Madden

and Julian 1994). The same rate of progress in predictive

skill and even in basic understanding is not evident for

extratropical climates especially in the winter season

(Quan et al. 2006; Delsole and Shukla 2006; Saha et al.

2006; Kumar et al. 2007; Cohen and Jones 2011a; Kim

et al. 2012). Understanding the mechanisms of winter

climate variability sufficiently well to produce consistently

accurate winter climate predictions on intraseasonal-to-

seasonal time scales would not only provide benefit for all

those with exposure to shorter-term weather risk, but

would also increase the public’s confidence in longer-term

projections related to climate change.

The Arctic Oscillation (AO) is the dominant mode

of atmospheric winter climate variability in the extra-

tropics (Thompson and Wallace 1998, 2001). The AO is

the first empirical orthogonal function of sea level pres-

sure (SLP) poleward of 208N and is a measure of the

meridional vacillations in the polar jet stream that conse-

quently governs temperatures and precipitation patterns

in the extratropical NH. Therefore, successfully predict-

ing the winter AO is considered the most important
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advance in winter seasonal prediction (Cohen and Jones

2011a).

Seasonal predictability of the AO remains a challenge

as it is considered unpredictable beyond a week or so

(Feldstein 2002) and may in part explain why prediction

models on intraseasonal-to-seasonal time scales have

large errors. However, recent studies suggest enhanced

predictability of the tropospheric AO is possible through

monitoring changes in more slowly varying boundary

conditions. Variability in the extratropical stratospheric

circulation has been shown to lead variability in the tro-

posphere, with the same-signed phase of the AO favored

for up to twomonths in the troposphere following a strong

stratospheric AO event (e.g., Baldwin and Dunkerton

2001; Christiansen 2005). Furthermore, internal variability

of the wintertime extratropical stratosphere is ultimately

forced by upward-propagating tropospheric waves gener-

ated through either topography or preferential synoptic-

scale patterns (Charney and Drazin 1961; Matsuno 1970).

Seasonal variability in the AO also has relationships

withArctic sea ice variability (e.g., Liu et al. 2004, 2012;

Honda et al. 2009), ENSO (Ineson and Scaife 2009;

Garfinkel et al. 2010), North Atlantic sea surface tem-

peratures (Keeley et al. 2009; Folland et al. 2012), the

quasi-biennial oscillation (QBO; Pascoe et al. 2006),

volcanic eruptions (Stenchikov et al. 2006; Marshall et al.

2009), and stratospheric water vapor (Joshi et al. 2006).

Our focus is on the possible dynamical relationship

between October snow cover extent (SCE) and the

boreal winter AO as first demonstrated in Cohen and

Entekhabi (1999). Cohen and Jones (2011a) developed

a new index not based on the monthly extent of snow

cover but rather on the rate of advance of snow cover

south of 608N that is even more highly correlated with

the winter AO (r; 0.8) referred to as the snow advance

index (SAI). Using reanalysis datasets, Peings et al.

(2013) corroborated the high correlation between the

SAI and the winter AO since the 1970s but earlier in

the century they found the correlation to be much lower

and, therefore, they argue that the relationship is non-

stationary. They suggest that changes in the QBO be-

tween the two time periods may explain the change in

the snow–AO relationship. Another explanation for

the change in the snow–AO relationship could be re-

lated to the climate shift around 1976 (Christiansen 2003).

These potential multidecadal changes in the relation-

ship between fall snow cover and the winter AO re-

quire further study.

Even though the dynamical models cannot accurately

predict the phase and amplitude of the AO (Cohen et al.

2005; Hoskins 2013), or the observed relationship be-

tween fall snow cover and the winter AO (e.g., Hardiman

et al. 2008) possibly due to problems capturing the

observed climatological stationary wave pattern (Smith

et al. 2011), still a few climate models forced with pre-

scribed snow cover have simulated the AO response to

snow cover anomalies similar to what is observed, es-

pecially when forced with realistic snow cover (Allen

and Zender 2011) and stratospheric variability (Peings

et al. 2012).

Applying the demonstrated relationship between au-

tumn SCE and the winter AO, a statistical model that

uses October SCE and autumn NH SLP patterns as

the two main predictors has been developed and shown

to outperform most dynamical models in both hind-

casts and forecasts of NH winter surface temperatures

(Cohen and Fletcher 2007). Cohen et al. (2007) propose

a chain of events by which the variability of Eurasian

snow cover in October forces the phase of the winter

AO: the rapid (slow) advance of snow cover leads to

a strengthened (weakened) Siberian high, an increased

(decreased) poleward heat flux, polar stratospheric

warming (cooling), downward propagation of the as-

sociated circulation anomalies, and a negative (posi-

tive) AO in the lower troposphere. This snow–AO cycle

can be summarized as a troposphere–stratosphere–

troposphere coupling. More broadly, the troposphere–

stratosphere part can be thought of as the vertical wave

activity flux over the region being sensitive to surface

conditions during a climatologically sensitive period.

The downward part of this mechanism, the stratosphere–

troposphere coupling component, has been previously

analyzed (see Cohen et al. 2007) and has been shown to

be coherent in time. However, the space–time evolu-

tion of the initial upward part of this mechanism, the

troposphere–stratosphere coupling component where

snow cover variability forces a Siberian high response

and subsequently impacts the poleward heat flux, has

not yet been considered in detail. An initial result is

a modeling experiment forced with high and low snow

cover (Fletcher et al. 2009), which found that the isen-

tropes ‘‘dome’’ in the high snow cover experiments; based

on the conservation of potential vorticity, this should

produce an upstream high surface pressure center.

Part of the incomplete understanding of the mecha-

nism that connects October snow cover variability to the

stratosphere is the issue of the time delay between the

snow cover forcing in October and the atmospheric re-

sponse in December and January. Smith et al. (2011)

argue that the Rossby wave train associated withOctober

snow cover variability does not constructively interfere

with the climatological wave until December. However,

they do not show how the signal persists from October

to December and where the signal resides.

Here we focus on the upward part of the proposed

troposphere–stratosphere–troposphere relationship, using

15 JULY 2014 COHEN ET AL . 5423



daily data to examine the spatial evolution of the at-

mospheric response to snow cover and the subsequent

development of wave activity flux throughout the tro-

posphere and into the stratosphere. We first document

the development of the lagged relationships between

snow cover, sea level pressures, and heat flux into the

lower stratosphere and then examine the vertical struc-

ture of the wave activity flux anomalies that link the

surface changes to the heat flux entering the stratosphere.

2. Data and methods

Observational atmospheric data originate from the Na-

tional Aeronautics and Space Administration (NASA)’s

Modern-Era Retrospective Analysis for Research and

Applications (MERRA; Rienecker et al. 2011). The data

are on a 1.258 3 1.258 longitude–latitude global grid and

extend vertically on pressure levels up into the lower

mesosphere. For our analyses, we focus on data below

10 hPa. Both daily- and monthly-mean fields are used,

and anomalies are calculated by removing the long-

term daily and monthly means from the fields, respec-

tively. Primary variables for our analysis include SLP,

temperature, geopotential height, and winds. The pe-

riod for analysis is 1979–2011 (including atmospheric

variables for winter 2011/12). SCE data are derived from

the Rutgers Global Snow Laboratory. The data are a

merged product of map reanalyses and satellite-derived

measurements of snow cover over the Northern Hemi-

sphere (Robinson et al. 1993).Monthly-mean SCE values

are regridded onto an 89 3 89 grid. The record extends

from 1967 to the present, but only values from 1979 to

2011 are considered for the study. (The data are available

from Rutgers: http://climate.rutgers.edu/snowcover/index.

php.) All data were detrended prior to linear analysis.

Three indices are used as reference for different

composites and regressions in the paper:

1) October Eurasian SCE: The October mean Eurasian

SCE index is formed by calculating the monthly-

mean area of snow-covered grid points for the Eastern

Hemisphere (between 08 and 1808 latitude) from

satellite-derived measurements (methodology de-

scribed in Robinson et al. 1993) during October. We

then chose the 15 highest and lowest monthly-mean

snow cover extent years listed in Table 1. The years

chosen were not sensitive to trends in the snow cover

time series.

2) Siberian high variability:We constructed a daily time

series of SLP for each grid point within a domain

in central Eurasia (Fig. 1) and area weighed the SLP

value to create an area-averaged mean SLP index. As

such, this index reflects the strength of the Siberian

high on a particular day, with higher values indicating

a stronger Siberian high. We varied the domain by

contracting and expanding the size of the box by 58
in each direction simultaneously and individually

in each direction. Our results are insensitive to the

choice of domain.

3) Meridional heat flux variability: To measure the

variability of the lower stratospheric meridional heat

flux over the extratropics, we calculated the anoma-

lous daily 100-hPa meridional heat flux. The daily

heat flux is calculated from the deviation from the

zonal mean of the meridional component of the wind

times the deviation from the zonal-mean tempera-

ture (see Fig. 6). The daily values are then time

averaged for the month of December (see Fig. 4)

denoted by an overbar and/or are area averaged

between 408 and 808N denoted by a bracket (see

Figs. 4 and 5, respectively). Not only does this metric

describe poleward heat flux, but it also represents

upwelling tropospheric wave energy into the lower

stratosphere (e.g., Eliassen and Palm 1961).

Finally we test the statistical significance of the mean

difference in the mean SLP and 100-hPa poleward heat

flux fields between the 15 high and low snow cover

years (as shown by the thicker black lines in Fig. 5)

using Monte Carlo simulations with 107 random samples.

First, 104 random combinations of 15 years were used

to produce composites of November through February

SLP and poleward heat flux signals. For each of these

combinations, 50 time windows between 10 and 90 days

were randomly chosen. A ‘‘sliding window’’ approach

was then used 20 times (for each 15-yr composite of

high and low SCE and each window length) to randomly

select a period during winter (November–February) for

which to calculate mean SLP or poleward heat flux. In

this way, the significance test made no a priori assumption

TABLE 1. Years used to composite for both high and low October

Eurasian snow cover extent.

High snow cover years Low snow cover years

1982 1979

1984 1980

1985 1981

1993 1983

1995 1986

1996 1987

1998 1988

1999 1989

2000 1990

2001 1991

2002 1992

2003 1994

2004 1997

2006 2007

2009 2008
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about when we expect an anomaly to occur and also

considered anomalies of varying persistence. This ap-

proach gave 107 mean values that were then used to

produce a cumulative distribution function.

3. Results

Through observational analysis we will show that the

forcing, or at least the leading indicators, reside in the

land surface boundary and the lower troposphere starting

in October and can be followed through the atmosphere

continuously in time until the midwinter atmospheric

circulation response; therefore, completing the snow–

AO loop and filling the time span from October to

January for the troposphere–stratosphere–troposphere

mechanism discussed in the introduction.

a. Snow cover variability

In Fig. 2 we show the monthly-mean snow cover ex-

tent for both October and November as well as the as-

sociated variance. In October the snow cover makes

great advances across Eurasia mostly poleward of 608N.

The variability in October is centered on the 60th par-

allel and extends from around 458 to 708N. In November

the snow cover advances farther to the south and west

across Eurasia mostly equatorward of 608N. The vari-

ability in November is centered on the 45th parallel

and extends from around 408 to 608N.

b. Polar cap and troposphere–stratosphere–troposphere
coupling

Figure 3 shows the correlation between October Eur-

asian snow cover and area-averaged geopotential height

anomalies poleward of 608N [i.e., polar cap heights

(PCH)]. Similar analysis was shown in Cohen et al.

(2007) and Smith et al. (2011), but an updated version is

presented here. The strongest atmospheric response to

snow cover variability does not occur in the autumn

but rather at the end of December through mid- to late

January. Also the main response does first appear in

the stratosphere with the positive correlations that peak

in the stratosphere in January extending all the way to

the surface consistent with previous studies (Baldwin

and Dunkerton 1999, 2001). Earlier there are positive

correlations in the troposphere only, mostly from mid-

October through the end of November. Positive cor-

relations reflect that high snow cover is associated with

positive PCH and consequently warmer Arctic tem-

peratures, a weakened polar vortex, and the negative

phase of the AO.

c. Snow and SLP link

Figure 3 suggests that heights are increased (decreased)

in the high-latitude troposphere during November fol-

lowing high (low) Eurasian snow cover extent during

October. To visualize the spatial pattern in lower-

tropospheric height anomalies, Fig. 4 shows the regres-

sion of SLP anomalies onto the October Eurasian snow

cover index (contours). A tripole SLP pattern emerges

with positive SLP anomalies across northwest Asia and

negative SLP anomalies in the North Pacific and the

North Atlantic. To place this pattern in context with

connections to the stratosphere, the shaded contours in

Fig. 4 illustrate the regression of November SLP anom-

alies with the December 100-hPa meridional heat flux

index. The SLP–heat flux pattern resembles a wave-2

FIG. 1. Domains used to calculate snow cover extent and Siberian high strength metric. The outer domain is used

to calculate October monthly-mean SCE. The inner domain was used to compute the mean SLP signals shown in

Fig. 5a. The inner domain is 458–708N, 408–858E. Shading represents the orography in meters.
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SLP pattern, with anomalously strong poleward heat

flux anomalies associated with low pressure anomalies in

the northern ocean basins and high pressure anomalies

over the northern continents, particularly with the dom-

inant high pressure anomaly center across northwestern

Eurasia. This SLP–heat flux pattern resembles the pre-

ferred tropospheric precursor pattern to major sudden

stratospheric warmings (Garfinkel et al. 2010; Kolstad

and Charlton-Perez 2011; Kolstad et al. 2010; Cohen and

Jones 2011b). Therefore, the superposition of the line

FIG. 2. (a) Mean SCE (%) for October; (b) standard deviation (%) of October SCE; and (c),(d) as in (a),(b),

but for November.

FIG. 3. Correlation of October monthly-mean Eurasian SCE and daily PCH from 1 Oct to

31Mar. Thick black lines denote regression coefficients significant at the p, 0.1 level based on

a two-tailed Student’s t test.
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and shaded contours in Fig. 4 suggests that the lower-

tropospheric circulation anomalies constructively pro-

ject onto the lower-tropospheric precursor pattern to

enhanced vertical wave propagation and polar vortex

disruption in the following winter. Indeed, the pattern

correlation of the two regression patterns between 408
and 808N (a key region for vertical wave propagation;

see Fig. 6) is 0.93.

To further demonstrate the relationship between

October snow cover variability and changes in the lower-

tropospheric height fields and its persistence, we plot

in Fig. 5a the composite mean Siberian high index (see

section 2) for the top 15 (red curve) and bottom 15 (blue

curve) years of October Eurasian SCE. Interestingly,

during October, lower pressure is more prevalent in the

region during high SCE years than low SCE years, likely

indicating a higher frequency of synoptic low pressure

systems dropping snow across the region. Once the snow

cover is present, a rapid transition takes place from

low to high pressure during early November. Extensive

October Eurasian SCE favors more expansive high

pressure in that region throughout November and the

first half of December than for low October Eurasian

SCE. The composite mean difference from November

to early December (4.3 hPa) is significantly different

based on a Monte Carlo significance test (p , 0.05).

This significant difference in the pressure field between

high and low snow cover years illustrates the importance

of the Eurasian SCE in maintaining the Eurasian high

pressure anomaly, which is related to lower-stratospheric

poleward heat flux in early winter (e.g., Fig. 4). The initial

atmospheric response to Eurasian SCE variability is the

strengthening or weakening of the westward expansion

of the Siberian high in the mean for a six-week period.

This length of time is much longer than would be ex-

pected from synoptic-scale variability alone and in

part temporally bridges the gap from October to mid-

December in snow–atmosphere coupling.

d. Snow and heat flux link

Both the rapid advance of Eurasian snow cover and

the building of high pressure across northwestern Asia

have been linked with an increase in poleward heat flux

that results in stratospheric warmings (Cohen et al. 2007;

Cohen and Jones 2011b). In Fig. 5b, we plot the area-

averaged (408–808N) heat flux at 100 hPa for the same

high and low October Eurasian SCE years as in Fig. 5a.

The zonal belt 408–808N is chosen for this analysis since

this is the region where the highest variance in December

meridional heat flux at 100 hPa occurs (Fig. 6), with an

absolute maximum in variance seen over far northeast

Siberia. When October Eurasian SCE is high, the mean

poleward lower-stratospheric heat flux is significantly

greater from mid-November through December than

during low SCE years based onMonte Carlo simulations

(composite mean difference is 9.9Km s21; p , 0.05),

illustrating that the NH stratospheric polar vortex is

more likely to be disturbed in winters following high

October Eurasian SCE than low October Eurasian SCE

(e.g., Polvani and Waugh 2004). This weakened polar

vortex would lead to higher PCH first in the stratosphere

and then in the troposphere, as shown in Fig. 2. Hence,

the results of Fig. 5 together with Fig. 3 present a phys-

ical basis for the continuum in time of the six-step mech-

anism described in Cohen et al. (2007).

Interestingly, following the initiation of the main pulses

of poleward heat flux that result in a stratospheric warm-

ing, no preference is seen for high pressure over north-

west Eurasia during high SCE years, likely indicating

that the high pressure anomaly center shifts to the pole

as expected during the negative phase of the AO. How-

ever, there does appear to be a tendency for higher

pressure over Eurasia in January for low SCE years

(Fig. 5a), but without a corresponding significant dif-

ference in heat fluxes during January from high SCE

years (Fig. 5b).

To consider how the surface SLP signal is linked to

the stratosphere, we examine the vertical structure of

the height field. We consider events when two criteria

are both met during November–December, based on

daily data: 1) the vertical component of the wave ac-

tivity flux (WAF), which is proportional to the merid-

ional heat flux (Plumb 1985) is positive at all levels in

FIG. 4. Regression of November SLP anomalies (hPa) onto

October monthly-mean Eurasian SCE (contouring) and onto De-

cember meridional heat flux anomalies at 100 hPa, averaged be-

tween 408 and 808N (shading). Pattern correlation between the two

regression maps (between 408 and 808N) is 0.93.
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the troposphere; and 2) SLP is high, based on the Sibe-

rian high variability index described in section 2. That

is, we are looking at coherent upward WAF events oc-

curring during surface conditions that are favored in

high October SCE years. Figure 7a shows the climato-

logical November–December eddy heights (zonal mean

removed and scaled by the square root of density) for the

latitude band 408–808N, and Fig. 7b shows the same eddy

heights but composited only for those days when the

upward WAF was positive and the SLP was high. The

climatological eddy heights primarily reflect the jet-

level, global wavenumber-2 pattern. During the upward

WAF-high SLP events, the area of jet-level positive eddy

heights between 08 and 608E expands and extends down

to the surface in western Siberia, with an overall west-

ward tilt with height, consistent with the upward flux of

negative momentum. As Fig. 7b illustrates, this feature is

quite prominent in the entire hemispheric pattern—these

are very large-scale events. The upward WAF–high SLP

events occur twice as often during high October SCE

years compared to low October SCE years, further es-

tablishing a close link between Eurasian snow cover and

the resulting troposphere–stratosphere link.

Figure 8 is a reproduction of Fig. 7b but with the

composite of standardized heights rather than the full

field, thus illustrating the structure of the geopotential

height field relative to its variance. This figure shows

that the strongest signal occurs throughout the tropo-

sphere, highlighting the connection of the WAF–SLP

events to lower-tropospheric processes. Hence, our

analysis of geopotential heights for upward WAF–high

SLP events shows a clear dynamical link through the

troposphere between the surface and the lower strato-

sphere that is strongly related to antecedent snow

FIG. 5. (a) Mean SLP values and (b) positive heat flux events at 100 hPa for high October

snow cover (red) and lowOctober snow cover (blue) seasons from 1Oct to 28 Feb. Also shown

is themean value from 1Nov to 15Dec in (a) and from 15Nov to 31Dec in (b) for both high and

low snow cover means (black lines).
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conditions and is prominent in terms of the entire hemi-

spheric pattern.

4. Conclusions

Previous studies by the authors and others established

links between October Eurasian SCE variability and

variability of the annular mode during the winter. How-

ever, a fundamental understanding of the long time lag

(October–January) and the mechanism by which snow

influences stratosphere–troposphere coupling has been

lacking. The results presented in this article offer evi-

dence of the immediate dynamical atmospheric response

to snow cover variability, which further gives the novel

result that both the near-surface and deep atmospheric

responses have multiweek time scales far in excess of

typical midlatitude values, suggesting the possibility of

extratropical intraseasonal prediction.

The results presented in this study further support

the six-step mechanism suggested by Cohen et al. (2007)

between October Eurasian snow cover and the result-

ing boreal winter NH atmospheric variability. Obser-

vational analysis shows that high SCE in October

across Eurasia favors the building of high SLP across

northern Eurasia in the following six weeks from early

November through mid-December (Figs. 3, 4, and 5a).

Concomitantly, low pressure is favored in the northern

Atlantic and Pacific Ocean basins forming a tripole

SLP pattern that preferentially favors enhanced verti-

cal wave propagation, particularly across eastern Eur-

asia and the North Pacific. With a two-week lag,

poleward heat flux is enhanced in the lower strato-

sphere from mid-November through the end of De-

cember (Fig. 5b). Increased heat flux into the polar

vortex over this time weakens the stratospheric polar

vortex and may even cause a sudden stratospheric

warming. The circulation anomalies associated with

a stratospheric warming—high pressure over the pole,

a weakening of the stratospheric westerly jet, and in-

creased meridional flow—descend into the tropo-

sphere thereafter. These conditions are characteristic

of the negative phase of the AO, high-latitude anticy-

clonic blocking, and an increased tendency toward se-

vere winter weather across Eurasia and eastern North

America.

The winter atmospheric circulation is driven by inter-

nal, external (e.g., solar, volcanoes) and coupled variability

FIG. 6. Variance in daily December meridional heat flux anomalies

[(Kms21)2] at 100 hPa.

FIG. 7. (a) Climatological eddy height (m; zonal mean removed) averaged over 408–808N. (b) Eddy height (m) for

high SLP poleward heat flux events over Siberia, averaged over 408–808N. The zonal mean has been removed but

not the daily climatology; that is, this is the total geostrophic forcing of poleward heat flux. In (a) and (b) values are

scaled by the square root of density and shaded every 50m where red denotes positive values and blue denotes

negative values.
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with boundary conditions (e.g., tropical and extratropical

sea surface temperatures, sea ice, and land surface hy-

drology). Our analysis has focused on just one boundary

condition: terrestrial snow cover. The results presented

suggest that a greater understanding of high-latitude

land surface–atmosphere coupling may be exploited

for improved boreal winter seasonal predictability and

even longer-term climate change. Societal benefits from

more accurate intraseasonal weather predictions are

likely as governments and private entities can mitigate

risk to anticipated severe winter weather. Also a better

understanding of the feedback between a warmingArctic

and more extreme weather will also educate society on

the risks of longer-term climate change.

Three immediate avenues for future work exist from

this study. One involves exploiting the intraseasonal (i.e.,

monthly) forecast benefits of this work. Recognition of

the precursor patterns highlighted in this work (e.g.,

Figs. 3, 4, and 7b) offers opportunities to understand

changes in storm tracks and vertical wave propagation,

which may have implications for tropospheric condi-

tions later. This recognition can also be used as a metric

for assessing the performance of dynamical models used

for intraseasonal and seasonal forecasts. Second, this

work highlights how changes in surface land conditions

(in this case, snow cover) impacts lower-tropospheric

circulation patterns locally and remotely, and how these

changes can extend throughout the troposphere. The

current framework of snow–AO forcing may hold be-

cause the preferred tropospheric pattern constructively

interferes with the climatological NH wave pattern

(Fig. 4) and hence aids in enhancing vertical wave

propagation (e.g., Smith andKushner 2012). Sensitivity

studies on the location and timing of snow cover ad-

vances may prove useful to understand further the

coupling between the cryosphere and the atmosphere

and those implications on weather and climate.

Third, observational studies can be used to diagnose

dynamical models. Free running or control runs from

GCMs in general lack the snow–AO relationship found in

the observations (Hardiman et al. 2008; Riddle et al.

2013). However, models with forced or prescribed snow

cover do simulate the observed snow–AO relationship

(Gong et al. 2003; Fletcher et al. 2009; Peings et al. 2012).

Furthermore Allen and Zender (2011) were able to

simulate in a GCM recent decadal trends in the AO

only when the model was forced with observed snow

cover. Ongoing comparisons between modeling and ob-

servational studies will help us to better understand the

robustness of the snow–AO relationship and ultimately

will lead to advancements in model simulations of

troposphere–stratosphere coupling that may include

snow cover. Such improvements could potenitally lead

to skillful model predictions of theAO, which currently

do not exist (Hoskins 2013).
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