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ABSTRACT

This dissertation contributes to the search for a cause of glacial/interglacial variations in
atmospheric carbon dioxide. The hypotheses addressed involve changes in low and high-
latitude biological export production.

A modeliing exercise demonstrates that the paleoceanographic record of calcite preservation
places constraints on hypothesized changes in low latitude biological production. The
model results indicate that large, production-driven changes in the depth of the calcite
saturation horizon during the last ice age would have caused a similar deepening of the
calcite lysocline, even when the effect of sediment respiration-driven dissolution is
considered. Such a large glacial lysocline deepening is not evident on an ocean-average
basis. The results indicate very few mechanisms by which low latitude production could
have driven Pleisotocene carbon dioxide variations, generally arguing against a low latitude
cause for these variations.

The use of N isotopes as a paleoceanographic proxy for nitrate utilization in Southern
Ocean was investigated. In order to examine the generation of the link between nitrate
utilization and N isotopes in the surface ocean, the isotopic composition of nitrate was
studied. The first step in this work was the development of a new method to measure the
isotopic composition of nitrate which is amenable to the generation of large, precise data
sets. Results from the Southern Ocean demonstrate that the Antarctic and Subantarctic
represent distinct regimes of N isotope dynamics. The findings support the usc of N
isotopes as a proxy for nitrate utilization in the Antarctic.

A study of diatom microfossil-bound N in sediments suggests that this N is native to the
diatoms, that it is invulnerable to early diagenesis, and that its isotopic compositon varies
with that of the sinking flux. Paleoceanographic records of diatom-bound N isotopic
composition corroborate the conclusion, previously based on bulk sediment isotopic data,



that nitrate utilization was elevated in the glacial Antarctic, representing a major cause of
lower glacial atmospheric carbon dioxide levels.

Thesis Supervisor: Daniel C. McCorkle
Title: Associate Scientist with Tenure, Woods Hole Oceanographic Institution
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Chapter 1:

Thesis Introduction

This thesis describes four separate research efforts. Chapter 2, “The calcife
lysocline as a constraint on glaciai/interglacial low latitude production changes”, describes
the use of an ocean carbon cycle model to constrain hypotheses regarding the cause of
glacial/interglacial atmospheric CO, variations, focusing on the calcium carbonate cycle.
Chapter 3, “Natural-abundance level measurement of the Nitrogen isotopic composition of
oceanic nitrate: an adaptation of the ammonia diffusion method,” describes the deveiopment
of a new method for the extraction and isotopic analysis of oceanic nitrate. Chapter 4, “The
Nitrogen isotopic composition of nitrate in the Southern Ocean”, describes the application
of this new method to investigate the Nitrogen isotopic composition of nitrate in that
region. Chapter 5, “The isotopic composition of diatom microfossil-bound organic
Nitrogen in Southern Ocean sediments”, describes the use of this sedimentary N fraction to
overcome the problems associated with diagenesis in paleoceanographic N isotope studies
of the Southern Ocean.

These chapters are unified by the goal of providing an explanation for
glacial/interglacial variations in atmospheric CO,. Measurements of the gas composition in
air bubbles from ice cores have shown that the partial pressure of atmospheric CO, was
~80 ppm lower at the peak of the last ice age, a change of almost one-third of its
preindustrial corcentration (Berner et al., 1979; Delmas et al., 1980; Neftel et al., 1982).
The link between atmospheric CO, and glacial cycles is also observed in previous
interglacials and glacial periods (Barnola et al., 1987). Since CO, is an important
greenhouse gas, the glacial/interglacial variation of atmospheric CO, is a key example of the
interaction of geochemical cycles with climate. Nevertheless, the cause of the CO,

variations is not understood.
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Broecker (1981, 1982) first pointed out that atmospheric CO, changes must have
had their origin in the ocean, since most of the inorganic carbon in the
hydrosphere/biosphere system resides in the ocean, and surface ocean pCO, controls
atmospheric CO, on the time scale of 21 ky. Broecker noted that glacial/interglacial changes
in surface ocean temperature are too small to explain the amplitude of atmospheric CO,
variations. For this reason, he hypothesized an increase in the strength of the “bioldgical
pump”, the sequestration of dissolved inorganic carbon in the deep sea by the biogenic rain
of particles out of the surface ocean. This original suggestion has led to é number of
proposed mechanisms by which biological production could drive glacial/interglacial

atmospheric CO, variations.

The Role of Low Latitude Biological Production

One set of hypotheses calls upon changes in biological production in the low and
mid-latitude regions, where the major nutrients, nitrate and phosphate, ultimately limit the
extraction of CO, by biological production. Broecker (1981) and McElroy (1983) described
possible mechanisms by which the major nutrient reservoirs might increase during glacial
times, which would allow enhanced low latitude biological production to lower
atmospheric CO,. However, it was recognized that this basic mechanism would require
large changes in nutrient reservoirs to produce the entire observed amplitude of CO, change
(Boyle, 1988a; Boyle, 1988b; Broecker, 1982). Boyle (1988a) and Broecker and Peng
(1987) recognized that the CO, effects of some changes in the low latitude biological
production would be intensified by the cycling of CaCO,. Archer and Maier-Reimer (1994)
showed that the role of organic matter decomposition in seafloor calcite dissolution greatly
increases the capacity of certain low latitude biological production changes to lower
atmospheric CO,. The mechanism proposed by Archer and Maier-Reimer is supported by

paleo-pH studies based on Boron isotopes in foraminifera (Sanyal et al., 1995).
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As I discuss in Chapter 2, oceanic biological production affects atmospheric CO,
via several different aspects of inorganic carbon chemistry: (1) the redistribution of
dissolved inorganic carbon and alkalinity within the ocean, (2) the transient response of
deep sea calcite preservation to this redistribution, and (3) the steady state balance between
riverine input of alkalinity and the burial of calcite on the seafloor. I have incorporated a
range of models of sedimentary calcite preservation into a time-dependent geochemical box
model, in order to estimate the importance of these different responses to hypothesized
glacial/interglacial changes in biological production.

I conclude that the potential for low latitude biological production to explain
glacial/interglacial atmospheric CO, variability is strongly limited by constraints from
paleoceanographic data on seafloor sediment calcite content. These constraints arise despite
the effects of sediment respiration-driven dissolution considered by Archer and Maier-
Reimer (1994). A much deeper calcite saturation horizon during the last ice age, as
hypothesized by Archer and Maier-Reimer (1994), would have been accompanied by a
similar deepening of the lysocline (the transition from calcite-rich to calcite-poor
sediments). Since such an ocean-average lysocline deepening is not observed in glacial
sediments (Catubig et al., 1994), we still lack a simple low latitude mechanism by which to
lower atmospheric CO, during glacial times.

An increase in low latitude biological production, driven by an increase in the ocean
nutrient reservoir, coupled to a decrease in the CaCO,/C,, ratio of that production can
lower atmospheric CO, without causing a change in the depth of the steady state lysocline
(Chapter 2). However, a 50% increase in low latitude export production would be required
to explain an 80 ppm decrease in atmospheric CO,. While there is growing evidence that
the Nitrogen cycle is adequately dynamic to allow for a large change in the oceanic nitrate
reservoir on glacial/interglacial time scales {Ganeshram et al., 1995), no one has yet

envisioned a way by which to cause a 50% increase in the oceanic phosphate reservoir on
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these time scales. Without such a phosphate reservoir increase, it is difficult to invoke z
large glacial increase in low latitude biological production. The impact of high latitude
biological production on atmospheric CO, is not similarly consirained by seafloor sediment
calcite content, because relatively little calcite is produced in high latitude surface waters
today. Thus, the high latitude ocean deserves special consideration as a potential cause of

observed glacial/interglacial atmospheric CO, variability.

The Role of the Southern Ocean

More than a decade ago, several groups demonstrated that an increase in the
biological utilization of surface nutrients by Southern Ocean phytoplankton could explain
lower atmospheric CO, concentrations during the last ice age (Knox and McElroy, 1984,
Sarmiento and Toggweiler, 1984; Sieganthaler and Wenk, 1984). However,
paleoceanographic studies suggesting no ice age increase in Southern Ocean biological
production caused the hypothesis to lose favor (Mortlock et al., 1991). More recently,
Francois et al. (1992) reported sedimentary N isotopic evidence which suggests that the
efficiency of nitrate extraction in Antarctic surface waters was higher during the last ice age.
This finding does not contradict the previous studies suggesting lower Antarctic production
rates, since the efficiency of nutrient consumption involves the rate of nutrient supply as
well as the rate of nutrient uptake. When coupled with Th and Pa-based estimates of
particle flux, the N isotope data suggest that nitrate was more completely consumed in the
glacial surface Antarctic, despite low~r rates of export production at that time, because of a
decrease in the supply of nitrate-rich water to the surface (Francois et al., 1997). Since the
vertical supply of nitrate to the surface is associated with the atmospheric ventilation of
subsurface waters, a decrease in nitrate supply, like an increase in N export production,
would lower atmospheric CO, (Sieganthaler and Wenk, 1984). This hypothesized decrease

in the vertical nutrient supply is consistent with previous research suggesting enhanced
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surface layer stability in the Antarctic due to an increase in the seasonal extent of sea ice
(Burckle, 1984; Morley and Hays, 1983).

The paleoceanographic records of bulk sedimentary N isotopic composition provide
a potentially important insight into the nutrient status of the glacial Southern Ocean
(Francois et al., 1992; Francois et al., 1997). However, there are major questions
involving the link between nitrate utilization and N isotopes and its application to
paleoceanography (Altabet and Francois. 1994b). These questions involve both the
generation of the nitrate utilization/N isotope link in the water column and the survival of
the isotopic signal in the sedimentary record. Chapters 3 through 5 describe the

development and application of methods to investigate these questions.

The Nitrogen Isctopic Composition of Nitrate and Its Link to Nitrate Utilization

I have developed a new method to extract nitrate from seawater for N isotopic
analysis (Chapter 3). This method allows for better precision and higher throughput than
the previously available “distillation” method (Cline and Kaplan, 1975), making the
generation of large oceanic data sets of nitrate isotopic composition possible for the first
time. The method is based on previous methods from the soil sciences (Keeney and
Nelson, 1982). It involves nitrate reduction to ammonia using a conventional reagent,
followed by passive diffusion of the ammonia out of the alkaline seawater sample, through
a sealed envelope composed of two porous Teflon membranes, and onto an acidified glass
fiber filter. The extracted N is then combusted to N, by standard methods, and the N, is
introduced into a stable isotope mass spectrometer for isotopic analysis.

With this method, I have analyzed the isotopic composition of nitrate from
latitudinal transects of water column depth profiles and surface samples in the Indian and
Pacific sectors of the Southern Ocean (Chapter 4). From measurement of subsurface

nitrate, I have characterized the isotopic composition of the nitrate supply to the surface
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Antarctic. The isotopic similarity of this nitrate with deep nitrate from the different ocean
basins suggests that possible changes in deep water circulation during the last ice age are
unlikely to have changed the isotopic value of this supply term. The data demonstrate a
relatively sirnple link between the degree of nitrate uptake by phytoplankton and the isotope
systematics of niirate in Antarctic waters (i.e., south of the Polar Frontal Zone). A Rayleigh
fractionation model of nitrate utilization approximately describes surface ocean nitrate
isotopic data in the Antarctic. The isotopic and nitrate concentration data allow for an
estimation of the fractionation factor associated with nitrate uptake, a crucial variable in the
paleoceanographic use of N isotopes. The results suggest a fractionation factor of 5x1%:¢
for the Antarctic region, in agreement with recent culture studies oi diatoms and
coccolithophorids (Waser et al., 1997a; Waser et al., 1997b). These findings, taken
together, are encouraging with regard to the use of N isotopes as a proxy for nitrate
utilization in the Antarctic region.

However, the results include some unexplained features which demonstrate gaps in
our understanding of Antarctic nitrate supply and uptake. These uncertainties center around
the role of the “Tmin” layer, a cold, fresh layer that is isolated from the surface by summer
melting and warming. This layer separates the summer mixed layer from Upper
Circumpolar Deep Water, which is the apparent long term source of nitrate to the surface
Antarctic. In some cases, the §’NO, of the Tmin layer falls significantly off the Rayleigh
fractionation trend linking Upper Circumpolar Deep Water to the surface layer. Although I
have hypotheses for the origin of this effect, such as a <1%. seasonal variation in the aitrate
ny:take fractionation factor, a complete understanding will probably require a sea-onal study
of the Antairiio upper water column.

My transects extend from the Antarctic, across the Polar Frontal Zone, and into the
more nutrient-depleted Subantarctic waters. In the Subantarctic region, much of the nitrate

supply appears to be by northward transfer of nitrate in the surface layer, although vertical
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mixing may also play a role near the Polar Frontal Zone in some regions. Although the
possibility of two nitrate sources complicates the estimation of the nitrate uptake
fractionation factor for the Subantarctic, the data suggest that the same value found in the
Antarctic region (5+1%o) applies in the Subantarctic region as well.

These findings indicate that N isotopes in the Subantarctic cannot be interpreted
strictly in terms of nitrate utilization at a given site. Rather, the net northward advection of a
surface nitrate pool requires that we consider the nitrate utilization history of that pool. In
addition, an advective system is expected to show a greater sensitivity of sinking flux 8'°N
to nitrate utilization than a system in which nitrate is supplied vertically (Altabet and
Francois, 1994a). These results have important implications for the interpretation of surface
sediment data and paleoceanographic studies in the Subantarctic (Francois et al., 1992;
Francois et al., 1993). For instance, a lateral supply model explains the observation of a
large (6-8%o) latitudinal gradient in surface sediment 5"°N in the east Indian sector, where
the Subantarctic Zone is expanded (Francois et al., 1997); this §"°N gradient is larger than
can be generated by a vertical model of nitrate supply and our best estimate for the
fractionation factor. The reduced importance of lateral nitrate supply in the central Indian,
where the Subantarctic Zone is diminished, similarly explains the smaller latitudinal

sediment §'°N gradient observed in that region (Chapter 5).

The Isotopic Composition of Diatom Microfossil-Bound Nitrogen

The last component of my N isotope work has involved the development and
application of a method for the isotopic analysis of diatom microfossil-bound organic N in
Southern Ocean sediments (Chapter 5). The diatom-bound N fraction is operationally
defined as the N associated with diatom microfossils which survives a chemical oxidation
treatment to remove free and adsorbed organic N. This protocol is intended to isolate N

which is native to the diatoms (i.e., which is incorporated into the opal during growth of
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the diatom frustules). The isotopic analysis of diatom-bound N provides a potential avenue
to assess whether the glacial/interglacial change in bulk sediment N isotopic composition
records a true change in the isotopic composition of the sinking flux, or whether diagenetic
or sedimentary processes are responsible.

In order to test the paleoceanographic utility of diatom microfossil-bound N, I have
measured the isotopic composition of diatom microfossil-bound N and bulk sedimentary N
from multicores in Southern Ocean surface sediments and carried out a preliminary study of
the chemical composition of diatom-bound N. The results strongly suggest that the diatom
microfossil-bound N fraction is invulnerable to early diagenesis and applicable as a proxy
to track &"°N changes of the sinking flux in the past.

I have measured depth profiles of diaiom-bound 8"°N from paleoceanographic-scale
cores in the Atlantic and Indian sectors of the Southern Ocean, south of the modern Polar
Front. The downcore records of diatom-bound §"°N show a 3-4%. change across the last
glacial/interglacial transition, supporting the previous conclusion derived from bulk
sediment data that the §"°N of the sinking flux was higher during the last glacial maximum
(Francois et al., 1992; Francois et al., 1997). Given our current understanding of Southern
Ocean N isotope dynamics, the simplest explanation for such a change is that the degree of

nitrate utilization in Antarctic waters was higher during the last ice age.

Toward a Consistent Picture of the Glacial Southern Ocean
While unanswered questions remain, my thesis work provides strong support for

the hypothesis that nitrate utilization was higher in the glacial Antarctic. The

>60%, more than twice the modern extent of nitrate extraction. If this result is directly

incorporated into a carbon cycle box model of the ocean, it suggests that the Southern

Ocean was potentially the sole cause for the lower level of atmospheric CO, during the last

18



ice age (Keir, 1988; Knox and McElroy, 1984; Sarmiento and Toggweiler, 1984,
Sieganthaler and Wenk, 1984).

However, these results do not provide the final word regarding the nutrient status
of the glacial Southern Ocean. My thesis work has revealed a number of questions which
remain to be addressed regarding the N isotope dynamics of the modern Southern Ocean.
In addition, seasonal time-series studies and studies in other high latitude environments will
be required before we will know how Southern Ocean N isotope dynamics would respond
to the environmental changes associated with an increase in the importance of sea ice.
Finally, other paleoceanographic proxies have their own story to tell about the ice age
Southern Ocean, and the ultimate theory of glacial/interglacial atmospheric CO, variations

must satisfy all of them.

19



References

Altabet, M.A. and Francois, R., 1994a. Sedimentary nitrogen isotopic ratio as a recorder
for surface ocean nitrate utilization. Global Biogeochemical Cycles, 8(1): 103-116.

Altabet, M.A. and Francois, R., 1994b. The use of nitrogen isotopic ratio for
reconstruction of past changes in surface ocean nutrient utilization. In: R. Zahn, M.
Kaminski, L. Labeyrie and T.F. Pederson (Editors), Carbon Cyclingin the Glacial Ocean:
Constraints on the Ocean'’s Role in Global Change. NATO ASI series. Springer Verlag,
Berlin, Heidelberg, New York, pp. 281-306.

Archer, D. and Maier-Reimer, E., 1994. Effect of deep-sea sedimentary calcite
preservation on atmospheric CO, concentration. Nature, 367: 260-263.

Bamola, .M., Raynaud, D., Korotkevich, Y.S. and Lorius, C., 1987. Vostok ice core
provides 160,000-year record of atmospheric CO,. Nature, 329: 408414.

Berner, W., Stauffer, B. and Oeschger, H., 1979. Past atmospheric composition and
climate, gas parameters measured on ice cores. Nature, 275: 53-55.

Boyle, E.A., 1988a. The role of vertical chemical fractionation in controlling late
quaternary atmospheric carbon dioxide. Journal of Geophysical Research, 93(C12):
15,701-15,714.

Boyle, E.A., 1988b. Vertical oceanic nutrient fractionation and glacial/interglacial CO,
cycles. Nature, 331: 55-56.

Broecker, W.S., 1981. Glacial to Interglacial Changes In Ocean and Atmospheric
Chemistry. In: A. Berger (Editor), Climatic Variations and Variability: Facts and Theory,
D. Reidel Publishing, pp. 111-121.

Broecker, W.S., 1982. Glacial to Interglacial Changes In Ocean Chemistry. Progress In
Oceanography, 2: 151-197.

Broecker, W.S. and Peng, T.-H., 1987. The rcle of CaCO; compensation in the glacial to
interglacial atmospheric CO, change. Global Biogeochemical Cycles, 1(1): 15-29.

Burckle, L.H., 1984. Diatom distribution and paleoceanographic reconstruction in the
southern ocean: Implications for late Quaternary paleoceanography. Marine
Micropaleontology, 9: 241-261.

Catubig, N.R., Archer, D.E., Howard, W.R., deMenocal, P.B. and Froelich, P.N.,
1994. an atlas of LGM calcium carbonate concentrations in deep sea sediments and
implications for the deep sea burial rate. EOS, 75(44): 367.

Cline, J.D. and Kaplan, I.LR., 1975. Isotopic fractionation of dissolved nitrate during
denitrification in the eastern tropical North Pacific Ocean. Marine Chemistry, 3: 271-299.

Delmas, R.J., Ascencio, J.-M. and Legrand, M., 1980. Poiar ice evidence that
atmospheric CO, 29,000 yr BP was 50% of the present. Nature, 284: 155-157.

20



Francois, R., Altabet, M.A. and Burkle, L.H., 1992. Glacial to interglacial changes in
surface nitrate utilization in the Indian sector of the Southern Ocean as recorded by

sediment 8!5N. Paleoceanography 7: 589-606.

Francois, R., Bacon, M.P., Altabet, M.A. and Labeyrie, L.D., 1993. Glacial/intergalcial
changes in sediment rain rate in the S.W. Indian sector of Subantarctic waters as recorded

by 230Th, 231Pa, U, and §!5N. Paleoceanography, 9(5): 611-630.

Francois, R.F., Altabet, M.A., Yu, E.-F., Sigman, D.M., Bacon, M.P., Frank, M.,
Bohrmann, G., Bareille, G. and Labeyrie, L.D., 1997. Water column stratification in the
Southern Ocean contributed to the lowering of glacial atmospheric CO,. Nature, in press.

Ganeshram, R.S., Pedersen, T.F., Calvert, S.E. and Murray, JJW., 1995. Large changes
in oceanic nutrient inventories from glacial to interglacial periods. Nature, 376(6543): 755-
758.

Keeney, D.R. and Nelson, D.W., 1982. Nitrogen -- inorganic forms. In: A.L. Page, R.H.
Miller and D.R. Keeney (Editors), Methods of Soil Analysis. American Society of
Agronomy, Inc., Madison, pp. 643-693.

Keir, R.S.P., 3, 413-445, 1988, 1988. On the late Pleistocene ocean geochemistry and
circulation. Paleoceanography, 3: 413-445.

Knox, F. and McElroy, M., 1984. Changes in atmospheric CO, influence of the marine
biota at high latitude. J. Geophys. Res., 89: 4629-4637.

McElroy, M.B., 1983. Marine biological controls on atmospheric CO, and climate. Nature,
302: 328-329.

Morley, J.J. and Hays, J.D., 1983. Oceanographic conditions associated with high
abundances of the radiolarian Cycladophora davisiana. Earth and Planetary Science Letters,
66: 63-72.

Mortlock, R.A., Charles, C.D., Froelich, P.N., Zibello, M.A., Saltzman, J., Hays, J.D.
and Burckle, LL.H., 1991. Evidence for lower productivity in the Antarctic during the last
glaciation. Nature, 351: 220-223.

Neftel, A., Oeschger, H., Schwander, J., Stauffer, B. and Zumbrunn, R., 1982. Ice core
sample measurements give atmospheric CO, content during past 40,000 yr. Nature, 295:
220-223.

Sanyal, A., Hemming, N.G., Hanson, G.N. and Broecker, W.S., 1995. Evidence for a
higher pH in the glacial ocean from Boron isotopes in foraminifera. Nature, 373: 234-236.

Sarmiento, J.L. and Toggweiler, J.R., 1984. A new model for the role of the oceans in
determining atmospheric pCO,. Nature, 308: 621-624.

Sieganthaler ana Wenk, 1984. Rapid atmospheric CO, variations and ocean circulation.
Nature, 308: 624-626.

21



Waser, N.A.D., Needoba, J., Calvert, S.E. and Harrison, P.J., 1997b. Nitrogen isotope
fractionation by 4 groups of marine microalgae during batch culture growth on nitrate,
ASLO Aquatic Sciences Meeting, Santa Fe, NM, pp. 337.

Waser, N.A.D., Turpin, D.H., Harrison, P.J., Nielsen, B. and Calvert, S.E., 1997a.

Nitrogen isotope fractionation during the uptake and assimilation of nitrate, nitrite, and urea
by a marine diatom. Limnology and Oceanography, in press.

22



Chapter 2:

The Calcite Lysocline as a Constraint

on Glacial/Interglacial Low Latitude Production Changes

Daniel M. Sigman'*, Daniel C. McCorkle', William R. Martin’

'Department of Marine Geology and Geophysics, Woods Hole Oceanographic Institution,
Woods Hole, MA 02543, e-mail: dsigman @whoi.edu, fax: (508)-457-2183

*corresponding author

’Department of Marine Chemistry and Geochemistry, Woods Hole Oceanographic
Institution, Woods Hole, MA 02543

23



Abstract

We investigate the link between calcium carbonate production and the depth of the
lysocline in the response of the ocean/atmosphere system to changes in the export
production of the low latitude surface ocean (the combined equatorial, tropical, and
subtropical regions). We employ different calcium carbonate input/outpu* schemes in a
time-dependent ocean carbon cycle model to separate the production/lysocline link from the
other components of the model response, and to estimate the effects of chemical erosion
and dissolution driven by organic matter decomposition in surface sediments ( ‘respiratory
dissolution’).

The model predicts that a simple increase in low latitude production will lead to a
significant shoaling of the steady state lysoclme thls shoalmg works to increase

- Yy UISSOIUUOH dre
unlikely to decouple the lysocllne depth from calcium carbonate production changes in this
case. Because the low latitude biogenic rain pumps alkahnity as well as dissolved inorganic
carbon into the deep ocean, increasing low latitude production does not drive a transient
dissolution event in our model. As a result, "calcium carbonate compensation" [Broecker
and Peng, 1987] does not cause a large decrease in atmospheric CO, when only low- and

mid-latitude export production is increased.
A decrease in the calcium carbonate/organic carbon rain ratio or an increase in the
depth to which organic carbon sinks in the deep ocean can lower atmospheric CO,

considerably, but the changes required to lower CO, to glacial levels would also increase

the ocean-average depth of the calcite saturation horizon by more than 1.5 km - much more
than is suggested by data on the glacial lysocline. The inclusion of respiratory dissolution
causes these changes in the characteristics of the low latitude biogenic rain to be more
efficient at lowering atmospheric CO, by enhancing their deepening of the saturation

horizon. However, even with respiratory dissolution, the model predicts that the lysocline
deepens significantly when the saturation horizon deepens, so that respiratory dissolution
does not prevent the lysocline depth from providing a constraint on low latitude export
production. While chemical erosion would play an important role in the timing of lysocline
shoaling and its effect on atmospheric CO,, it similarly would not prevent the lysocline

depth from being a constraint on glacial/interglacial time scales.

These results and previous studies which suggest a fairly constant whole-ocean
lysocline depth through glacial/interglacial cycles suggest that a simple increase in low
latitude production cannot explain the lower atmospheric CO, levels of the last glacial
maximum. Likewise, changes in either the calcium carbonate/organic carbon rain ratio or
the organic carbon regeneration depth of low latitude production, taken alone, cannot
explain last glacial maximum atmospheric CO, values without causing unacceptable shifts
in the lysocline. However, if a low latitude production increase was accompanied by a
decrease in the calcium carbonate/organic carbon rain ratio, these simultaneous changes
could lower atmospheric CO, to the observed last glacial maximum levels without causing a
significant change in the ocean-average depth of the saturation horizon. The required
production rate increase is more than 50% of the modern rate.
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Introduction

The alkalinity of seawater reflects a balance between the alkalinity input from rivers
and the removal of calcium carbonate in sediments and coral reefs [Edmond, 1974, Keir,
1995; Milliman, 1974, Milliman, 1993; Opdyke and Walker, 1992]. This balance is
maintained by the distribution of calcium carbonate accumulation in the deep sea, which is
largely controlled by the depth of the “lysocline”, the transition separating shallower
seafloor sediments in which calcite is preserved from deeper seafloor sediments in which
almost all of the calcite dissolves [Archer, 1991a; Berger, 1970]. One of the primary
controls on the depth of the lysocline is the calcite saturation depth, which is set by the
carbonate ion concentration of bottom water and the pressure dependence of calcite
solubility [Broecker and Takahashi, 1978). A change in either the river input rate of
alkalinity or the seafloor burial rate of calcium carbonate would change the whole ocean
alkalinity inventory. This alkalinity change would shift the ccean-average calcite saturation
depth and thus the depth of the lysocline. Changing the depth of the lysocline causes a
change in the calcium carbonate burial rate, so that the output of alkalinity changes to
balance the new input rate of alkalinity by rivers.

Open ocean biological production is one potential driver of changes in the oceanic
alkalinity balance. For example, an increase in the open ocean calcium carbonate (CaCO,)

rain rate would increase the rate of CaCO, burial on the seafloor above the lysocline. As a

result, the whole ocean inventories of alkalinity (ALK) and dissolved inorganic carbon

inventory change would cause a decrease in the deep ocean carbonate ion concentration,
which would, in turn, cause a shoaling of the calcite saturation horizon. This shoaling of
the saturation horizon would cause a shoaling of the lysocline, which would decrease the

area of seafloor over which CaCQ, is buried, restoring the CaCO, input/output balance.
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This link between open ocean CaCO, production and the lysocline is significant for
two reasons. First, if river input and shelf burial remain constant, variability in the
lysocline depth would reflect changes in the rate and chemical nature of surface ocean
export production. Second, the whole ocean changes in ALK and DIC which drive the
lysocline changes also affect the concentration of atmospheric CO, [Keir, 1995], which
was ~80 ppm lower during the last glacial period [Barmola et al., 1987].

Much paleoceanographic work has addressed the role of biological production in
observed glacial/interglacial atmospheric CO, variability. The low latitude ocean (the
combined equatorial, tropical, and subtropical regions) is responsible for most deep sea
calcite burial [Catubig et al., 1994; Milliman, 1993]. Therefore, a change in low latitude
production may cause a significant lysocline response. Any hypothesis regarding changes
in low latitude production must be consistent with paleoceanographic data regarding the
lysocline, and the expected CO, impact of a production change must include the effect of
the oceanic alkalinity input/output balance.

The actual change in the ocean-average lysocline depth over the last
glacial/interglacial cycle is not well known. The Atlantic lysocline was apparently about 1
km shallower during the last glacial [Crowley, 1983; Crowley, 1985; Curry and Lohmann,
19861, and Howard and Prell [1994] estimate that the glacial lysocline was 0.5 km
shallower in the Atlantic and Indian sectors of the Southern Ocean. No clear change in
lysocline depth is observed in the Indian Ocean, although preservation and dissolution
events have occurred on glacial/interglacial transitions [Peterson and Prell, 1985]. While
equatorial and northeast Pacific data suggest that the glacial lysocline was 0.6 km deeper
[Farrell and Prell, 1989; Karlin et al., 1992}, there is an active debate as to whether this
deepening was due to a local increase in CaCO, production or to an increase in the
saturation depth and lysocline of the entire low latitude Pacific [Anderson et al., 1995;

Archer, 1991b]. Compiling a global ocean data set, Catubig et al. [1994] find that the
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whole ocean-averaged lysocline depth of the last glacial was the same or shallower than that
of the Holocene.

In this study, we investigate the response of the lysocline to changes in low latitude
production, to learn if and by what mechanisms low latitude biological production changes
can lower atmospheric CO, to observed glacial levels while being consistent with available
data on glacial/interglacial changes in the ocean-average lysocline depth. Using a time-
dependent ocean-atmosphere carbon cycle model (with architecture after Keir [1988]), we
have run three model experiments which involve changes in low latitude biological
production: (1) an increase in low latitude export production, (2) a decrease in the calcium

carbonate/organic C (CaCO,/C,, ) ratio of low latitude export production, and (3) an

org;
increase in the fraction of C,, export production which reaches the deep ocean. Similar
experiments have been carried out previously, with a variety of assumptions being made
about the role of deep sea CaCO, preservation [Archer and Maier-Raimer, 1994; Boyle,
1988; Broecker and Peng, 1987; Broecker et al., 1984; Dymond and Lyle, 1985; Keir,
1988]. In our study, the model experiments are carried out under a set of CaCO,
input/output models which cover the range of models used by earlier workers. Using these
different CaCO, input/output models, we compare the steady state lysocline response with
the other components of the carbon cycle response. In addition, we incorporate
parameterizations for the processes of chemical erosion [Keir, 1984] and sediment
respiration-driven dissolution [Emerson et al., 1980] in order to evaiuate the potential roles
of these processes. We address the following questions:

1) How much of a change in the steady state lysocline depth occurs for various changes in

the rate and nature (CaCO,/C,, ratio, and C,, regeneration depth) of biological production,

and how is this lysocline change distributed in a global ocean model? How important is this
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lysocline change to atmospheric pCO,, relative to other components of the carbon cycle
response?
2) How effectively can chemical erosion retard shoaling of the saturation depth? Can it
decouple the saturation depth (and lysocline depth) from carbonate production on
glacial/interglacial time scales?
3) Does the inclusion of sediment respiration-driven dissolution greatly alter the response
of the saturation horizon to a change in low latitude export production? Does this
porewater-driven dissolution decouple the lysocline from the saturation horizon, so that
migration of the saturation horizon would not be evident in lysocline behavior?

None of the model experiments, when performed individually, lower atmospheric
CO, to glacial levels without causing large (> 1 km) changes in the ocean-average lysocline
depth. Chemical erosion retards shoaling of the lysocline, but not enough to prevent the
production/lysocline link from being a constraint on glacial/interglacial time scales. While
sediment respiration-driven dissolution does not significantly modify the carbon cycle
response to a simple increase in low latitude production, it enhances the effect of a rain ratio
decrease or a deepening of C,,, regeneration on the calcite saturation depth [Archer and
Maier-Raimer, 1994]. However, this enhancement is accompaxied by a migration of the
steady state lysocline, so that the potential for these production changes is still constrained
by observations of the glacial/interglacial change in lysocline depth. Given these model
results and the available data on glacial/interglacial lysocline variability, the only low
latitude production mechanism which could explain lower atmospheric p{CO, during the last
glacial involves the coupling of oceanographic changes which have opposite effects on the
lysocline. As an example, we consider an increase in low latitude export production, which
would cause the steady state lysocline to shoal, coupled with a decrease in its CaCO,/C,,,

rain ratio, which would cause it to deepen.
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Model Description
The results presented in this study are from a time-dependent box model of the

ocean-atmosphere system which simulates the cycles of carbon, alkalinity, phosphate,

molecular oxygen, !3C and !4C. Architecture, circulation, and production/remineralization
parameters are taken from the CYCLOPS model of Keir [1988]. We focus on the CaCO,
input/output dynamics and the production/regeneration cycles, as these aspects of the model
are most important to this study. The model treatment of gas exchange processes and
isotope systematics will be described in Sigman and Lehman [in prep.]. In appendix 1, we
show a comparison of the model standard “interglacial” distributions of phosphate, DIC,
and ALK with those of Keir [1988] and with averaged GEOSECS data [Takahashi et al.,
1981].

Circulation (figure 1):

Water is provided to the warm surface boxes via mixing with, and advection from,
the intermediate ocear. boxes. The intermediate boxes are fed largely from the Antarctic
surface. Water is advected into the deep Atlantic box from the warm surface box and the
intermediate Atlantic box by way of the high North Atlantic boxes. This "NADW" source
advects into the Antarctic Circumpolar box, where it mixes with water from other deep
boxes and is upwelled into the surface Antarctic, from which it is advected into the
intermediate boxes. The Antarctic Circumpolar box has large mixing terms with the surface
Antarctic and with the low latitude deep boxes, so that model deep water has effectively
both North Atlantic and Southern Ocean sources. This circulation scheme is discussed by

Keir [1988].
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Export Production/Regeneration Cycle (figure 2):

We calculate new production for the warm surface ocean by forcing production to
occur until phosphate is completely consumed. New production in the warm surface ocean
is thus controlled by (1) the phosphate concentration of subsurface waters and (2) the
amount of water exchanged between subsurface and surface waters.

For the model experiments described in this study, high latitude production is held
constant, so that the phosphate concentration of the high latitude surface ocean may vary.
There are two jusiifications for this choice. First, production in most high latitude regions
does not appear to be limited by phosphate or nitrate, so that high latitude production
should not respond to a change in phosphate supply [e.g., Cullen, 1991; Mitchell et al.,
1991). Second, high latitude production affects the ocean carbon cycle by several
mechanisms; allowing high latitude production to change obscures the effects of low
latitude production. All experiments have also been run with other rules for high latitude
production. From these runs, we know that the choice of high latitude production rule is
significant only for model experiment 1; this concern is addressed in the model experiment
1 discussion.

The CaCO,/C,, rain ratio of export production is different for the model's low and
high latitude surface boxes. The export production of the warm surface boxes has a rain
ratio of 0.4 (ALK/DIC rain ratio = 0.46), while that of the high latitude boxes has a rain
ratio of 0 (ALK/DIC rain ratio = -0.15). The production-normalized whole ocean rain ratio
is 0.31 (ALK/DIC rain ratio = 0.35).

The C,,, and CaCO, water column regeneration schemes are also different for the
low and high latitude surface boxes. Of the C,, raining out of the low latitude boxes, 84%
is degraded in the intermediate boxes, and the remaining 16% is degraded in the deep

boxes, so that no C_,, is buried. The calcite rain associated with the model's low latitude
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production penetrates more deeply into the ocean interior, with 20% of the rain dissolving
at intermediate depths and the remaining 80% raining onto the seafloor. Given a rain ratio
of 0.4 and the above regeneration schemes, the CaCO,/C,,, flux ratio into the low latitude
deep ocean is 2, which is consistent with, but perhaps in the upper range of, observations
from deep sediment traps and seafloor studies [Archer, 1991a; Honjo, 1996; Honjo et al.,
1995; Honjo and Manganini, 1992]. The high latitude subsurface is not separated into
intermediate and deep, so that C_, production from the high latitude surface is completely
regenerated in a single deep box, which mixes actively with other deep boxes.

The use of different production/regeneration parameters is one potential cause for
disagreements between different models. In order to check the sensitivity of our results to
the production/regeneration parameters, we have also carried out the model experiments
using different values for these parameters. The results from these sensitivity cases are

described in a section following the closed system/compensated/open system comparison

of the model experiments.

Models of CaCOl Input/Output Dynamics (figure 3)

The model experiments are carried out under three different schemes of CaCO,
input/output dynamics: (1) “closed system”, (2) “compensated”, and (3) “open system”.
These different CaCO, input/output schemes allow us to resolve three different components
of the carbon cycle response: (1) the closed system redistribution of ALK and DIC within
the ocean, (2) the transient compensation by deep sea calcite dissolution/preservation of the
closed system effect on deep ocean [CO,?], and (3) the migration of the lysocline to a new
steady state depth due to a change in CaCO, rain rate.

In the closed system case, there is neither river input of DIC and ALK nor seafloor

burial of biogenic CaCQ,. As a result, production changes simply redistribute DIC and
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ALK within the ocean/atmosphere system; there are no whole ocean reservoir changes in
these components.

In the compensated and open system cases, whole ocean reservoir changes in DIC
and ALK occur via loss or gain of "dissolved CaCO,", which represents one unit of DIC
and two units of ALK. The compensated case estimates the potential for production
changes to drive a transient preservation or dissolution event in the deep sea [Boyle, 1988;
Broecker and Peng, 1987]. In the compensated case, any change in the deep ocean
carbonate ion concentration ([CO,’z]) is removed by a transient dissolution event
(increasing whole-ocean ALK and DIC in a 2:1 ratio) or a transient preservation event
(decreasing ALK and DIC in a 2:1 ratio). The compensated case does not explicitly model
the feedbacks among river input, CaCO, rain, and deep sea calcite preservation which lead
to the oceanic alkalinity balance. As a result, this case does not capture the link between
CaCO, production and the steady state lysocline depth.

In the open system case, deep ocean [CO,?] is explicitly controlied by the balance
between river input of dissolved CaCO, and the seafloor burial of biogenic CaCO,. As a
result, the open system case includes the steady state lysocline effect as well as the transient
lysocline effect of the compensated case. The steady state lysocline response alone can thus
be estimated by the difference between the open and compensated cases.

Finally, we have developed and experimented with two open system CaCO,
models: the “rain-based open” case and the “mixed layer open” case. The rain-based open
system runs yield a hypothetical end-member case for the lysocline response, in which
bottom water saturation state alone c~ntrols the dissolution of biogenic CaCO,. This case
has no sediment memory, with only the yearly CaCO, rain being vulnerable to dissolution.
It thus includes neither chemical erosion nor sedimentary respiration-driven dissolution.
The goal of the rain-based case is to provide a simplified view of the basic lysocline

changes which occur in the model experiments.
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With the mixed layer open system case, we then consider the more realistic aspects
of the lysocline. As described in appendix II, we have developed a parameterization for
seafloor dissolution using results from an explicit sediment geochemistry model [Martin
and Sayles, 1996). This parameterization includes the effects of both bottom water-driven
dissolution and sediment respiration-driven dissolution. The mixed layer open system case
includes sediment mixed layer dissolution and chemical erosion.

In part 1 of the results section, the rain-based model is used for the comparison of
open system results with those of the closed system and compensated cases. In the later
sections, we then use the mixed layer open system model to address (1) the role of
chemical erosion in retarding migration of the lysocline (part 2), and (2) the effect of
sedimentary respiration-driven dissolution on the production/lysocline link (part 3, see

figure 3).

Calculation Scheme for the Compensated Case

We use the compensated case to quantify the seafloor dissolution/preservation
response to changes in deep ocean [CO,”] caused by the redistribution of ALK and DIC
within the ocean. Unlike the other cases, it is not an explicit time-dependent model.
Instead, it is a calculation performed from the open system steady state results:
(1) From the open system case final output, the deep ocean average ALK and DIC are
calculated. This average is weighted for (a) seafloor area, and (b) the CaCO, rain rate in
overlying surface waters. The weighting for rain rate is to keep non-carbonate (i.e., high
latitude) regions from causing a seafloor compensation response.
(2) From the average deep ocean ALK and DIC, an average [CO,?] is calculated. This
value is slightly different from that which would be calculated by averaging the [CO,?] of
all the deep boxes with sedimentary CaCO,; we have found the difference to be

insignificant.
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(3) ALK and DIC are changed in a 2:1 ratio (i.e., as dissolved CaCQs,) in all boxes equally
until the average deep ocean [CO,?] equals that of the standard “interglacial” case.

(4) Atmospheric CO, is recalculated given this whole ocean ALK and DIC change.

This protocol is similar to that of Broecker and Peng [1987], except that (1) they do not
include the Atlantic in their calculation of deep ocean [CO,"] change, and (2) they carry out
their compensation from the closed system case. The significance of the first difference is
discussed by Broecker and Peng [1987]. We have confirmed that the results are not

significantly affected by these differences.

Calculation Scheme for the Open System Models

In the rain-based open system model, the only calcite vulnerable to dissolution in
the rain-based open case is the yearly calcite rain; the sediments have no memory of
previous calcite accumulation. The calcite saturation depth is calculated from the bottom
water [CO,?] ([CO,?],,) using the equation for calcite saturation [CO,"] ([CO;?],,) of
Broecker and Takahashi [1978] (as was used by Keir [1988]). Below the saturation depth,
dissolution occurs as a linear function of undersaturation,
Dissolution = K, * ([CO;” s —[CO;* Jw)

with the rate coefficient K, equal to ~1.2 pmol CaCO, per cm? per year per pmol/kg [CO,

2] undersaturation. K, (“rb” for rain-based) was calculated from a calcite dissolution rate
constant (“k,”) of 30/day [Keir, 1980}, assuming a linear dependence on undersaturation.

The depth at which the dissolution rate equals the CaCO, rain onto the seafloor is the rain-
based model calcite compensation depth (CCD). Thus, while the top of the lysocline, the

calcite saturation horizon, is determined by only the deep ocean [C03'2], the base of the

lysocline, the CCD, is a function of the deep [C03'2], the CaCO, rain rate into the deep
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ocean, and the kinetics of CaCOz dissolution. Under standard conditions, the rain-based

lysocline, as defined by the saturation depth and the CCD, is about 800 m thick. We
approximate the hypsometry of each basin as a set of ramps, based on Menard and Smith
[1966].

In the mixed layer open case, CaCO, within the sediment mixed layer is vulnerable
to dissolution, and the dissolution rate can exceed the CaCO, rain rate. If the calculated
carbonate dissolution rate exceeds the total sediment flux (the sum of the carbonate and
non-carbonate sediment rain rates), sediment from below the 8 cm deep mixed layer is
reincorporated into the mixed layer (i.e., chemical erosion occurs). Following Oxburgh and
Broecker [1993], we account for effect of %CaCO, on sediment density, using the
expression of Farrell [1991] for equatorial Pacific sediments. The %CaCO, of the
reincorporated sediment is set at that of the mixed layer at the beginning of the model
experiment. Thus, our chemical erosion model does not record the entire carbonate burial
history at each site.

The dissolution model for the mixed layer open case was derived by generating
multivariate polynomial fits to output from an off-line sediment geochemistry model
[Martin and Sayles, 1996] and using these fits in the ocean box model. In this study, we
treat bottom water-driven dissolution and respiration-driven dissolution as additive
components of the total dissolution; these two components are parameterized separately, as
described in appendix IL.

For the mixed layer open system model, the calcite saturation equation of Ingle
[1975] was used, for consistency with the off-line sediment geochemistry mode! [Martin
and Sayles, 1996]. Largely because of the different calcite saturation equations, the rain-
based open system results and mixed layer model responses differ slightly (see

appendices).
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For the experiments employing the mixed layer open system model (parts 2 through
4), the low latitude basin resolution was removed, collapsing the low latitude boxes into a
single set of low latitude surface, intermediate, and deep boxes. This was done for two
reasons. First, including basin resolution would require that we show the response of at
least two low latitude deep boxes, as we have done for the rain-based case. The rain-based
case results give an adequatc sense of the interbasin differences we observe if basin
resolution is included in the experiments using the mixed layer open system model.
Second, the interbasin differences which result in our model are based on a deep circulation
scheme designed to describe the modermn ocean. The significance of these interbasin
differences for the glacial ocean is uncertain, given the evidence for major differences in

deep circulation during the last Ice Age.
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Results
Part 1: Comparison of Closed, Compensated, and Open System Responses
to Changes in Low Latitude Production

Using our different CaCO, input/output schemes, we perform model experiments in
which we change low latitude export production. In model experiment 1, we increase the
whole ocean phosphate reservoir by 30%, which represents a simple mechanism for
observing the effect of an increase in low latitude production [Broecker, 1982; Broecker
and Peng, 1987; Keir, 1988). In model experiment 2, we model the effects of halving the
CaCO,/C,, rain ratio of low latitude production [Archer and Maier-Raimer, 1994; Broecker
et al., 1984; Dymond and Lyle, 1985]. In model experiment 3, we model the effect of an
increase in the fraction of C,, export production which reaches the deep boxes [Archer and
Maier-Raimer, 1994; Boyle, 1988].

For each model experiment, we compare the different magnitudes of atmospheric
CO, response due to (1) the closed system redistribution of ALK and DIC within the
ocean, (2) the transient compensation by deep sea calcite dissolution/preservation of the
closed system effect on deep ocean [C03'2], and (3) the change in the steady state saturation
depth driven by changes in the CaCO, rain rate (figure 4). The time-dependent results for
the closed and open system cases help to illustrate these three different effects (figure 5).
Using the open system results, we assess whether any of our model experiments can lower
atmospheric CO, to glacial levels while being consistent with observed glacial/interglacial

lysocline variability.

Model Experiment #1: Increasing the Oceanic Phosphate Reservoir Size by 30%

Broecker [1982] suggested that one potential driver of increased production is an

increase in the phosphate content of the ocean. From our perspective, this hypothesis
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represents a mechanism to increase low latitude production without the auxiliary effects
associated with changing circulation.

In our experiment, the whole-ocean phosphate reservoir is increased by 30% while
allowing low latitude production to increase so as to maintain phosphate-free surface water.
We focus here on the model response for the case in which the high latitude productive flux
is held constant. However, we also discuss the "constant nutrient utilization" case for the
high latitude, which should be comparable to the high latitude “constant residence time”
rule used by Broecker and Peng [1987].

Increasing the phosphate reservoir by 30% yields a 34 ppm CO, decrease for the
closed system case, a 29 ppm decrease for the compensated case, and only an 18 ppm
decrease for the open system case (figure 4a). Thus, lysocline processes reduce the
magnitude of the CO, decrease resulting from the model experiment. That is, they tend to
raise atmospheric CO,.

The time-dependent output plotted in figures 5.1 a-d shows the opposing effects of
the closed system and open system processes on atmospheric CO,,. Increased production
immediately lowers atmospheric CO, by pumping DIC out of the surface, leading to the
initial drop in atmospheric CO, seen for both closed and open system scenarios (figure 5.1
a). However, the increase in the CaCO3 rain associated with increased low latitude
production causes a temporary excess in CaCO, burial relative to river input of dissolved
CaCO, (figure 5.1 b). This represents a loss of ALK and DIC from the ocean in a 2:1 ratio,
which raises the pCO» of surface water and results in higher atmospheric CO; for the open
systemn scenario (figure 5.1 a). The loss of ALK and DIC also causes the deep ocean [CO;’
2] to decrease, so that the saturation horizon shoals an average of 540 m throughout the
ocean (figures 4b, 5.1 c, d). As the saturation horizon and lysocline shoal, the rate of

CaCO, burial decreases, driving the burial/river ratio back to unity (figure 5.1 b).

38



The Atlantic-Pacific difference in lysocline changes is largely due to deep ocean
circulation [Keir, 1988]. The deep Atlantic receives surface waters which have a higher

[CO_f] than in the standard case, while the old waters of the Pacific have gained more DIC

from the oxidation of surface new production. As a result, the difference in the lysocline
depths between the Atlantic (figure 5.1 ¢) and Pacific (figure 5.1 d) increases, although the
lysoclines of all deep boxes shoal so as to bring CaCO, burial back into balance with river
input.

The effect of CaCO, production on the depth of the steady state lysocline is
illustrated in figure 6, which shows the ocean-averaged depth of the steady state calcite
saturation horizon over a range of low latitude production rates (controlled by varying the
whole ocean phosphate reservoir while keeping the CaCO,/C_, ratio fixed at 0.4). At the
standard case production value, the saturation horizon shoals by 175 meters for a 10%
increase in CaCO, rain rate (or 75 m per gCaCO,/m¥yr). The sensitivity, or slope, of the
relationship becomes greater as the lysocline becomes deeper. This is due both to the
ocean’s hypsometry and to an increase in lysocline sensitivity at low levels of CaCO,
production. That is, as the CaCQO, rain rate approaches zero in the model, the area of
seafloor burial required to match the riverine alkalinity input increases in a hyperbolic
fashion.

So far we have only discussed the response of the steady state lysocline. CaCO,
compensation, the transient component of the lysocline response, causes a small (5 ppm)
atmospheric CO, increase relative to the closed system case for this experiment (figure 4a).
The compensation effect is driven by a 1.5 UM increase in deep ocean [CO,?] which occurs
in the closed system model (figure 4b). In the compensated case, this [CO,?] increase

results in excess deep sea preservation, causing the ocean to lose ALK and DIC in a 2:1
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ratio. This small transient preservation event is not apparent in the open system time-
dependent results because of the dominant effect of the steady state lysocline change.
The CaCO, compensation response in our model differs from that observed by

Broecker und Peng [1987]. They modelled the pCO, response to increasing the whole-

ocean phosphate reservoir for cases roughly equivalent to our closed and compensated
cases. Their results suggested that the transient lysocline response would significantly

enhance the pCO, drop associated with this experiment, from a 33 ppm decrease in the

closed system case to a 52 ppm decrease in the compensated case.

The difference in model response is partially due to our different high latitude
production rules. In our model experiment, high latitude production was held constant,
while high latitude production in the model of Broecker and Peng [1987] is allowed to
increase as phosphate supply increases, so as maintain to a constant phosphate residence
time in the high latitude surface. Because high latitude production is deeply regenerated, an
increase in high latitude production efficiently drives DIC into the deep ocean, so that a
transient dissolution event occurs [Broecker and Peng, 1987; Keir, 1988]. When we run
model experiment 1 assuming the same high latitude production rule as Broecker and Peng
[1987], we find that there is a transient dissolution response, which drives a 10 ppm
decrease (rather than a 6 ppm increase). The lack of transient dissolution in our model
response to an increase in low latitude export production will be considered further in a
later section on the sensitivity of the model results to production/regeneration parameters.

We have also carried out a model experiment in which low latitude production is
increased by increasing the mixing (or “upwelling” rate) between the intermediate boxes
and the low latitude surface boxes [Boyle, 1988; Broecker and Peng, 1987]. While the
closed system response to this model experiment is different from that of the experiment

described here, the lysocline responses, both transient and steady state, are quite similar to
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those of model experiment 1. That is, the lysocline responses to an increase in low latitude
production do not seem to be sensitive to the mechanism of the production increase. In our
model, a simple increase in low latitude export production, regardless of the mechanism,
cannot lower atmospheric CO, to observed giacial levels without causing >1 km shoaling

of the ocean-average steady state lysocline.

Model Experiment 2: Halving the Warm Surface CaCO_/Qm Rain Ratio

As is apparent from model experiment 1, a major limitation on the capacity of low
latitude production to lower atmospheric CO, is the CaCO, component of the biogenic rain.
In experiment 2, we lower the CaCO,/C,, rain ratic of the low latitude biogenic flux from
0.4 to 0.2 (molar ratio) without changing the rate of biological production, which results in
a halving of the CaCO, rain rate. Such a change has previously been examined by Broecker
et al. [1984] for the compensated case, Dymond and Lyle [1985] for the closed system
case, and Archer and Maier-Raimer [1994] for the open system case.

Atmospheric CO, is much more sensitive to the rain ratio of low latitude export

production in the open system scenario than in the compensated or closed system scenarios
(figures 4a, 5.2a). Decreasing the rain ratio from 0.4 to 0.2 in the open system model

produces an atmospheric CO, decrease of 63 ppm, compared to the 35 ppm and 22 ppm

decreases which occur in the compensated and closed system cases, respectively. Thus, the
steady state lysocline response represents a CO, sink of 28 ppm, while CaCO,
compensation accounts for 13 ppm of the atmospheric CO, decrease.

The steady state lysocline deepening is driven by the decrease in the CaCO, rain rate
associated with halving the rain ratio. This decrease in rain rate causes the burial rate of
CaCO, to fall below the river input rate of dissolved CaCO, (figure 5.2 b), and the whole

ocean reservoirs of ALK and DIC increase in a 2:1 ratio. In response, the deep sea [CO,?]
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increases, causing the lysocline to deepen and the area above the lysocline to increase
(figure 5.2 c,d). A new steady state deep ocean lysocline depth is achieved when enough
new area above the lysocline is provided for CaCO, burial to balance the river input once
again. Meanwhile, the whole ocean increase in ALK and DIC has caused atmospheric CO,
to decrease (figure 5.2 a).

The CaCQ, compensation response to this model experiment is a dissolution event.

When the CaCO,/C,, rain ratio is lowered, there is a decrease in the ratio of ALK to DIC

being pumped into the deep ocean. In the closed system case, this redistribution of DIC and

ALK causes a 4 pM decrease in the [CO"Z] of average deep water. In the compensated and

open system cases, this increased undersaturation drives a dissolution event. The open
system time dependent results show this dissolution event as a transient shoaling of the
caicite saturation horizon in the North Pacific (figure 5.2 d).

While the lysocline in the North Pacific (and the other Indo-Pac basins) shoals due
to CaCO, compensation and then deepens to a new steady state depth, the lysocline in the
Atlantic begins to deepen almost immediately (fig 5.2 c). This effect is related to the similar
increase in Atlantic-to-Pacific gradient observed in model experiment 1. It can be thought of
as the result of an increase in the ALK/DIC ratio of the surface water which is fed into the
deep ocean in the North Atlantic. This response is contrary to observations of a shallower
glacial Atlantic lysocline [Crowley, 1985]. However, evidence for a weaker interbasin
nutrient gradient during the last glacial [Boyle and Keigwin, 1982], perhaps due to reduced
North Atlantic Deep Water formation, prevents this disagreement from being a strong
constraint.

In total, a halving of the CaCO,/C,,, rain ratio lowers atmospheric CO, by more
than 60 ppm, which approaches the observed ~80 ppm glacial/interglacial variability of

atmospheric CO, [Barnola et al., 1987]. The magnitude of the atmospheric CO, response to
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saturation horizon deepening varies among models [Keir, 1995], and among experiments,
due to changes in interbasin [CO,'Z] gradient. In another model, the CO, change due to the
deepening of the steady state lysocline may be 10 ppm or so higher, so that the total CO,
decrease would be >>70 ppm, on the order of the observed last glacial/Holocene difference.
However, the CO, decrease is associated with a 1.5 km deepening of the saturation
horizon. This appears to violate %CaCO, data for the last glacial, suggesting that this
mechanism alone cannot explain lower atmospheric CO, levels during the last glacial
maximum.

What is needed to explain glacial/interglacial CO, variability is a mechanism to
lower atmospheric CO, without causing a large deepening of the steady state lysocline.
This could involve oceanographic changes which drive a large closed system or CaCO,
compensation response [Keir, 1988; Knox and McElroy, 1984], or which decouple the
saturation horizon from the lysocline [Sanyal et al., 1995]. Model experiment 3, an
increase in the fraction of C,, export production which reaches the deep ocean, represents a
low latitude production change which might do both of these things [Archer and Maier-

Raimer, 1994; Boyle, 1988].

Model Experiment 3: Deepening the C_ . Regeneration Profile

Deepening the C_, regeneration profile reorganizes the DIC distribution of the
ocean, increasing the DIC/ALK ratio of the deep ocean and thus causing a transient
dissolution event [Boyle, 1988]. This scenario for the glacial ocean is viable if new
production increased or became more seasonal during glacial periods, since a larger
proportion of new production sinks through the intermediate ocean when the production

rates are high and/or sporadic [Billet et al., 1983; Bishop et al., 1980].
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A change in the organic matter regeneration profile from 84%/16%

(intermediate/deep) to 60%/40% causes CO, decreases of 15 and 19 ppm in the

compensated and open system scenarios, respectively, but no CO, change in the closed
system scenario (figure 4a, figure 5.3 a). Thus, this pCO, decrease noted here is almost
entirely due to CaCO, input/output processes. The CaCO, compensation response (a
dissolution event) dominates the CO, response, so that the compensated case CO, decrease
is nearly the same as the open system case CO, decrease.

Deepening the C,,, regeneration profile increases the amount of DIC (relative to

ALK) which is transported to the deep ocean. As a result, the [CO{’] in the deep ocean

decreases by 7 UM in the closed system model. In the compensated and open system cases,

this [CO3'2] decrease drives a transient dissolution event, evident as a minimum in lysocline

depth at 2 kyrs in the North Pacific (figure 5.3 d). This lysocline shoaling decreases the
seafloor area over which CaCO, burial occurs, which leads to a deficit in burial relative to
river input (figure 5.3 b). The dcﬁcit in burial causes the ocean to gradually increase in the
components of dissolved CaCO,. The whole ocean change both lowers atmospheric CO,
(figure 5.3 a) and causes deep ocean [COa'z] to increase back to its initial value (figures 5.3
c,d).

Deepening of the regeneration of organic matter causes a net transfer of phosphate
from the intermediate boxes to the deep boxes [Boyle, 1988]. As a result, low latitude
export production and its associated CaCO, rain decrease by 10%. This leads to a whole-
ocean lysocline deepening of 0.2 km. Because of the route of deep circulation, the Atlantic
lysocline deepens much more than this, while the North Pacific lysocline shoals slightly
(figures 5.3 ¢,d). As with the other model experiments, in a glacial ocean with less NADW

production, this interbasin gradient would be weaker or absent.



While the CO, decrease in this experiment is not associated with a significant
change in the steady state saturation depth, the CO, decrease itself is less than 20 ppm.
Thus, it appears that this model experiment alone cannot lower atmospheric CO, levels to
observed glacial levels. However, we will see that the open system pCO, response for this
experiment is much greater when sedimentary respiration is included in the model of

CaCO, dissolution [Archer and Maier-Raimer, 1994]. In a later section, we will address

whether this consideration transforms this model experiment or the previous two

experiments into viable mechanisms for lowering atmospheric CO, to glacial levels.

Sensitivity of the Model Response to Production/Regeneration Parameters

We have carried out the model experiments using different values for these
parameters, as there are disagreements about what values should be used [e.g., Anderson
and Sarmiento, 1994]. The alternative parameter sets used for the model experiments,
referred to as "sensitivity tests", are summarized in table 1. These cases are not to be
thought of as model experiments themselves. Rather, each provides a new initial steady
state on which the model experiments are carried out. Sensitivity case | assumes a much

higher proportion of C__ oxidation in the deep box (60%) than in the standard case (14%).

g
Sensitivity case 2 assumes a low latitude CaCO,/C,, rain ratio of 0.2, rather than 0.4. Note
for this case that the assumed river input must also be halved; otherwise, the "interglacial”
steady state lysocline would be far too deep and atmospheric CO, far too low. Sensitivity
case 3 combines cases 1 and 2. We have not attempted to tune the model to interglacial
conditions using these different parameter sets (the change in the river input rate for
sensitivity case being the one exception). The initial atmospheric CO, concentration for
each of the sensitivity cases is given in table 2. The atmospheric CO, changes which occur

for the model experiments have been run for each of the three sensitivity cases, for the

closed, compensated, and open system cases (table 3). Because the standard interglacial

45



conditions vary among the sensitivity test cases, small (<5 ppm) differences should not be
considered significant.

For none of the sensitivity cases do we observe CaCO, compensation to
significantly enhance the CO, decrease associated with model experiment 1, the simple
increase in low latitude export production. The main reason for the modest CO, decrease in
model experiment 1, as described above, is the atmospheric CO, effect of shoaling of the
steady state lysocline. However, an equally important limitation on the CO, decrease is the
lack of a dissolution event following a low latitude production increase. That is, an increase
in low latitude production does not drive a major transient dissolution event in our model,
over a wide range of assumed production/regeneration parameters.

In our experience, the lack of a significant dissolution event associated with
enhanced low latitude production is a robust result for any model including intermediate-
depth boxes. We have previously obtained similar results to those described here using a
model of much simpler architecture [Lyle and Pisias, 1990]. By contrast, we and other
workers do observe a transient dissolution event when high latitude production is increased
simultaneously with the low latitude production increase [Boyle, 1988; Broecker and Peng,
1987]. Taken together, these results suggest that high latitude production is the major
driver of the dissolution event observed in previous model experiments of enhanced

productivity [e.g., Broecker and Peng, 1987].
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Part 2: the Effect of Chemical Erosion

The lysocline response to productivity changes on glacial/interglacial time scales
depends in part on the importance of chemical erosion, the reincorporation of buried CaCO,
into the sediment mixed layer due to the dissolution-driven contraction of the mixed layer
[Broecker et al., 1991; Keir, 1984; Oxburgh and Broecker, 1993]. The dissolution of the
exhumed CaCO, at the base of the lysocline would counteract an increase in the amount of
burial above the lysocline, so that the net seafloor burial may remain in balance with the
river input of dissoived CaCO,, and there may be no whole ocean reservoir change in ALK
and DIC.

The compensated and rain-based open system cases encompass the range of
possible lysocline effects of chemical erosion. If, in the real ocean, chemical erosion
prevents changes in the steady state lysccline on glacial/interglacial time scales, then the
compensated case is a good representation of how the ocean carbonate system will behave
over glacial/interglacial cycles. If, on the other hand, chemical erosion does not have a
strong buffering effect, then the open system case is a better representation. For changes in
low latitude production, the difference between these two cases can be large. Furthermore,
if chemical erosion prevents migration of the lysocline, then the lysocline depth cannot be
used as a constraint on inferred CaCO, production rate changes.

To assess the importance of chemical erosion, we have carried out our three model
experiments using the mixed layer open system model described above (respiratory
dissolution not included here). We discuss only the time-course of lysocline shoaling
which occurs upon the transition from the steady state of model experiment 2 to the
standard interglacial case (figures 7, 8, 9). This is the most relevant experiment because (1)
it involves lysocline shoaling, which can be affected by chemical erosion, and (2) it
represents a transition into an interglacial period, which has a shorter typical duration than

glacial periods. As explained in the Model Description section, we carry out these
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experiments on a version of our ocean model in which the low latitude basins are
combined, so that concentrations and fluxes of particles are the same in each basin'.

A key parameter with regard to the importance of chemical erosion is the non-
carbonate deposition rate. The deposition of non-carbonate material limits the importance of
chemical erosion by producing a carbonate-poor sediment column under conditions of low
preservation [Keir, 1984]. Therefore, the approach of the saturation horizon to a shallower
steady state depends on the assumed non-carbonate deposition rate (figure 7). The case of
20 g/m?/yr is an unrealistically high deposition rate and is shown here to approximate the
"no chemical erosion” case. A non-carbonate deposition rate of 2 g/m*/yr, which
corresponds to about 0.25 cr/kyr, is in the range of observations [Archer, 1996]. For this
deposition rate, the saturation horizon change is two-thirds complete after 10 kyrs (figure
7). Assuming a lower value of 0.2 g/m?/yr for the non-carbonate flux, chemical erosion
slows the shoaling of the lysocline enough that the shoaling would not be complete on
glacial-interglacial time scales. For this case, the saturation horizon change is <50%
complete after 10 kyrs. As most estimates of non-carbonate deposition rate are in the range
of 2 g/m®/yr, it appears that chemical erosion would not prevent the observable shoaling of
the saturation horizon on glacial-interglacial time scales, although it would play a clear role
1n the timing of this shoaling.

Figure 8 gives a more detailed view of the effect of chemical erosion. It shows the
ratio of CaCO, dissolution to CaCO, rain rate at different depths in the deep ocean for the
transition from experiment 2 steady state back to the standard interglacial case, assuming
non-calcite sedimentation rates of 20, 2 and 0.2 g/m¥yr. The rain is being completely

dissolved at a ratio of 1. Note that the zone of chemical erosion is about 0.5 km below the

I'The river input rate for CaCO, was adjusted to put the steady state interglacial saturation depth at 3.5 km.
In this case, the river input rate is identical to that of Keir (1988), 1.78x10" moles Ca/yr. Because of
differences in the rain-based and mixed layer open system cases, the lysocline responses are of slightly
different amplitudes and thus not directly comparable.
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saturation horizon; the exact depth is set by the combined effects of undersaturation and the
fraction of CaCQ, in the sediment mixed layer. A mixed layer that is composed mostly of
non-carbonate sediment will allow for very little chemical erosion regardless of the fraction
of CaCO, in underlying sediments, because the mixed layer cannot be condensed further by
dissolution. Assuming a non-carbonate rain rate of 2 g/m*/yr, the zone of
(dissolution/rain)>2 is less than 500 m thick and occurs only within the first 10 kyr. In
contrast, the doubling of the CaCO, rain rate leads to a doubling of CaCO, burial rates over
the entire depth interval above the lysocline. Thus, the excess dissolution due to chemical
erosion is not comparable in area to the increase in CaCO, burial rate. As a result, the
saturation horizon shoals despite the effect of chemical erosion.

CaCO, data from the equatorial Pacific suggest that the modern sediment column
from this region is far from steady state, with mixed layer %CaCO, decreasing gradually
over the present interglacial [Oxburgh and Broecker, 1993]. This does not require that the
alkalinity budget of the modern ocean is similarly far from steady state. For the same model
experiment described above, we compare the time course of %CaCO, change at three
depths in the deep ocean with the time course of saturation horizon shoaling (figure 9). The
%CaCO, content of seafloor sediment at 4.6 km decreases rapidly as the saturation horizon
shoals above this depth, reaching steady state in ~10 kyrs. At 3.6 km, near the depth to
which the saturation horizon eventually shoals, %CaCO, increases because of the increase
in calcite rain rate. At 4 km depth, the time course of %CaCO, combines these two
changes, at first increasing, then decreasing. This results in a very gradual approach to
steady state. Thus, the time scale over which a sediment column reaches its steady state
calcite content depends strongly on its position relative to the migration of the saturation
horizon. The degree of imbalance in the sedimentary CaCO, budget at any one depth
provides little information about the degree to which the alkalinity budget of the ocean is

out of steady state.
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Part 3: the Effect of Sedimentary Respiration-Driven Dissolution

The model of CaCO, dissolution used in the comparison of closed and open system
processes follows the traditional picture of bottom water undersaturation-driven dissolution
[Broecker and Takahashi, 1978). However, recent research on seafloor dissolution has
made two major observations which call for a different picture [e.g., Archer et al., 1989,
Berelson et al., 1994; Emerson and Bender, 1981; Hales et al., 1994; Jahnke et al., 1994
Martin and Sayles, 1996; Sayles, 1985]. First, the calcite dissolution rate constant appears
to be slower than previously thought. Second, porewater undersaturation due to sediment
respiration appears to be a significant driver of calcite dissolution.

In this section, we consider how these findings, when incorporated into the
dissolution model, affect the response to our three model experiments. Each model
experiment is repeated for the open system case, with two changes: (1) the dissolution rate
constant is changed from 30/day
to 1/day?, and (2) a simple parameterization for sediment respiration-driven dissolution
(respiratory dissolution) is included (see appendix 2). These two changes must be made
together to produce a realistic model of the lysocline [Emerson and Archer, 1990]. Our
comparison of model experiment responses for two dissolution models, one with
respiratory dissolution and one without it, is analogous to that of Archer and Maier-Raimer
[1994]. However, we focus on the relationship between the saturation horizon and the
lysocline.

For our parameterization for respiration-driven dissolution, we have chosen a C,,
oxidation profile within the sediments which tends to emphasize the importance of

respiratory dissolution in the open ocean (see appendix 2). On the other hand, the CaCO,

2We use a dissolution rate constant k, of 1/day for consistency with Archer and Maier-Reimer (1994).
However, we use 30/day for the case without respiratory dissolution rather than their value of 100/day,
which generates an unrealistically sharp lysocline in our model.
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rain rate of 18.5 g/m%*yr may be in the high end of estimates for CaCO, rain rate [Honjo,
1996). Perhaps the most pertinent point is that 32% of the CaCO, rain dissolves at the
saturation horizon in our standard interglacial case. This value is in the ranges of estimates
from open ocean studies and modelling work, although it is probably in the lower end of
the range in both of these regards [Archer, 1991a; Martin and Sayles, 1996].

One of the major determinants of the saturation horizon/lysocline relationship is the
depth dependence of the C, rain within the deep ocean. Sediment trap data and benthic
oxygen flux data show a decrease with depth in the supply of C,, to the sediments, both in
the open ocean [Berger et al., 1988; Martin et al., 1987; Suess, 1980] and on continental
slopes [Smith, 1978). This depth dependence of the C,, rain explains the weakness of the
depth dependence in measured rates of respiratory dissolution [e.g., Hales et al., 1994]
(appendix 2, figure AII-3). We first show the model experiments under the assumption that
the C,,, rain is independent of depth within the deep boxes (1.5-6.5 km). Then we show
the result of including a relatively minor C,, rain depth dependence, focussing on model
experiment 3.

The atmospheric CO, and saturation depth changes are shown in figure 10.
Experiment 1, the ~30% increase in low latitude production, is essentially unaffected when
respiratory dissolution and a slower rate constant are incorporated into the model, with the
saturation depth shoaling by 400 m and atmospheric CO, decreasing by 16 ppm.
Experiment 2, halving the low latitude CaCO,/C,, rain ratio, results in a 14 ppm greater
CO, decrease (68 ppm rather than 54 ppm) and a 600 m greater deepening of the saturation
horizon when respiratory dissolution and a slower rate constant are incorporated into the
model. Experiment 3, deepening the C,, water column regeneration profile, results in a 55
ppm CO, decrease when respiratory dissolution and a slower rate constant are incorporated
into the model, as opposed to a 16 ppm decrease without these changes. This large

enhancement is driven by a 1.4 km increase in the ocean-average saturation depth.
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These results are consistent with those of Archer and Maier-Raimer [1994] for
similar experiments. Because of the large CO, decreases which model experiments 2 and 3
cause when respiratory dissolution is included, Archer and Maier-Raimer [1994] suggest
that these types of changes represent viable mechanisms for lowering atmospheric CO,
levels during the last glacial.

While information about the glacial lysocline is incomplete, the bulk of the data
suggests no large difference in the ocean-average lysocline depth between the modern and
glacial oceans [Catubig et al., 1994]. Given the large increases in the saturation depth
associated with experiments 2 and 3, a key implication of the Archer and Maier-Raimer
[1994] hypothesis is that an increase in the importance of respiratory dissolution would
decouple the glacial saturation horizon from the lysocline, so that the saturation horizon
could deepen by a degree that would not be evident in the %CaCO, distribution for the last
glacial. We address this prediction by comparing the changes in saturation depth with the
coincident changes in the %CaCO, of surface sediments on the deep seafloor.

Figure 11 shows the change in surface sediment %CaCO, and CaCO, burial rate for
each of the three model experiments, with respiratory dissolution active. For model
experiments 2 and 3, the lysocline deepens by 800 m or more. This lysocline deepening
can be understood as a result of the importance of bottom water saturation state to both
bottom water-driven dissolution and respiration-driven dissolution [Archer, 1991a]. In
these experiments, respiration-driven dissolution has not become so great as to dissolve all
CaCO, above the saturation horizon.

The lysocline deepening that occurs in model experiments 2 and 3 can also be
understood from the perspective of the river/burial CaCO, balance. These experiments
enhance the relative importance of respiratory dissolution, making CaCO, burial rates less
depth-dependent, with proportionally more of the dissolution occurring on the shallow

seafloor (figure 11e, 11f). With less CaCO, burial in the shallow ocean, there must be an
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increase in CaCO, burial rates in the deeper ocean. As the fraction of CaCO, in open ocean
sediments does not drop off significantly until the burial rate is <25% of the CaCO, rain
rate to the seafloor, the “smearing out” of CaCO, burial, with lower burial rates over a
larger depth range, results in a significant deepening of the lysocline. For instance, in
model experiment 3, the amount of the CaCO, rain that dissolves at the saturation horizon
increases from 30% to 80% (figure 11 f). The depth dependence of CaCO, burial is greatly
reduced in this case, leading to about 0.8 km of lysocline deepening (figure 11 c).

Once CaCO; dissolution is controlled primarily by organic matter respiration, it is
possible to deepen the saturation horizon without causing a significant deepening of the
lysocline. Model experiment 3’, in which the fraction of C,, reaching the deep box is
increased to 60% (rather than to 40% in experiment 3), causes only a 0.3 km greater
deepening of the lysocline than occurs in experiment 3, although the saturation horizon
deepens by an additional 1.2 km (figure 11 c¢). The depth dependence of CaCO, burial is
already very gradual in model experiment 3. The higher rate of respiratory dissolution in
model experiment 3’ does not significantly change this pattern (figure 11 f), so that there is
no additional mass balance feedback driving the lysocline to deepen further. As a result, the
increase in the C,, rain rate from experiment 3 to experiment 3’ counteracts the effect of an
increase in the saturation depth, resulting in little net change in the depth of the lysocline.

The conditions of model experiment 3’ are fairly extreme. The CaCO,/C,, ratio of
the rain onto the seafloor (to be distinguished from the rain out of the surface ocean) is 0.5
in experiment 3’, whereas typical values for this ratio in the greater part of the modern
subtropical ocean appear to range between 1 and 2 [Archer, 1991a; Honjo, 1996; Honjo et
al., 1995; Honjo and Manganini, 1992]. The transition from modern conditi;)ns to those
conditions require a major deepening of the whole ocean lysocline.

While decreasing the CaCO, rain rate (model experiments 2 and 2’) has the same

general effect on the saturation depth as increasing the C_,, rain rate (model experiments 3
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and 3’), these two mechanisms do not have identical effects on the lysocline/saturation
horizon relationship. Model experiment 2, a decrease in the CaClO,/C,, rain ratio out of
the surface ocean from 0.4 to 0.15 (rather than to 0.2 for experiment 2), still has not
managed to separate the lysocline from the saturation horizon. The low latitude CaCO, rain
cannot be less than 0.15 in our model; below this value, there is not enough CaCQO, rain to
balance the riverine input of alkalinity. Thus, in our model, a simple decrease in the CaCO,
rain rate cannot cause a separation of the lysocline from the saturation horizon.

We have assumed to this point that the amount of C_, being oxidized in sediments
is independent of depth below 1.5 km (i.e., in the deep boxes). Here, we repeat model
experiments 3 and 3, in this case assuming a depth dependence of the C,_ rain to deep sea
sediments. We use the C,, rain depth dependence of Archer and Maier-Raimer [1994],
adjusted for the depth dependence in the CaCO, rain assumed in their model and
normalized to give the same C,, rain rate at 3.5 km as in the case of no C,, rain depth
dependence (appendix 2 figure AlIl-2). The C, rain depth dependence yields a 30% lower
C,,, rain rate at 6.5 km than at 1.5 km (the top of the deep boxes), which is gradual in
comparison to the decrease defined by the equations of Suess [1980], Martin et al. [1987],
and Berger et al. [1988].

Even with this relatively subtle der h dependence of the C, rain, we see a
significant change in the model response. When this depth dependence is included, the
lysocline deepening for both model experiments 3 and 3' is only slightly less than the
deepening of the saturation horizon (figure 12a). This stronger coupling between the
lysocline and the saturation horizon compared with the results without the C . depth
dependence is due to the increase in the fraction of calcite dissolution on the shallow sca
floor relative to deeper dissolution, near and below the saturation horizon (figure 12b).
Respiratory dissolution well above the saturation horizon causes both the saturation horizon

and the lysocline to deepen because it increases the area of seafloor burial required to match
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the river inputs of ALK and DIC. In contrast, respiratory dissolution at and below the
saturation horizon tends to shoal the lysocline relative to the saturation horizon. By adding
a depth dependence to C_, rain in the deep boxes, we increase the amount of dissolution on
the shallow sea floor relative to dissolution near the saturation horizon. This reduces the
tendency for respiratory dissolution to decouple the saturation horizon and the lysocline.
This effect would be particularly important for the hypothetical case in which the saturation
horizon is shifted to very great depths [Sanyal et al., 1995].

In summary, our model experiments suggest that deepening of the saturation
horizon due to an increase in respiratory dissolution leads to a significani deepening of the
lysocline as well. For what we consider to be our most realistic model of respiration-driven
dissolution (i.e., including a depth-dependent C,, rain in the deep boxes), the
lysocline/saturation horizon decoupling is insignificant relative to the overall lysocline
deepening (figure 12). Even under the most favorable conditions, the lysocline deepens by
at least a kilometer in the hypotheses explored by Archer and Maier-Raimer [1994] and
Sanyal et al. [1995].
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Part 4: Coupled Changes in the Quantity and Characteristics of Low
Latitude Production

Neither an increase in low latitude production, a change in its CaCO,/C,, rain
ratio, nor a deepening of C, , regeneration, when cccurring alone, could have
lowered atmospheric CO, to glacial levels without causing unobserved changes in the
depth of the steady state lysocline. As we have shown, increasing low latitude
production causes the steady state lysocline to shoal (model experiment 1), while
decreasing the rain ratio of this production causes a lysocline deepening (model
experiment 2<ns1:XMLFault xmlns:ns1="http://cxf.apache.org/bindings/xformat"><ns1:faultstring xmlns:ns1="http://cxf.apache.org/bindings/xformat">java.lang.OutOfMemoryError: Java heap space</ns1:faultstring></ns1:XMLFault>