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DYNAMICS OF THE EQUATORIAL UNDERCURRENT
AND ITS TERMINATION

by S. Wacongne

submitted in January 1988 in partial fulfillment of the requirements
for the Degree of Doctor of Philosophy in Physical Oceanography.

ABSTRACT

This study focuses on the zonal weakening, eastern termination and
seasonal variations of the Atlantic equatorial undercurrent (EUC). The
main and most original contribution of the dissertation is a detailed
analysis of the Atlantic EUC simulated by Philander and Pacanowski's
(1986)general circulation model (GCM), which provides a novel description
of the dynamical regimes governing various regions of a nonlinear strati-
fied undercurrent.

Only in a narrow deep western region of the simulation does one
find an approximately inertial regime corresponding to zonal acceler-
ation. Elsewhere frictional processes cannot be ignored. The bulk of
the mid-basin model EUC terminates in the overlying westward surface
flow while only a small fraction (the deeper more inertial layers)
terminates at the eastern coast. In agreement with observations, a
robust feature of the GCM not present in simpler models is the apparent
migration of the EUC core from above the thermocline in the west to below
it in the east. In the GCM, this happens because the eastward flow is
eroded more efficiently by vertical friction above the base of the ther-
mocline than by lateral friction at greater depths. This mechanism is a
plausible one for the observed EUC. A scale analysis using a depth scale
which decreases with distance eastwards predicts the model zonal trans-
ition between western inertial and eastern inertio-frictional regimes.

Historical and recent observations and simple models of the
equatorial and coastal eastern undercurrents are reviewed, and a new
analysis of current measurements in the eastern equatorial Atlantic is
presented. Although the measurements are inadequate for definitive con-
clusions, they suggest that Lukas' (1981) claim of a spring surge of the
Pacific EUC to the eastern coast and a seasonal branching of the EUC
into a coastal southeastward undercurrent may also hold for the Atlantic
Ocean. To improve the agreement between observed and modelled strength
of the eastern undercurrent, it is suggested that the eddy coefficient
of horizontal mixing should be reduced in future GCM simulations.

Thesis supervisors:
Mark Cane, Doherty Senior Scientist, Adjunct Associate Professor in

Geological Siences, Visiting Professor at the Center for
Meteorology and Physical Oceanography at M.I.T.

Philip Richardson, Associate Scientist, Physical Oceanography, W.H.O.I.
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INTRODUCTION

The equatorial undercurrent (EUC) is a swift narrow subsur-
face jet found in the equatorial Pacific and Atlantic thermocline (and
in the Indian Ocean thermocline on a seasonal basis) below predominantly
westward surface flow. This current has been the object of many obser-
vational and theoretical studies over the last forty years which
resulted in an abundant literature on observations and theoretical
justifications of the undercurrent existence. The following questions
related to the dynamics of the EUC are however still unanswered. How
does the EUC form in the western equatorial oceans and how does it
terminate in the east ? What is the zonal evolution of the system ? How
do EUC speed and transport depend upon the forcing (Why is the Pacific
EUC stronger than the Atlantic EUC, given southeasterlies of similar
magnitude over both basins'?) How does the EUC vary on seasonal and
interannual time scales T

This thesis contributes elements of answers to some of these
questions, through two distinct studies. The first, observational, is
aimed at determining whether presently available velocity measurements
in the Gulf of Guinea (eastern equatorial Atlantic) confirm the circula-
tion pattern for the EUC termination inferred from indirect methods.
Special attention is given to a southeastward branching of the EUC into
a poleward coastal undercurrent. While it is demonstrated that the spa-
tial and temporal distribution of the velocity measurements is inade-
quate to allow for definitive conclusions, two partial conclusions can
be made. First the analysis of unpublished moored profiler current
meter measurements off Gabon and Congo presented in this thesis provides
the first statistically significant estimate of a mean poleward under-
current (possibly seasonal) above the shelf break. Second the various



velocity measurements reviewed in the eastern equatorial Pacific and
Atlantic do not contradict Lukas'(1981) hypothesis of a seasonal surge
of eastern EUC waters leading to a direct seasonal branching of the EUC
into the coastal southeastward undercurrent near the longitude where
the equator meets the eastern boundary.

The second study proposes a possible balance of zonal forces
for a nonlinear stratified EUC. The results are obtained from the diag-
nostic analysis of a climatologically forced general circulation model
(GCM) of the tropical Atlantic (Philander and Pacanowski, 1986a). No
complete theory of a nonlinear stratified undercurrent is presently
available, and no set of measurements yields estimates of all dynamical
terms at one time. Thus the appropriate set of approximations one
should use to study the dynamics of the observed EUC is not conclusively

determined. However, that the core of the EUC is generally found in
the thermocline suggests the importance of stratification. Further,
both direct measurements and order of magnitude estimates point to the
importance of the advective terms in the zonal momentum equation. On
the other hand, theoretical studies have shown that virtually any
combination of terms from the zonal momentum balance can result in an
eastward subsurface flow under realistic forcing, even in a homogeneous
layer. The approach undertaken in this dissertation was thus a logical
step: start with the flow simulated by a model able to reproduce most
of the physical processes expected to play a role at the equator, and
reconstitute the dynamical balances within the simulated flow. The
simulated flow is thus described in detail, the terms of the zonal
momentum balance are computed, several regions of simplified dynamical
regimes are identified and the relevance to the real ocean is discussed.
This somewhat novel approach is found powerful and promising for the
study of other oceanic processes with comparably rich dynamics.

The most robust feature of the EUC zonal evolution in both
the observations and the simulation is shown to be a relative eastward
diving of the EUC core from above the (deep) western thermocline to



below the (shallow) eastern thermocline. Simpler models of the under-
current have so far been unable to simulate this feature, justifying
our analysis of the GCM. The reason for the apparent crossing of the
thermocline by the EUC in the model can be traced to differential dis-
sipation on the upper and lower layers of the undercurrent: the east-
ward momentum of the upper layers is dissipated at a fast rate by
vigorous vertical friction against the overlying westward flow, while
the eastward momentum of the lower layers is dissipated at a slow rate
by weak lateral friction. Even though there is in the west more
eastward momentum above than below the base of the thermocline, the

upper momentum is discarded faster along the EUC eastward course and the
vertical profiles in the east eventually exhibit more eastward momentum
below than above the base of the thermocline. We suggest that this is a
plausible mechanism for the apparent crossing of the thermocline by the
observed undercurrent.

A simple scale argument applied to the upper undercurrent
can explain the zonal transition between the inertial and the eastern
frictional regimes identified in the GCM simulation. It is argued that
a proper depth scale for the upper undercurrent must decrease from west
to east as does the thermocline depth. Therefore a longitude can exist
at which the decreasing depth scale of the inertial regime becomes
comparable to the depth scale of the overlying frictional sublayer
(directly forced by the imposed wind stress), and past which the two
regimes merge into one.

The dissertation is organized as follows:

Chapter 1 presents a review of observations and theories of the EUC of
relevance to its zonal and temporal variations, focusing on the
possible role of zonal pressure gradient variations in forcing
EUC variations.



Chapter 2 concentrates on the EUC termination in the eastern equatorial
Pacific and Atlantic oceans and presents a new analysis of data
bearing on the question of the connection of the Atlantic EUC to
a poleward undercurrent off Gabon and to the EUC seasonality at
4'W.

Chapter 3 contains the diagnostic analysis of the Atlantic EUC
simulated by the Philander and Pacanowski's GCM and the
description of the zonal, meridional, vertical and temporal
structure of the model zonal momentum balance.

Chapter 4 analyses the performance of the GCM in simulating real
Atlantic observations and proposes parameter changes which may
improve the agreement between the two.

Chapter 5 offers a more conceptual interpretation of the dynamical
regimes identitied in the GCM simulation. These regimes are
compared to the predictions of steady models and a new simple
conceptual model of an upper x-dependent EUC is built, which
provides a visual illustration of the zonal transition between
western inertial and eastern frictional regimes.



Chapter 1. OBSERVATIONAL AND THEORETICAL REVIEW

This chapter discusses basic concepts for the existence of

the equatorial undercurrent and reviews current knowledge of its large
scale zonal evolution based on available observations and model predic-

tions. Observational and theoretical evidence for a relationship

between the zonal structure of the EUC and that of the wind stress
forcing (via basin-wide pressure gradients and local upwelling) is

specially investigated.
For general reviews of equatorial and undercurrent measure-

ments and dynamics, the reader is referred to Arthur (1960), Montgomery
(1962), Philander (1973), Gill (1975), Moore and Philander (1977),

O'Brien (1979), Philander (1980), Leetmaa, McCreary and Moore (1981),
Cane and Sarachik (1983), Knox and Anderson (1985), McPhaden (1986),
and Eriksen and Katz (1987).



1.1 Wind forcing over the tropics
The main wind system over the tropical Atlantic and Pacific

Oceans are the Southeast trades, which converge towards the Northeast
trades, meeting them at the intertropical convergence zone (ITCZ),

located on average north of the equator. In both oceans, this regime
becomes a southwest monsoon over the easternmost basin. The dynamical

forcing is therefore neither symmetrical with respect to the equator

nor uniform with longitude. On seasonal time scales, the ITCZ migrates

meridionally, creating in the central equatorial Atlantic and Pacific a

pattern of strongest winds during boreal summer when the ITCZ lies at
its northernmost position, a secondary maximum during austral summer
when it reaches south of the equator, and weakest winds in early

spring, with a secondary minimum in late fall. Climatological wind
stress fields were computed for example by Wyrtki and Meyers (1976) for

the Pacific Ocean, and by Hellerman and Rosenstein (1983) for the world

oceans.

The main differences in the wind fields of the tropical
Atlantic and Pacific are found in their structure with longitude (Fig-
ure 1) and in the relative importance of their interannual and seasonal

variations. Over the Atlantic ocean, the mean zonal wind stress, from
westerly off the African coast, grows more and more easterly towards

the west, and reaches a peak near 40'W, very close to the Brazilian
coast. Over the Pacific Ocean, which is between two and three times as
wide as the Atlantic, the mean wind stress is again, from westerly off
the coasts of Ecuador, more and more easterly towards the west, but it
peaks around 150W, i.e. at about the center of the basin, and decreas-
es further west to westerly off Indonesia. Part of the year, westerly
winds are observed over much of the western Pacific. If one compares
only the zonal wind stress over the Atlantic and the eastern Pacific,
longitudinal patterns are actually very similar. Differences occur in
the ranges of variation of the zonal wind stress with time: seasonal
changes have similar amplitudes in the eastern Atlantic and the east-
ernmost Pacific, but they are larger in the western Atlantic (0.5 to
1.0 dynes/cm 2) than in the central Pacific (0.5 to 0.8 dynes/cm2 ).
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Figure 1: Longitude-time plots of the Hellerman and Rosenstein (1983)
zonal wind stress at the equator over (a) the Atlantic Ocean;
(b) the Pacific Ocgan. Easterlies are dotted; values larger
than -0.5 dynes/cm (in absolute value) are cross-hatched.
(Philander and Pacanowski, personal communication).
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Also, while the Atlantic seasonal signal is more annual (one extremum
per year) in the west, more semi-annual (two extrema per year) in the

center and the east (due to the tilt of the ITCZ), the Pacific seasonal
signal is more annual at the easternmost and westernmost longitudes,

and more semi-annual at the center of the basin. Finally, interannual
wind variations have been observed over both the equatorial Pacific,
where they have been intensively investigated in connection with El
Nino events (Wyrtki, 1975), and the equatorial Atlantic (Picaut et al.,

1984). In both cases, interannual variations affect more the central
or western longitudes than the eastern ones. Their amplitude is, how-
ever, larger in the central and western Pacific (where they can domin-

ate the seasonal signal) than in the western Atlantic.

The situation over the tropical Indian ocean is drastically
different. Each year, southwest winds dominate the atmospheric circu-
lation during boreal summer and globally switch to the northeast for a
few months during boreal winter (Wyrtki, 1973). Only then is the wind
stress field similar to that over the other two equatorial oceans, with
however a northerly rather than a southerly component and a more com-
plicated zonal structure (easterlies are confined to the western part
of the basin only).

Steady easterlies blowing over a meridionally bounded

tropical ocean have two main effects on the surface water: (1) to pile
it up towards the western boundary along the equator, creating an east-
ward zonal pressure gradient (ZPG) force which acts against the wind
stress, (2) to drive it polewards through Ekman divergence, creating
upwelling at the equator to replenish mass. The presence of a south-
erly wind'component introduces a meridional asymmetry: surface waters
are driven northwards across the equator and a convergence (divergence)
appears north (south) of it at the latitude of transition with the off-
equatorial eastward (westward) Ekman transport. [In the simplest case
of an x-independent southerly wind, the ocean response is also x-
independent (away from meridional boundaries) and the convergence and
divergence north and south of the equator are purely meridional
(Cromwell, 1953). Their existence does not require nonlinearities.]



The latitudes of convergence and divergence constitute dynamical
boundaries onto which a meridional tilt of the sea surface slope gets
anchored, upwards to the north, corresponding to a southward pressure

gradient force which opposes the southerly wind stress. The combined

effect of the easterly and southerly components of the wind is there-

fore to create a southeastward pressure gradient force at the equator

and to displace the region of divergence south of the equator. As the
winds change, so do the surface ZPG, the upwelling rate, and presumably
the equatorial circulation as a whole. But the way in which the
adjustment takes place depends on the magnitude and the rapidity of the
changes in the wind stress since these changes affect the Ekman flow
and thus the upwelling rate instantly, but they affect the ZPG on a

longer time scale as adjustment of the density field requires

propagation and reflections of equatorial waves (section 1.6.2).

1.2 Simplest explanations for the existence of steady eastward flow
within the equatorial thermocline

The earliest models of a steady EUC are based on three
main ideas: zonal pressure gradient forcing, conservation of
vorticity and driving by upwelling.

1.2.1 Zonal pressure gradient forcinj

Since the Coriolis force becomes zero at the equator, no

deflection occurs there, and zonal flow is expected to be driven by
zonal forces. Accordingly, the EUC has been described as a compensa-

tion current flowing "downhill" below a frictionally driven westward
surface flow. The implicit assumption is made that the vertical decay
scale of westward stress due to the local wind is less than that of the
eastward ZPG force set up basinwide by the easterlies which accumulate
water at the western boundary of the ocean. (That the frictional
stresses would become negligible at shallower depths than the ZPG force
is an empirical fact at higher latitudes where theories of a thermally



driven inviscid interior are very successful; however frictional

effects may reach deeper at the equator where penetration scales are

difficult to predict a priori). In a stratified ocean with a sharp
thermocline, one expects pressure gradients to weaken rapidly with
depth through baroclinic adjustment and to become negligible below the

thermocline, and one expects motion below the thermocline to be much

weaker than motion above, with the EUC confined at levels of net east-
ward force. The importance of the equatorial ZPG was first stressed by
Montgomery and Palmen in 1940, in connection with the dynamics of the
North Equatorial Countercurrent (NECC). Their arguments apply more
convincingly to the EUC, as the deflecting force present at the lati-
tude of the NECC vanishes at the equator, simplifying the reasoning.
Thus, in a baroclinic system forced by steady easterlies, the expected
vertical profile of (-p ) is maximum (and positive) at the surface. In
other words, the ZPG forcing exists (with weakening amplitude) from the

surface down to some level in or below the thermocline, and its ten-
dency is to drive the corresponding water column eastwards in a surfa-

ce-intensified jet. Only because of the presence of the stress-driven

surface westward flow (which sets up the opposing ZPG) does the "under-

current" have a subsurface core. If the local winds, after establish-
ing the ZPG, were to disappear temporarily, then on time scales short
compared to the relaxation of the density field, the maximum eastward
flow would indeed be found at the surface (Philander, 1973).

A similar argument applies to the meridional flow: with

the southerly component of the wind stress driving frictionally a

northern component of flow and creating a positive meridional surface
slope across the equator, water at subsurface levels is expected to be

driven southwards by the resulting meridional pressure gradient force,
rationalizing the often observed slight southern shift of the EUC core.

[During the 1982-84 FOCAL program, for example, six out of the nine
cruises show such a shift near 25'W (Hnin, Hisard and Piton, 1986)].



1.2.2 Conservation of vorticity
Looking at meridional sections of water properties in the

central equatorial Pacific, Cromwell (1953) found evidence for equato-
rial upwelling, which he related to surface Ekman divergence off the

equator. Using isentropic analysis, he then deduced a pattern of

meridional circulation consisting of divergent flow at the surface,

upwelling at the equator, and convergent flow in the thermocline, to
be superimposed on any existing zonal flow.

Using an idealization of Cromwell's meridional circulation,
symmetrical with respect to the equator, Fofonoff and Montgomery (1955)
showed that conservation of absolute vorticity implied a nonlinear
transformation of the subsurface equatorward flow into eastward flow

at the equator. As the authors pointed out, an eastward ZPG force is
still needed in that model to account for "the gain of eastward momen-

tum by the water flowing towards the equator"; this is better understood

in terms of gain of angular momentum, as explained by Cane (1980).

Consider a steady frictionless horizontal system where x-gradients
other than px are negligible compared to y-gradients, and call y0 the
latitude from which water originates; the equations of conservation of
momentum and vorticity reduce to:

du/dt - fv = (uy - Sy)v =-p/p

d(f+ )/dt = -v(uy -By) = 0

So:

u - By = px/(Pv) = -sy0 , assuming uy(y 0) = 0,

u = sy - p /(pv) = (y - y0
and, at y = 0:

u(0) = -ey02/2 + 0  )/(pv) dy = +oy02/2 , assuming u(y0) = 0.

Without a positive ZPG force (-p ), the angular momentum (uy - sy)
would be conserved and the flow at the equator would be westwards [cf



Hide's (1969) theorem according to which the winds at the equator can-
not be westerly]. Furthermore, it is because of the existence of a
negative p in and above the thermocline that an equatorward return
flow of Cromwell's meridional circulation occurs and that it occurs

geostrophically throughout these levels (rather than in some bottom
frictional layer), making the vorticity conservation argument relevant

to the EUC. So one obtains the surprising result that the velocity of

the EUC does not depend on the magnitude of the ZPG which forces it,

but only on the latitude of origin of the meridional flow.
In terms of predicting u(O) though, this result is more

conceptual than practical, since it shifts the problem to that of pre-

dicting y0. Furthermore, given y0, one only gets an order of magnitude

estimate for u(0), since, rigourously, the above integration is not
valid all the way to the equator where, in a steady state, friction is
needed to remove the discontinuity in uy , i.e. to "smear" out the

unrealistic cusp that the above nonlinear solution develops. In order

to satisfy uy = 0 at y = 0, the approximation of the zonal momentum
equation used above must break down within some equatorial boundary

layer. More dynamical terms are needed to balance p x and the flow

may no longer be considered two-dimensional and conservative. The case
of a homogeneous ocean was treated accordingly by Charney (1960) and
Charney and Spiegel (1971). Finally, saying that u(O) does not depend

on px is not saying that u(O) is independent of the wind forcing alto-

gether: if one estimates y0 as the latitude of transition between
linear tropical regime and nonlinear equatorial regime, dimensional
analysis for a homogeneous ocean gives a dependence of y0, and there-

fore of [u(O)] "2, on t according to Charney and Spiegel (1971),

and Cane (1979), or on T;1/8 according to Pedlosky (1987) [cf
section 5.1.2].

1.2.3 Driving by upwe!1_1inj
On a meridional section, isopycnals display a vertical

spreading equatorwards, with meridional slopes off the equator consis-
tent with geostrophic eastward flow. Thus the presence of the EUC can



be anticipated by geostrophic arguments (Yoshida, 1959) and the problem
is to explain the meridional structure of density. Yoshida uses steady
linear frictional dynamics in a stratified ocean to explain this merid-
ional structure in analogy with coastal upwelling: isopycnals are de-
formed by the subsurface convergence and equatorial upwelling necessary
to compensate the surface divergence caused by the easterlies, with
upward advection of density balanced by downward diffusion. Subsurface
convergence in turn may be due to equatorward flow in the central
basin, according to Cromwell's meridional circulation, or to downstream
deceleration of the EUC itself as it approaches the eastern boundary.

As Yoshida's ocean is viscous, meridional convergence needs
not be geostrophic, and it might seem that his mechanism would generate
an EUC independently of any ZPG. At closer look however, his argument
may explain the upward sloping of the upper isopycnals equatorwards, but
not the downward sloping of the lower ones. The change of sign of the
slope is necessary for the existence of a subsurface eastward jet:
according to the thermal wind equations, the upper region of spreading
corresponds to a negative uz, the lower region to a positive uz. The
simple equations used by Yoshida simulate an interesting surface pole-
ward flow which peaks slightly off the equator and which tends to
Ekman's solution at higher latitudes, and a surface-intensified zonal
jet centered at the equator in the direction of the wind (uz < 0).
In the absence of ZPG, no eastward subsurface maximum is simulated
unless artificial boundary conditions are imposed. But if a negative
ZPG is present, it may become possible for u to change sign with
depth, and we are back to the case of ZPG forcing. Neglecting lateral
friction, the steady linear zonal momentum balance (ZMB) reduces to:

-8yv = -px/P + (vu z'

At the equator, if there is no ZPG:

(vuz)z = 0 , with vuz = ( at z=0

and so:

vuz = t,(x) < 0 for all z.



If now there is a negative ZPG, i.e. a positive ZPG force:

-(Vuz z ~ xP */

vuz ~ x(-p/p) dz
Jz

Since TX < 0 and 0(-p/P) dz > 0

vuz increases (as IzI increases) from the negative value it has at
the surface, and becomes positive below the depth D defined by:

( -p /p) dz = - 'x
-D

provided that the variations of p with z make this definition
possible. In this model it would be the subsurface eastward flow at

the equator which, with the help of some lateral diffusion of momentum,
creates the downward sloping of the lower isopycnals by geostrophic
mass adjustment.

The ZPG and the vorticity conservation arguments reviewed

above are not only the simplest but to date the only explanations for

the existence of eastward momentum at the equator. Through the years,

models of equatorial dynamics have tried to isolate the roles of stra-

tification, nonlinearities, lateral versus vertical friction, global
versus local forcing, and have been studied intensively to see how a
steady state is reached when winds are switched on over an ocean basin
initially at rest. They have not introduced altogether new physical
mechanisms for the EUC. Dimensional analysis and order of magnitude
estimates indicate that all terms of the ZMB may be important at the
equator. Their relative importance however is likely to change with
depth and stratification, so that it may be possible to define distinct
dynamical regimes over various depth ranges. Models which incorporate
only some of the terms may then be representative of only some regimes.
For instance, it is quite conceivable that, given an EUC whose core



lies in the thermocline, dynamics such as those of the Charney's (1960)
constant density nonlinear model apply to the upper layers of the cur-
rent (within the relatively well mixed surface layer), while the mech-
anism of convergent equatorward flow, driven eastwards at the equator

where p, is no longer balanced by the Coriolis force, apply to the
lower layers imbedded in the thermocline.

Before discussing the predictions of more elaborate models
in section 1.6, we will first review actual observations of the equa-
torial ZPG (1.3) and, when possible, relate them to observations of the
meridional circulation and of the state of the EUC (1.4). Since we are
interested in the large scale zonal evolution of the EUC, we will be
more interested in estimates of the large scale than of the local
equatorial ZPG.

1.3 Observations of the equatorial ZPG (or of the longitudinal
structure of the dynamic topography)

After an early discussion by Arthur (1960), measurements of
the ZPG have been reported, for the Pacific by Knauss (1966), Lemasson
and Piton (1968), Tsuchiya (1979), Meyers (1979), Halpern (1980),

Leetmaa and Spain (1981), Mangum and Hayes (1984), Bryden and Brady
(1985) and Lukas (1986), for the Atlantic by Katz et al. (1977), Lass

et al. (1983), Arnault (1984), Merle and Arnault (1985), Weisberg and
Weingartner (1986), Katz et al. (1986), and Hisard and Hlnin (1987),
for the Indian ocean by Taft and Knauss (1967) and Eriksen (1979). The
case of the Indian ocean will be considered separately in the follow-
ing, because of the extraordinary seasonality of the wind system there.

In both the equatorial Atlantic and Pacific oceans,
directly measured sea levels (e.g. from sea level gauges at Pacific
islands) are reported to be higher in the west on average. An upward

slope of the thermocline to the east is observed, consistent with an
upward slope of the sea surface to the west if one assumes small
motions below the thermocline (two-layer approximation). Because of
the large intensity of the currents above and in the thermocline,



located around 150 m in the central Pacific, around 75 m in the central
Atlantic, dynamic topography relative to a deeper level (typically

chosen between 500 db and 1000 db) is likely to represent pressure
adequately, as long as one is not concerned with the deep circulation.

Rebert et al. (1985) compared sea level gauge measurements to hydro-
graphic data at several locations within the tropical Pacific Ocean.

They checked that, between 15'N and 15'S, a good correlation exists

between directly measured sea levels and the dynamic topography of the

sea surface relative to 400 m.
When referenced to a deep level, pressure indeed decreases

from west to east in the western and central equatorial Atlantic and
Pacific. A typical order of magnitude for the surface ZPG force is
5 x 10 m s-2 (or equivalently 5 x 10- 5dyn g 1) in the central basin of
both oceans. The zonal slope however quickly flattens with depth as
mass readjusts baroclinicly. In the Pacific ocean, Lemasson and Piton

(1968) show that, for the period November 1964 to March 1965, the slope
of the dynamic height anomaly relative to 700 db is mostly flat at

200 db along the equator (Figure 2a). A similar result is reported by

Knauss (1966) who presents dynamic height relative to 1000 db along
the equator for the May 1958 Dolphin Expedition. In the Atlantic,
Merle and Arnault (1985) show similarly a vanishing slope at 200 m of the
annual mean relative to 500 db averaged between 20N and 2S (Figure 2b).

These results indicate, in agreement with local vertical profiles of p
reported for instance by Arthur (1960), Mangum and Hayes (1984) and
Bryden and Brady (1985), that the ZPG becomes negligibly small shortly

below the core of the EUC, as reviewed also in Weisberg and Weingartner
(1986). (Then, according to Arthur's simple steady linear stratified
model used at the end of section 1.2, the source for the eastward
momentum still present in the region of no, or even slightly reversed,
ZPG below the thermocline can be just downward diffusion from the core
above).

Another feature apparent on the zonal sections of Figure 2
is the eastern reversal of the surface ZPG, in regions of southwest
monsoons in both oceans [i.e. east of about 10'W in the Atlantic and



90 W in the Pacific]. This has been suspected of slowing down the EUC
(Knauss, 1966; Rinkel et al., 1966; Hisard, 1973). The reversal how-
ever does not appear to reach deep below the surface and, at the
levels of eastward flow, one sees more of a gradual decrease of the

slope with longitude than a sudden change at a given longitude.

1.3.1 Seasonal variations of the eguatorial ZPG in the Atlantic
Seasonal variations of the ZPG in connection with seasonal

variations of the zonal wind stress have been studied mostly in the
equatorial Atlantic, using data from global experiments such as GATE
(early to late summer 1974), FGGE (part of the Global Weather Experi-

ment, August 1978 to March 1980), and SEQUAL/FOCAL (fall 1982 to fall

1984).

Katz et al. (1977) analysed the GATE data and, combining

them with earlier observations from the experiments EQUALANT I (March-
April 1963) and EQUALANT II (August-September 1963), found evidence for

a seasonal cycle of the ZPG in phase with the seasonal cycle of the
zonal wind stress, i.e. minimum in the spring when the ITCZ lies clos-
est to the equator, and maximum in early fall, after the ITCZ migrated

to its northernmost location. The vertical integral of the ZPG, which

is the quantity that one wishes to compare to the surface stress

(cf section 1.2), was approximated by the value of px at 50 db (rela-

tive to 500 db), i.e. close to the EUC core depth, multiplied by a
depth of 100 m; a linear fit was computed through the data points west

of 10'W, reducing the field of ZPG to one value, which was then com-
pared to a zonal average of the zonal wind stress. A similar analysis

was performed from the FGGE data, confirming the pattern of lower ZPG
in the spring, higher ZPG in the fall, and suggesting that these varia-

tions follow similar changes in the wind stress by one to two months

(Lass et al., 1983). A longitudinal variation was also noted in the

western and central parts of the basin, attributed to a similar longi-
tudinal variation in the wind, towards larger absolute values in the
west.
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Results from the SEQUAL/FOCAL progam are presented in three
papers. Katz et al. (1986) describe the variations in sea surface
slope from combined measurements using hydrographic stations, pressure
gauges and inverted echo-sounders (Figure 3a). On a seasonal cycle
similar to the one observed before, an interannual variation is super-
imposed: during the boreal winter of 1983-1984, an almost complete
relaxation of eastward wind stress occurred in the central basin,
accompanied by a levelling off of the sea surface to the west and a
strong rise against the African coast; through 1984, the zonal wind
stress remained lower than in 1983, with however a larger surface ZPG

west of the Gulf of Guinea. Ten to fifteen days was the estimated time
for the build up of the surface ZPG in response to the onset of the
south-east winds.

Weisberg and Weingartner (1986) study how the sloping iso-
pycnal s reduce the surface ZPG by computing time series of the heat
content between the surface and various depths using moored temperature
data along the equator, and by forming zonal differences between pairs
of these time series, taking the risk of aliasing spatial into temporal
variations. According to their analysis, during periods of rapidly
changing easterlies, the differentiated heat content experiences a
rapid variation of one sign followed by a slow variation of the oppo-
site sign; their interpretation is that the variations "overshoot their
intended equilibrium and then gradually relax towards it". They also
argue that the baroclinic response is zonally inhomogeneous and that
its vertical structure varies with time.

Finally, Hisard and Henin (1987) summarize measurements of
the ZPG at 0 and 50 db relative to 500 db from the hydrographic data.
The ZPG at 50 db is seen to vary mostly in phase with the surface
gradient, with, as expected, a weaker slope at 50 db, except in winter
1983 and, more strikingly, in winter 1984, when the value at depth
exceeded the (lower than usual) surface value (Figure 3b). Unlike con-
tinuously sampled data from the echo-sounders or the moored temperature
sensors, these hydrographic data poorly resolve variations in time, and
the lack of synopticity of the measurements may introduce an error in



the zonal differencing. However, Hisard and Hdnin argue that they
observe a lag of the order of two months between ZPG and t(x): ZPG
force at 23'W and easterly wind stress at 40"W are both maximum in the
fall and they both weaken in the winter, but the ZPG appears to reach
its minimum and to start building back up before the winds reach their

own minimum and reintensify. According to Katz et al. (1986), the
echo-sounder signal does not reproduce such an early reintensification
of the zonal slope in January 1984, but there is no echo-sounder data
to compare to the estimate from hydrography in January 1983.

Hisard and H4 nin's interpretation of their data differs
from the interpretation published in Katz et al. (1986): according to
Hisard and Henin, the maximum zonal slope and hence ZPG force estimated
from the 1983 hydrographic casts occured in October (based on two data
points only) while, in Katz et al., it is represented as occuring in
July, and being followed by a weaker value in October in agreement with

the echo-sounder signal. However, Hisard and Hdnin's description of
their data is not unlike Weisberg and Weingartner's "overshooting"
argument, and their observation of a larger zonal slope at depth than
at the surface in winter 1983 and 1984 agrees with Weisberg and
Weingartner's suggestion that "subsurface gradients may not be in phase
with those at the surface during a period of weak and variable winds".
The question of the time lag with the wind obviously requires some
clarification, as not only do estimates of the date of the maximum
zonal slope differ, but also the onset date appears to vary with
longitude.

Hisard and Hinin also report measurements in the Gulf of
Guinea (eastern equatorial Atlantic), showing variations with time of
the intensity of the ZPG reversal and of its penetration at 50 db.
Previous estimates based on climatological hydrographic data are pre-
sented in Arnault (1984) for each month of the year. East of about 5'W
in February-March and in September, when the westerly component of the
south-west monsoon is most intense, the zonal slope of the equatorial
dynamic height field at various depths relative to 500 db exhibits its
largest upward slope towards the coast. In June, the slope in the Gulf



2) 100-
J c 4 -

28W
E 0 -20 W
C Io~w

0 19

-ZPG

a

yet - 2 
dyn1g-

01

-0.9

196s2 1983 184
-OzpO

Figur 3:Tm vouino zona prssr grdetetiae-ln

force - l pOdb
b

te23*WUC- Fl.;. 2J~ ~ 'A'~~

Figure 3: Time evolution of zonal pressure gradient estimates along
teequator during SEQUAL/FOCAL.

a) Dynamic height (upper panel) and zonal pressure gradient
force -px (lower panel between 34.W and 10.W from four
inverted echo sounders. Points with error bars are from the
hydrocast data (compare with b). Dashed lines indicate the time
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the zonal pressure gradient +px at respectively 0-dbar and
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sections (compare with a). The interrupted line represents the
monthly averaged zonal wind stress at 40OW during 1982-1984.
Vertical dotted bands indicate the time of the cruises, and
numbers at the bottom represent estimates of the EUC transport
during these cruises. (Hisard and Henin, 1987).
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of Guinea is negative as it is in the western and central basin. A
secondary minimum of the positive slope occurs in winter. Qualita-
tively, such a sequence is observed by Hisard and Hdnin between fall
1982 and summer 1983, but 1984 shows a reversed cycle: an unusually
large eastern reversal of the otherwise negative zonal slope of dynamic
height during winter 1984, no reversal during spring 1984 and a rever-
sal similar to the one of fall 1982 in summer 1984. Again, the signal
is not very well resolved in time and the quantitative determinations
of the zonal slope and of the longitude of the reversal are somewhat
subjective. Nevertheless these results illustrate how the anomalous
character of 1984 was emphasized in the eastern basin, where substanti-
ally warmer and more saline waters accumulated during the early months
of the year (Hisard et al., 1986).

In summary, it seems established that the ZPG field of the
central and eastern equatorial Atlantic ocean varies seasonally and
interannually in response to variations on similar time scales of the
zonal wind stress. However, the time lag between the changes in the
wind and those in the ZPG is not firmly established (estimates range
from one week to two months and opinions differ on what to use as a
measure of "the wind"), and there are indications that the baroclinic
mass adjustment varies in time in such a fashion that variations of
the ZPG at depth (in particular at the levels of the EUC) do not
necessarily mimic those at the surface.

1.3.2 Seasonal variations of the eguatorial ZPG in the Pacific
In the huge equatorial Pacific basin, no observational pro-

gram has had both the zonal and temporal coverage necessary for a reli-
able determination of either the annual average or the seasonal varia-
tions of the ZPG as a function of depth and longitude. The closest to
a climatology of the sea surface slope is given by Meyers (1979), who
studies the annual variation in the longitudinal structure of the depth
of the 140C-isotherm (located below the thermocline) as a proxy for
that of the depth of the thermocline itself, and argues that they mir-
ror adequately the changes in sea level in the central and western



portions of the basin (cf Wyrtki, 1984). As seen on Figure 4a, the
zonal slope of the 14'C-isotherm is steepest year-round between 170'W
and 110'W (in reasonable agreement with the pattern of zonal wind-
stress with longitude of Figure 1). with larger positive values in
August to October, smaller positive values in May to July and small
scale undulations between January and May. The amplitude of the sea-
sonal variations about the annual mean is small however and does not
seem to reflect the semi-annual character of the local wind variations.

00West of 170 W and east of 11OW, the slope is less but experiences
larger seasonal changes and can reverse sign. Variations west of 170'W
are almost out of phase with those in the central portion of the ocean,
but compatible with variations in the local winds (Figure 1), with
maximum slopes in May-June, negligible or slightly negative slopes in
October-December. East of 110'W, the maximum slope reversal takes
place between June and August, while positive values of the order of
the ones observed in the center of the basin are found between December
and March. These eastern variations in the depth of the 14'C-isotherm
may not mirror similar variations in sea level and surface ZPG, but
again they are consistent with the variations in local winds shown on
Figure 1. (Given the mixed character of the quantities compared, time
lags of a couple of months are probably not significant.)

In a direct study of the seasonal cycle of the equatorial
ZPG in the easternmost Pacific (120'W-95*W; Tsuchiya, 1979), geopoten-
tial anomalies with respect to 500 db are computed at 0, 50 and 100 db,
showing as expected a uniform decrease of the zonal gradients with
depth. Lower values in the spring coincide with weak easterlies (or
westerlies) and higher values in the summer with strong easterlies.
Zonal coverage however is not very good and errors are large.

Halpern (1980) argues after Philander (1979) that varia-
tions in the zonal slope of the Pacific thermocline should actually be
negligible on seasonal time scales and therefore computes a mean sur-
face ZPG for the eastern equatorial Pacific using a single XBT section
made between 23 April and 2 May 1979 from 153'W to 1107W along the
equator. His subsequent rough estimate of the vertical integral of
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alopg the equator in the Pacific.
a) Seasonal scales: climatology of the depth of the 14'C
isotherm [annual mean (light line) and monthly means (heavy
lines)]. (Meyers, 1979).
b) Interannual scales: sea surface slope during the 1982-1983
El Ni~ro. Monthly values of directly observed sea level devia-
tions (dashed lines) are superimposed on the main topography of
the sea surface relative to 500 db (continuous line) (Wyrtki,
1984).
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p /p comes out about twice as large as the zonal wind stress mea-
sured during the cruise and averaged between 153'W and 120'W; he con-
cludes that the vertical integrals of other terms of the ZMB have to
be included, in particular that of wuz. Mangum and Hayes (1984)
computed a time mean vertical profile of ZPG over the same region by
differentiating CTD data collected at 150'W and 110*W between 1979 and
1981. They found the same surface value as Halpern; but their vertical
integral from 0 to 200 m comes out very close to the mean climatological

wind stress between 150'W and 110'W. When they compare instantaneous
estimates of p profiles to their mean vertical profile, they find

important deviations, especially in April of both years, but warn that,
rather than representing a seasonal variation in the global slope
between 150'W and 1104W, these deviations are due to the passage at one
of the longitudes of wave-like propagating pulses with zonal scales

much shorter than the distance between the sections.
At interannual scales, ZPG variations in the equatorial

Pacific are more spectacular than at seasonal scales. This is illus-
trated by Firing et al. (1983) and by Wyrtki (1984) who report a global
relaxation of the sea surface slope along the equator towards the end
of 1982, in connection with the strong 1982-1983 El Nino event. Large
scale slope reversals are also documented over the western equatorial
Pacific (Figure 4b; Wyrtki, 1984). These are important observations
since they coincide with the first ever observed "disappearance" of
the EUC (section 1.4).

In sumary, seasonal variations in the Pacific equatorial

ZPG seem to have smaller amplitudes and more zonal structure than those
in the Atlantic. Apparently, there is a better correlation with the
seasonal variations in the zonal wind stress in the east and the west
than in the center of the Pacific basin; however, documentation of
that correlation is worse than for the Atlantic. Spatially confined
propagating disturbances which complicate the interpretation of zonal
differentiations have been observed. Finally, the most global and
dramatic changes in the ZPG seem to occur on interannual scales in
association with El Nii'o events.



1.3.3 Seasonal variations of the eguatorial ZPG in the Indian Ocean
The best observations of the longitudinal and vertical

structure of the equatorial ZPG in the Indian Ocean are reported by
Taft and Knauss (1967) and by Eriksen (1979). The first LUSIAD section
(Taft and Knauss, 1967) was occupied in July 1962 during the main
southwest monsoon: the 0 db/400 db pressure surface slopes up to the
east (westward ZPG force) almost monotonically over the full zonal
extent of the basin, 45'E to 95'E, and the slope weakens but remains
positive with depth (Figure 5a). The pattern agrees with one's expec-
tation of the effect of quasi-steady westerlies blowing over a bounded
equatorial basin and leading to an accumulation of surface waters in
the east. The second LUSIAD section was occupied in March-April 1963,
at the end of the period of northeasterly winds over the western part
of the basin. Contrary to expectations this time, the 0 db/400 db
pressure surface still sloped up to the east, with however a value
reduced to about one half the July value. Deeper pressure surfaces
however all sloped down to the east, indicating an eastward ZPG force
(Figure 5b). This is not the equilibrium response to quasi-steady
easterlies, rather the pattern probably reflects an on-going adjustment
to the switch from southwesterlies to northeasterlies, and measurements
at similar periods of different years would probably reveal various
stages of adjustment. The zonal section discussed by Eriksen (1979)
was occupied in December 1976-January 1977, again during the southwest
monsoon. As in the July 1962 section, pressure increases to the east,
with a considerably larger slope than in 1962.

1.4 Observational basis for a relationship between EUC and ZPG
As pointed out in section 1.2, the existence of a negative

ZPG seems essential to that of both the zonal and meridional components
of the steady equatorial circulation, but how the actual value of the
subsurface maximum of eastward velocity is determined, and how the
intensity and spatial structure of the circulation should respond to
temporal changes in the fields of wind stress and ZPG force is not
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clear. In an attempt to clarify such relationships between the fields
of velocity and mass at the equator, the present section reviews
measurements of the equatorial circulation in reference to the ZPG
estimates presented in section 1.3.

1.4.1 Zonal circulation
Before becoming more specific, it is worth mentioning sev-

eral general observations. The most spectacular one comes from the
Indian Ocean and was last reviewed in detail by Knox and Anderson
(1985). Only in spring (i.e. at the end of the northeast monsoon when
one expects a negative ZPG to have developed) has a persistent basin-
wide subsurface core of eastward flow similar to the Atlantic and
Pacific undercurrents been observed along the equator. The observa-
tions reported in section 1.3.3 confirm the existence of an eastward
ZPG force at the levels of eastward flow in March-April 1963. At other
times, flow in the thermocline appears uncorrelated with the sign of
px . Rather, it changes direction in phase with the surface flow and
winds, suggesting direct frictional driving as in an unbounded basin
(Knox, 1976; Cane, 1980).

Another general observation suggestive of a tight link
between the EUC and the field of density is the vertical location of
the maximum eastward velocity core in both the Pacific and the Atlantic.
The core is typically in the thermocline and slopes up with it from
west to east. The vertical extent of the region of positive ZPG force
shrinks accordingly (but see section 1.4.3). Note that, because of
the sloping of the core with longitude, a region of zonal convergence
(ux < 0) and positive inertial force (-uux) exists below the core.
This force, along with the downward diffusion of eastward momentum from
the core already mentioned at the beginning of section 1.3, may be of
importance in driving the eastward flow still present at depths where
the ZPG force itself has become negligible.

A crude comparison between the Pacific and the Atlantic
undercurrents illustrates however the complicated character of the EUC/
ZPG relationship. While the mean ZPG has comparable surface values in



both oceans, the Pacific EUC reaches speeds considerably larger than
the Atlantic EUC (typically 1.5 m/s versus 1.0 m/s). Ultimately, this
may be related to the difference in size of the two oceans which, given
a similar sea surface slope, allows for a deeper thermocline in the
western Pacific than in the western Atlantic. The influence of the

wind, on another hand, presumably penetrates down to similar levels in

both basins no matter their size. In the western Pacific thermocline

then, the waters of the EUC start their eastward and upward course
better sheltered from the retarding influence of the surface westward
stress than they do in the western Atlantic thermocline. Thus, they
may be subjected to a larger net eastward acceleration over a wider
longitudinal range, therefore reaching higher velocities.

The differences in the longitudinal structure and in the
scales of temporal variations of the winds over the Pacific and the
Atlantic Oceans may also play a part in determining the speed of the
undercurrents, and the question requires further clarification. That
the two oceans adjust somewhat differently is illustrated by a compari-
son of the seasonal and interannual variations in their respective
undercurrents. In section 1.3, it was argued that seasonal variations
in the ZPG in response to changes in the winds had less amplitude in
the Pacific than in the Atlantic. The EUC however seems to exhibit a
clearer seasonal cycle at 140'W in the central Pacific (Figure 8a),
than at 280W in the central Atlantic (Figure 7b).

On an interannual basis now, the presence or absence of EUC
west of 160*W during the 1982-83 El Nino appears well correlated with
the sign of the ZPG (Halpern, 1987a). However, while the Pacific EUC
is reported to have "disappeared" at 110W and 95W at the end of 1982
when the sea surface slope was abnormally flat east of 170'W (Halpern,
1987a), an Atlantic EUC was still observed at the beginning of 1984
when eastward wind stress and sea surface appeared totally relaxed
(Katz et al., 1986). A similar observation of the persistence of the
Atlantic EUC during low winds and in the absence of a significant ZPG
force both at the surface and at the core depth was also made during
the boreal spring of 1963 (EQUALANT), as reported by Katz et al. (1977).



One does not in fact expect a direct correlation between
the EUC core speed and the value of the ZPG either at the core or at
the surface, as discussed in section 1.2. Dynamically, it seems more
promising to investigate how the wind and the vertical integral of the
ZPG affect the equatorial transport. As will be seen in section 1.6.2,
models of the time varying equatorial circulation relate the establish-
ment of the ZPG to the reflection of low frequency linear waves at the
basin boundaries and predict time lags between changes in the wind,
the current system and the ZPG field. How nonlinearities modify that
response, as changes in the equatorial upwelling are induced, which in
turn change the term of vertical advection of zonal momentum, is illus-
trated by Cane (1980). Available observations do not however permit
quantitative tests of elaborate predictions, and one only hopes to be
able to check for tendencies.

1.4.1.1 Atlantic undercurrent

Studies were performed in the equatorial Atlantic, using
the FGGE data (Katz et al., 1981; Katz and Garzoli, 1982; Lass et al.,
1983), and the SEQUAL/FOCAL data (Hisard and Hnin, 1987). Rather than
estimate the total equatorial transport between the surface and a given
depth, those studies choose to isolate the volume transport of the EUC
itself, defined as the eastward velocity flux within the 0.20 m/s iso-
tach and above 200 m or 500 m. (Velocities were measured using a pro-
filing current meter referenced to the flow at 500 m). Also, rather
than deal with a vertical integral of the ZPG force, they consider the
values of the ZPG at the 0 db/500 db and 50 db/500 db surfaces, or time
series of-the thermocline displacements. Meridional averaging is used
to reduce the observational noise.

Measurements from the Global Weather Experiment (FGGE,
August 1978 to March 1980) were combined into one time series of the
seasonal cycle of the EUC volume transport between 25'W and 33'W (Katz
et al., 1981). The resulting plot shows a maximum transport around
March and a minimum around June (Figure 6b), and strikingly resembles a
similarly combined plot of the near-surface zonal current (Figure 6c):



eastwards in March following the relaxation of the easterlies (Figure
6a), and westwards in July following their reintensification (Katz and
Garzoli, 1982). In fact, the large March increase in EUC transport is
shown to be caused more by the reversal of the surface layers, and

hence an increase of the area of eastward flow, than by an acceleration
of the EUC core. [The amplitude of the seasonal variation of the total

transport (velocity integrated up to the ocean surface) would be larger
than that of the EUC alone, since it would be comparable in March when

the surface flow is eastwards, but less in boreal summer when the sur-

face flow is westwards.] On the contrary, we have seen that the ZPG
force varies from weaker in the spring to stronger in the fall, as the
density field adjusts to the new values of the dynamical forcing.

What the FGGE observations suggest is therefore an essenti-
ally frictional (instantanepus) response of the central equatorial

Atlantic to the rather sharp' seasonal changes in the wind forcing. As
argued in section 1.2, the existence of a negative ZPG is fundamental

for explaining the occurence of subsurface eastward flow year round and
that of the eastward surge of the surface layers (or "surfacing of the

EUCH, as it is often called somewhat ambiguously), when the weakening
of the easterlies leaves the positive ZPG force temporarily unbalanced.

Nonetheless, the seasonal variations of the ZPG would oppose the
observed variations of the transport and thus appear to be of
secondary importance.

Measurements from the SEQUAL/FOCAL experiments do not
really confirm the annual cycle in zonal transport from the FGGE data
analysis. Let us first consider estimates of the EUC transport made
at 230W using, as for the FGGE data, meridional sections of profiler
current meter measurements (Hisard and He'nin, 1987). With only four
cruises a year, roughly in January, April, July and October, the March
EUC surge of Figure 6b, if any, is not resolved. The only suggestion
from these observations is for lower values of the EUC transport in
July and higher values in October (Figure 7a). The other measurements
available are time series of temperature and zonal velocity measured at
O0N 28'W at 10, 50, 75, 100, 150 and 200 m between February 1983 and
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September 1984 (Weisberg and Colin, 1984). The advantage of these data
is that they are continuous in time, disadvantages are that the ver-
tical resolution is poor, and that temporary meridional migrations of
the equatorial system, if they occur, are aliased and complicate the
interpretation of the data in terms of simple physical models. The

seasonal signal evidenced by this data set is a tendency for the east-
ward subsurface core to be closer to the surface in the spring, deeper
in the fall (Figure 7b), mimicking similar vertical displacements of
the temperature field. Figure 7b shows variations in the surface and
subsurface zonal velocity fields (0.60 m/s < umax < 1.00 m/s) and in
the vertically integrated zonal velocity above 200 m, but no clear
seasonal trend can be seen, apart from a tendency for the surface
current to be stronger towards the west in June. In particular there

is no clear indication of the lower EUC transport in July 1983 or of

the higher one in October 1983 suggested by Hisard and Henin.
Given the very anomalous character of 1984, it is probably

reasonable to compare only the 1983 SEQUAL/FOCAL data to the FGGE data.
From the lowest panel of Figure 7b, one may conceivably argue for
higher values of the 0-200 m vertically integrated zonal velocity in
the spring and lower values in the summer. And one may also argue that
the spring is the time of the year when the surface flow is most con-
sistently towards the east. But while we expected the variation of
the total transport per unit width above 200 m to be more contrasted

than that of the EUC transport alone since it included the surface
westward flow, it is in fact weak, and transition periods are
ill-defined. Other time series of temperature and zonal velocity are
available-at O'N 4'W at 10, 35, 60, 85 and 110 m (Weisberg and Colin,
1986). The tendency for the velocity field to describe vertical
displacements in phase with the temperature field is much less marked
than at 28'W. Surface flow to the east occurs around February when,
in 1983, it combines with increased subsurface flow to yield a maximum
vertically integrated transport, more clearly distinct from the lower
values observed the rest of the year than at 28'W.



If the seasonal cycle suggested after FGGE is not ruled
out by the SEQUAL/FOCAL observations, it is therefore not strongly
supported either. Note that if the variability of the velocity field
observed in Weisberg and Colin's presentation is not an artifact of
their sampling technique (caused by aliasing of spatial displacements
of the EUC core), then one cannot expect an "instantaneous" profiler
current meter section to be representative of the "seasonal state" of
the zonal velocity field, and progress in the observational determina-
tion of the seasonal cycle of the equatorial circulation may require
the use of time series from meridional arrays of moored current meter
profilers.

To summarize the above discussion of the seasonal varia-
tions of the circulation in the equatorial Atlantic, there is some
evidence for higher eastward transport in the spring, due more to the
reversal of the surface current than to an increase of the subsurface
flow. The data do not provide evidence for a correlation between
changes in the vertical profiles of eastward current and ZPG on a sea-
sonal scale, but do provide some on an interannual scale (weakening of
the subsurface eastward flow in spring 1984).

1.4.1.2 Pacific undercurrent

Long term moored current meter measurements have also been
made in the central Pacific (O'N 140W) and in the eastern Pacific
(ON 110'W), mostly during the NORPAX and EPOCS experiments. A time-
depth contour plot of the zonal velocity at 0'N 140'W between May 1983
and August 1985 (Figure 8a, Halpern, unpublished) shows in late spring
of each year, following the winter weakening of the climatological
easterlies (Figure 1), a reversal of the surface current towards the
east, as well as a clear intensification of the subsurface eastward
flow (0.9 m/s < umax < 1.40 m/s). The presence of a secondary maximum
of the EUC, along with a relative minimum of the surface westward flow,
is suggested around December, following the secondary weakening of the
climatological easterlies in late summer-early fall. That the varia-
tions in zonal transport and wind stress in the central Pacific both



I

J J 0 0 N 0 1 r A m J J A 5 0 N 0 1 r M R m
1983 198+ 19E5

- 475

2s

10

475,6

06

0.4 -- 

t

04

0.2

0.0

JJIS M J

-0.4b

1.2

to0

110M
*A

0.6

200m
0.2

0.0 2o

JF MAUMJ JA SO0N 0

Figure 8: EUC velocity in the central and eastern Pacific. (a) At
0'N/140'W from current meters moored between June 1983 and August
1985 (Halpern, unpublished); (b) at 0'N/110'W using monthly mean
zonal currents from the "non El Nino" current meter measurements
of the 1980-85 Deriod (Haloern. 1987b).



54



have a semi-annual character, while the variations in the ZPG are weak
and seem more annual (section 1.3.2) again suggests that the seasonal
changes in the ZPG are of secondary importance.

Combining "non El Nino" measurements of the zonal velocity

from the periods March 1980-July 1982 and August 1983-September 1985
at O'N 110"W, Halpern (1987b) constructed mean seasonal cycles of the
zonal flow at depths around 15, 25, 50, 75, 110, 150, 200 and 250 m
(Figure 8b). At that longitude, the variations in the zonal wind
stress are more annual: minimum easterlies are around April, maximum
around July (Figure 1). Large eastward surface current and maximum
EUC core velocity (near 77.5 m) are observed around April-May, large
westward surface current and minimum EUC around October, roughly out
of phase with reported variations of ZPG in that region (section
1.3.2). Again the response appears mostly forced by the local winds.

In conclusion, both in the equatorial Atlantic and Pacific
Oceans the main physical mechanism for changing the zonal transport on
a seasonal basis appears to be downhill acceleration of the flow at
times when the easterlies weaken and temporarily fail to balance the
eastward ZPG force; effects of changes in the amplitude of the ZPG
force itself are not properly resolved by the available data and seem
of secondary importance. There is too much uncertainty in the pub-
lished measurements to clearly determine values for time lags between
seasonal changes in the wind, the EUC zonal transport and the ZPG.
Seasonal changes in the EUC velocity appear to have larger amplitudes
in the Pacific than in the Atlantic Ocean, but the difference is dif-
ficult to quantify since the 1983 time series from the SEQUAL/FOCAL
moorings may not represent the climatology. Changes in the ZPG seem
to directly influence the EUC on longer (interannual) time scales. Why
an apparently similar relaxation of the sea surface would provoke the
"disappearance" of the eastern Pacific EUC during the 1982-1983 El
Nino, but only a weakening of the Atlantic EUC in 1984 or 1963 is not
clear.



1.4.2 Meridional circulation
In the simple conceptual model of section 1.2, one visual-

izes water parcels driven equatorwards below poleward Ekman flow to some
transitional latitude by the off-equatorial Coriolis force associated
with the ZPG (pX < 0), then driven eastwards by the ZPG force itself,
as well as upwards by the equatorial upwelling. In the presence of a

southerly wind stress component, a meridional pressure gradient force

is created as well (equatorwards of the latitudes marking the transition

to geostrophic flow) which drives southward flow across the equator
below a frictionally driven northward flow; the degree of meridional

asymmetry (or how much v differs from zero at ON) depends on the
amplitude of T Because the line of zero wind stress curl coin-
cides with the ITCZ and lies on average north of the equator, the curl
tends to be negative at the equator (Hellerman and Rosenstein, 1983),

and a net southward Sverdrup transport across the equator results, at
least in the eastern part of both the Pacific (Meyers, 1980; Joyce,
1988a) and the Atlantic (Joyce, 1988b). Changes in the meridional cir-
culation with space and time are expected to occur, as the ratio of

southerly to easterly wind stress increases with increasing longitude,
and as the strength of the southeasterlies at a given longitude varies

with time. Where x-gradients of the surface and subsurface currents
are negligible, changes in v and w should be closely related since w
is largely determined by vy through continuity.

Unfortunately, there are no observations available for a
direct test of this meridional pattern and its variability. A few time
series of v have been obtained from moorings at or very close to the

equator. Reliable meridional sections of v are however not usually
available since simultaneous long time series are needed to resolve
time variability; sections drawn from instantaneous profiler current
meter can in fact be misleading. Equatorward tongues of tracer (sal-
inity) in the upper ocean have been viewed as indirect evidence for
the meridional convergence. As for w, attempts at direct estimates
are extremely rare, and vertical motion is typically inferred from the



displacement of isolines of conservative quantities or from the
equation of continuity.

1.4.2.1 Observations in the Pacific Ocean
Observations from 1961 hinting at convergent meridional

flow towards the Cromwell current (Pacific EUC) are reported by Knauss
(1966). More modern data from moorings in the equatorial Pacific near
152 W and 110'W taken between 1979 and 1981 are discussed by Halpern
and Freitag (1987), Halpern (1986), Bryden, Brady and Halpern (1986).
Moorings occupied triangular arrays: two were 3/4* north and south of
the equator, the third one was on the equator 1.5' to the east of the
first two. Vertical profiles of the meridional divergence are obtained
at both longitudes by differencing with latitude the time-averaged
north-south velocities measured at the off-equatorial moorings. The
meridional flow is found strongly divergent in the upper layers and
convergent at depth as expected of the effects of an easterly wind

0
component. At 110,W, the profiles suggest that the meridional flow is
northwards at the surface and southwards at subsurface levels with orders
of magnitude around 10 cm/s. These directions agree with expectations
of the effects of a southerly component of wind stress. At 152'W, the
tendency is on the contrary for southward surface flow and northward
subsurface flow, but the currents are also weaker and may not be
significantly different from zero.

Using a fourth equatorial mooring near 1100W, Halpern and
Freitag (1987) attempted to compute a time series of the vertical pro-
file of the zonal divergence as well, and to combine it with that of
the vertical profile of the meridional divergence to obtain a time
series of the vertical velocity (integrated vertically from zero at
the surface). The results are not very convincing because the error on
w, which they attribute mostly to ux, is as large or larger than w
itself. Bryden, Brady and Halpern (1986) obtain mean vertical profiles
of ux, vy and w between 152'W and 110'W, 0'40'N and 0*4.0'S, by combin-
ing the time-averaged velocity fields at both locations (Figure 9a).



The horizontal divergence is shown to be mostly meridional in the upper
layers, but equally zonal and meridional at the depths where u is

negative due to the upward slope of the EUC core to the east and to the

weakening of the EUC between the two longitudes. The resulting mean

vertical velocity reaches a maximum of 3.5 x 10- 5m/s (3 m/dy) around

75 m and decreases below; by 250 m, where the mean zonal velocity

becomes very close to zero, w is still computed to be positive, but it

is probably not significant. Given the vertical spacing of the current

meters, the location of the maximum cannot be accurately determined,

but it is worth noting that, in a general sense, the mean vertical pro-

file is fairly similar to the more noisy ones obtained by Halpern and

Freitag.

Following the work of Wyrtki (1981), Bryden and Brady

(1985) present another estimate of the mean vertical profile of w at

the equator between 150'W and 110'W, based on the wind and density

fields, i.e. using no direct measurements of the velocity field.

Geostrophic zonal velocities are computed from time-averaged CTD sec-

tions, using the relations (fu = -p y) between 0.75* and 5, and (Ou =

-p yy) between 0.75'S and 0.75'N (cf section 1.5). Geostrophic merid-
ional velocities are computed at *5 latitude. Ekman flows are added

in a surface slab layer, some adjustment is made to balance mass assum-

ing that no exchange takes place through the 500 db surface, and zonal

and meridional divergences are calculated. The resulting vertical pro-
file of w, set to zero at the surface and at 500 db, presents a maximum
of 3 x 10- 5m/s around 75 m (Figure 9b), in striking similarity with the
one computed from the time-averaged measurements of horizontal veloc-
ity. Further conclusions are that downwelling occurs through the

lower layers of and below the EUC, and that there is negligible cross-

isotherm flow at the core of the EUC. Despite the disturbing number

of hypotheses involved in that study, the fact that relatively little
adjustment is required for the data to fit the assumed model, along

with the fact that the resulting profiles of u compare fairly well
with the time-averaged observed ones, give some confidence in the

estimates of w.
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1.4.2.2 Observations-in the Atlantic Ocean

In the Atlantic ocean, most long-term measurements have

been made as part of the SEQUAL/FOCAL experiment. The moored current
meter data analysed so far are located at ON 28*W (Weisberg, Hickman,

Tang and Weingartner, 1987) and at 6'N 28W (Richardson and Reverdin,
1987). At 0'N 28'W, the vertical profile of meridional velocity aver-

aged over 2.7 years is indistinguishable from zero (within the 90 per-
cent confidence interval) between 10 and 200 m. At 6 N 28"W, the mean

meridional profile exhibits a distinct subsurface maximum of equator-
ward flow at about 50 m depth. It will be interesting to see similar
profiles from moorings at intermediate latitudes in order to test for
continuity of the equatorward subsurface flow. No estimate of the

vertical velocity using the equation of mass conservation as in the
equatorial Pacific ocean has yet been made.

Equatorial upwelling has been observed mostly through its
effects: reduced sea surface temperature (SST) and higher levels of

nutrients, especially noticeable in regions with a shallow thermocline,
such as in the eastern part of the Pacific and Atlantic basins. In the

Gulf of Guinea (eastern equatorial Atlantic) for instance, the seasonal

occurrence of particularly cold and nutrient-rich surface waters has

been attributed to enhanced upwelling due to the intensification of the

meridional wind system (Voituriez, 1980b). This is not to say that

there should necessarily be a tight correlation between changes in SST
and vertical displacements of the thermocline. In fact, observations

from SEQUAL/FOCAL illustrate many instances of low SST overlying a
depressed thermocline. At O'N 28'W for example, after the spring

intensification of the easterlies, Weisberg and Colin (1986) describe a
rapid shoaling of the thermocline and a simultaneous decrease of SST,

followed by a deepening of the thermocline back to some stable equilib-
rium level while the SST remains low. After the winter relaxation of

the easterlies, they describe a similar succession of events with the
reverse sign: rapid deepening of the thermocline and warming of the
surface waters, followed by a shoaling of the thermocline while the SST



remains high. Presumably the intensification of the easterlies pro-
vokes a lasting intensification of the upwelling. On a short time
scale, the enhanced upwelling in turn raises the isotherms. Then, on a
longer time scale, increased vertical diffusion balances the increased
upward advection, resulting in an apparent downward motion of the iso-
therms without a change of sign of the vertical velocity itself. So,

because of vertical mixing at the equator, and because seasonal changes
in air temperature are small, SST is probably a far better indicator of

the upwelling intensity than vertical migrations of the thermocline,
and estimates of w based on the use of the equation of continuity are
likely to be much more relevant than those based on any isoline dis-
placement. Caution should be observed in regions where horizontal

advection can also influence SST.

1.4.3 EUC eastern termination
The subject of the termination of the EUC as it approaches

the eastern boundary of the Pacific and Atlantic basins will be devel-
oped in detail in chapter 2. In this section, we review the observa-
tions which could test the hypothesis of a relationship between the
longitude and amplitude of the eastern ZPG reversal and the zonal
penetration of the current.

If the ZPG force reverses from eastwards to westwards then

the eastward flow, instead of being accelerated by the ZPG force, is
retarded by it. Also instead of driving an equatorward geostrophic

flow, a westward ZPG drives a poleward one. Through such a process
then, the EUC obviously looses both a source of momentum and a source
of mass, and a downstream deceleration is expected to result. Accord-
ingly, Knauss (1966) describes the Pacific EUC "breaking up" east of
95,W where the sign of the ZPG is reversed. The sources of eastward
momentum downstream of the longitude of ZPG reversal are reduced to
zonal inertia, and possibly downward diffusion of momentum if the
surface flow reverses strongly enough to the east under the action of
the westerlies. All this suggests indeed that the EUC will reach
longitudes more or less close to the eastern coast depending on the



longitude of the ZPG reversal and on the amplitude of that reversal.
The relation between both can however be obscured if the ZPG reversal

does not always reach the levels of the EUC, if other effects come into
play simultaneously to slow down the EUC (such as southerlies-induced

upwelling), or if upstream effects are important.

One would expect the very process of an eastward flow

impinging on an eastern boundary to produce a region of high pressure
which deflects the flow. The idea that is developed here is that the

observed ZPG reversal is created independently by the reversal of the
zonal winds, on a scale larger than that of such a "natural termina-
tion" (boundary layer), and that this ZPG reversal acts as an external
forcing to retard the flow. To estimate the zonal length scale of such

a boundary layer or, equivalently, the upstream distance at which the
presence of the wall is felt, let us consider a zonal inertial jet

impinging on a meridional wall. An inertial scale is (U/o) 1/2, which,
for values of U characteristic of the EUC, is of the order of 250 km,

or 2 longitude. By contrast, we have seen in section 1.3 that the sea
surface, which on an annual average slopes downwards from the west,

flattens and starts sloping upwards east of about 90 W in the Pacific,
10 W in the Atlantic (Figure 2). These longitudes are close to the
longitudes at which a similar transition from southeasterly to south-
westerly occurs in the zonal wind stress, i.e. at about 10' from the

coast in the Pacific, 20' in the Atlantic. Since the longitude of the
wind transition and the intensity of the southwest monsoon change with

time (Figure 1), one expects the longitude of the sea surface slope
reversal and its amplitude to vary accordingly. In particular, the
vertical penetration of the ZPG reversal, rather shallow in the
examples of Figure 2, is likely to be deeper in the fall, when the
westerlies are strong, than in the spring, when they are weak.

Simultaneous hydrographic and profiler current meter mea-
surements from the FOCAL program are the best data available to inves-
tigate the relationship between eastern ZPG reversal and EUC penetra-
tion. They have however the same problem with time resolution in the
Gulf of Guinea that they have further west: "instantaneous" sections



four times a year. The zonal resolution is better though since sec-
0tions were occupied at 10'W, 40W, lE and 6'E. The measurements sug-

gest a semi-annual signal in the slope of the pressure surfaces east
of 10'W reminiscent of the semi-annual character of the wind stress
(section 1.1), but an annual signal in the penetration of the EUC
(Hisard and Hnin, 1987). The ZPG appears negative (i.e. EUC favour-
able as in the center of the basin) in winter 1983, summer 1983 and
spring 1984, with most pronounced reversals observed in fall 1982,
winter 1984 and summer 1984. On the other hand, maximum penetration
of the EUC is reported in winter 1983 and in winter and spring 1984.
So the negative ZPG measured in winter 1983 and spring 1984 may have
helped the EUC in penetrating further to the east at these times, but
in winter 1984, the current was riding against a strong opposing gradi-
ent. Some progress will probably be made when the moored velocity and

temperature data from 280W, 24'W, 15W and 4*W collected during SEQUAL/
FOCAL will be examined simultaneously. For the time being, given the

uncertainties involved in determining the slope of the pressure sur-
faces and the intensity of the current, and given the poor resolution

in time for estimating their extrema, the question is still unresolved.
The indication of a more annual than semi-annual signal in the Atlantic

EUC eastern penetration suggests that different mechanisms than the ZPG
reversal may dominate the process of downstream deceleration of the EUC.
The role of the summer upwelling will be investigated in section 2.4.

The penetration of the EUC in the eastern Pacific was
investigated by Lukas (1981, 1986). By contrast with the ideas pre-
sented above, he argues that local wind effects and surface reversals

of the ZPG do not penetrate deep enough to influence the subsurface
eastward flow. Instead, the westward pressure gradient force which
decelerates the flow zonally would be generated internally (cf section
2.1).

In both oceans, a large scale weakening of the EUC with
distance eastwards takes place, and what terminates at the eastern
boundary is only a fraction of the mid-basin undercurrent (chapter 4).



1.5 The system of governing equations at the equator
The understanding of the time-dependent three-dimensional

(3-D) circulation of a continuously stratified equatorial ocean has
progressed by steps, as various simplifications were investigated to

try and isolate dominant physical mechanisms. Analytic studies of the

steady 3-D equatorial circulation and its connection with the circula-
tion at higher latitudes have produced scale estimates for the width of
the equatorial region (250 km), the depth of the equatorial thermocline
(100 m), and the magnitude of the zonal velocity (1 m/s) as well as of
the meridional and vertical flows, in reasonable agreement with avail-

able observations (Robinson, 1960; Philander, 1973b; Moore and

Philander, 1977; Pedlosky, 1987).
Using dimensional analysis, Robinson's and Philander's

studies have also derived an approximate system of equations for the

steady equatorial circulation, which connects smoothly with extra-
equatorial geostrophic flow:

uu + vuy + wuz - syv = -p /0 + (vuz z + AMau

Byu = -p /p0

PZ= -pg

u + v + w = 0
x y z

up + vPy + WPZ Z Z + A A

This system was also derived by Veronis (1960) from physical considera-

tions at the equator independent of the circulation at higher latitudes.

The assumption of symmetry with respect to the equator is usually made

(uy = Py = v = 0 at y = 0), with the idea that the effects due to the
asymmetry are of secondary importance.

Estimates of the horizontal Coriolis term show that it is

negligible in the zonal momentum equation at least in the upper equa-

torial layers that we are studying here (Arthur, 1960; Knauss, 1966;

Philander, 1971). The hydrostatic form of the vertical equation is

used to relate pressure to the density field. Joyce et al. (1988)

however argue that the neglect of the horizontal Coriolis term



in the vertical equation may introduce a 10 percent error in the compu-

tation of the zonal flow using the geostrophic approximation of the

meridional momentum equation. The argument requires further clarifica-

tion since a spurious source of energy is introduced if one retains the

horizontal Coriolis term in the vertical but not in the zonal momentum

equation.

Recently, the geostrophic character of the meridional

momentum balance was tested repeatedly in the central Pacific ocean

using modern, high quality measurements (Hayes, 1982; Wyrtki, 1983;

Lukas and Firing, 1984). Direct measurements of equatorial flow were

compared to the flow deduced from the density field using the relations
(Oyu = -py/P0) slightly off the equator and (u = -p y/pO) at the

equator (and substituting dynamic height relative to 400 db or 500 db
for p). Within measurement errors (which can be large for estimates of

p yy), the mean EUC (averaged over 6 months) was found indeed to be in

semi-geostrophic balance (Figure 10a; Lukas and Firing, 1984; but see
Joyce et al., 1988). At shorter time scales, ageostrophic effects can
dominate (Knauss, 1966). Four instantaneous geostrophic and measured
velocity profiles from 110 W and 125'W compare reasonably well below

the EUC core, but can differ significantly above the core (Figure 10b;

Hayes, 1982). Joyce (1988a, b) is investigating the role of T

in the meridional equation.

Since the work of Knauss (1966) which mostly produced

orders of magnitude of some terms of the equatorial zonal momentum bal-

ance (ZMB), the most complete attempts at estimating these terms have

been made-by Bryden and Brady (1985) and by Dillon, Moum, Chereskin

and Caldwell (1988). Bryden and Brady computed a mean ZMB above

500 db for the region 150'W-110'W / 0.75'S-0.750N, using estimates of

the three components of velocity based on geostrophy, Ekman divergence

and continuity (section 1.4.2), and calculating the ZPG force from the

difference in dynamic height between 150'W and 1100W. They find that

the mean ZPG force is reduced to half of its surface value by the depth
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of the EUC core and becomes negligible slightly above the deep zero-

crossing of the mean zonal velocity profile. The contributions from

Wx and wu are shown to partially cancel each other due to the upward
slope of the EUC core to the east. The analysis disregards the term
vu. y The remainder (uu + wu ) is found to be negative at all depths
and due mostly to wu above the EUC core and to IT below. Thez x
average Coriolis term (-syv) vanishes by symmetry. The resulting

imbalance between ZPG force and inertial terms becomes an estimate of
the sum of the horizontal and vertical divergence of the zonal Reynolds
stress (or terms of eddy mixing). These terms are found to be of the
same order of magnitude as the mean ZPG throughout the 0-500 m water

column, with substantial values well below the core of the EUC (Figure
11). An independent study of lateral mixing between 152W and 110W

using estimates of the eddy momentum fluxes from direct current mea-
surements confirms that order of magnitude estimate and suggests that

the contribution of -((u'u') x + (u'v') ) to the total divergence of the

zonal Reynolds stress is negative (decelerating) above and through the
core, but positive (accelerating) further below (Bryden, Brady and

Halpern, 1986).

In Bryden and Brady's study, all zonal derivatives are

estimated by forming differences between time-averaged fields at 110'W

and 150'W. Terms which do not involve zonal differentiating are esti-
mated at the two longitudes and averaged together. The resulting ZMB
thus represents some average over the 150'W-110'W region. The question
of longitude and time dependence of the ZMB is not addressed. If the
dynamics change between the longitudes which bound the region under

study, the depth to which substantial eddy fluxes are found by the
above method may strongly depend on the size of the region. In other

words there is a danger that zonal variations become aliased into eddy
fluxes. Further errors may be introduced by neglecting asymmetries
(vu~).y

Bryden and Brady also present estimates of the terms of
the vertically integrated mean ZMB. Uncertainty in the value of the
wind stress makes it difficult to determine the exact percentage of



x) which is balanced by the integral of the ZPG (the estimate lies
between 65 and 80 percent). The interesting point is that the vertical
integrals of u7 and wuI appear to contribute significantly andx z
cannot be neglected as in Arthur's simple linear model (section 1.2).

Dillon et al. (1988) attempted to construct a ZMB for the
eastern equatorial Pacific by combining Bryden and Brady's estimates of

-Ip, -uu~ and -'wu for the 150'W-110'W region, Bryden, Brady and
Halpern's estimate of ((u'u') + (u'v')) for the same region, and Moum
and Caldwell's 1985-estimate of 'wY)z from microstructure measure-
ments made at 140'W during a 12-days period in late fall 1984. If the
terms determined independently in this fashion are each representative

of their time-averaged values within the 150'W-110'W / 0.750S-0.75'N
region, then their sum should be zero. Instead, when combining terms

in three depth ranges, from 0 to 30 m, 30 to 60 m and 60 to 90 m,
Dillon et al. find large residuals, especially in the upper layer where

the residual is five times larger than the ZPG itself. In my opinion,
this result is not alarming since the data is not synoptic and there-
fore may not be consistent. Note in particular that the value of the
wind stress measured during the experiment enters the ZMB averaged over

the upper layer and weighs heavily on the residual. What is of some
concern, however, is that, despite using a value of wind stress about

twice as strong as the one used by Bryden and Brady, Moum and Caldwell
find a much smaller depth of penetration of the stress effect. This

raises questions about the accuracy of estimates of time mean vertical
dissipation.

To summarize our observational knowledge of the ZMB in the
equatorial region, it seems safe to say that the ZPG force is (1) glo-
bally the largest term (mostly balanced by dissipation); (2) essenti-
ally positive throughout the upper water column; and (3) largest at
the surface and greatly reduced at the depth of the EUC core (becoming
negligible or slighty negative in the lower layers of the undercurrent).
The term wuz has a significant net contribution above the EUC core
where the cross-isotherm flow is most important, and it tends to cancel
part of the contribution of uux in the region of upward slope of the
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EUC core (another contribution to uux is the internal weakening of
the undercurrent as it flows east). How deep the effect of these vari-
ous forces penetrates is not well established. I suspect that, in
Bryden and Brady's study, the depth extent of uu may be overestimated
compared to a typical mid-basin value, owing to the large zonal extent
of the region used to compute ux, and to the upward motion of the
velocity core from west to east through the region. This would yield
an overestimate of the depth extent of the eddy fluxes needed to bal-
ance it. The main questions that present observational studies have
not addressed involve (1) the role of T(Y) and of the associated
asymmetries in the main ZMB (vuy A 0), (2) the way in which the
vertical profile of the equatorial ZMB changes with longitude as the
EUC weakens, (3) the way that profile changes with time, and (4) how
the transition between the off equatorial geostrophic/Ekman regime and
the equatorial one takes place.

1.6 Review of EUC models
Most conceptual models of the EUC do not address its x-

dependence. They impose from the start that the dynamical forcing and
all other fields except p be independent of longitude, and they simu-
late a flow applicable to the well-developed mid-basin regime far from
meridional boundaries. Detailed reviews can be found by Gill (1975)

and Moore and Philander (1977). The main lesson from these models is
that there are many ways to simulate a steady subsurface eastward flow
at the equator as well as some realistic features of the meridional
circulation; in fact, there are as many ways as there are terms
available to balance p i.e. to limit the local acceleration of the
flow down the pressure gradient. The following review begins with a
few such x-independent models to illustrate differences with the
x-dependent cases presented subsequently. All models use in some way
the basic concepts introduced in section 1.2



1.6.1 Steady model s
1.6.1.1 Layer models

Consider a homogeneous equatorial layer, representing, if
one approximates the thermocline by a density discontinuity, the rela-
tively well-mixed layer above it. A steady constant easterly wind
forcing can create a subsurface eastward flow if px is linearly bal-
anced by vertical friction, provided that the assumptions of zero zonal
transport and zero bottom stress be applied. This is how Stommel
(1960) obtains "the upper half of" an EUC. Subsurface eastward flow

can also be created if px is linearly balanced by large enough
lateral friction, in which case the effects of vertical friction are
limited to a surface Ekman layer of finite thickness (Gill, 1971). In
either case, the flow is independent of longitude, and a narrow bound-
ary layer is required at meridional walls to close the circulation, by
upwelling the waters of the eastward subsurface current into the west-
ward surface current in the east, and downwelling the waters from the
westward surface current into the eastward subsurface current in the
west. If nonlinearities are included, a net convergence of eastward

momentum at the equator is generated [the vertical integral of (uv)y
is negative], and a net eastward transport results, which requires

westward return flow at slightly higher latitudes.

The unstratified nonlinear case with vertical friction and
no-slip bottom boundary condition is treated by Charney and Spiegel
(1971). Depending on the relative size of friction and nonlinearities,
a more or less strong EUC is produced, with cusps at the equator in
agreement with vorticity conservation by the meridional flow (uY =
-ay0, section 1.2) and, for values of the parameters producing real-
istic profiles of zonal velocity, there is upwelling above and down-
welling below the core. If lateral friction is included as well with
the assumption of zero bottom stress (McKee, 1970, as reviewed by Gill,

1975), cusps are smoothed out and, when friction and nonlinearities are
equally important, the EUC is in semi-geostrophic balance.

If now lateral friction is ignored, a no-slip boundary con-
dition retained, but the assumption of x-independence of the velocity



field relaxed (still keeping 'tx = 0), there exists a realistic
x

range of parameters for which the effect of vertical friction can be

limited to an upper sublayer on which the wind stress acts directly
while the ZPG in the EUC layer below is balanced by zonal advection of

zonal momentum (Cane, 1979a,b). In other words, the flow in the EUC

layer behaves like an inertial jet, the average Bernoulli function is

approximately conserved ((p + u 2/2)x = 0), and the average zonal

velocity increases with longitude (Figure 12b). Let h be the thickness

of the EUC layer; the behaviour of the vertically integrated transport

(hu) with longitude depends on the relative size of the variations of

u (u > 0) and h (hx < 0). In Cane's numerical simulation, hx (set by

OT ) is small enough so that not only u but also (hu) increase with

x; only within a couple of degrees from the eastern coast are they
abruptly reduced to zero. As seen in section 1.4.3, observations of

the EUC, although imprecise, still strongly suggest that the weakening
of the undercurrent towards the east occurs over a much broader range

of longitudes. Accordingly, Cane argues that his model applies best to

the western equatorial Pacific. In the eastern Pacific or Atlantic,

either Cane's scaling breaks down and vertical friction cannot be

ignored at the levels of subsurface eastward flow (because the thermo-

cline becomes very shallow), or one of the following possibilities

occurs: the assumption of no vertical exchange through the thermocline

breaks down, the variations of Sx) with x dominate the dynamics, or

all such effects contribute.

Note also that, in Cane's model, the EUC is in semi-

geostrophic balance, and that two westward flows are found at about 2~

latitude on either side, which receive water from the EUC in the narrow

eastern termination corner and feed water into it along the rest of its
course from the west. To rationalize the existence of these westward

flows, Cane extends the vorticity argument of section 1.2.2: in the
west, vorticity conservation explains that water parcels from latitude

Yo flow equatorwards and eastwards; similarly in the east, vorticity
conservation explains that water parcels forced to flow polewards from



the equator cannot pass latitude yo and have to recirculate westwards
at y0.

A model of purely inertial EUC was developed by Pedlosky
(1987). Pedlosky postulated that the EUC could be represented by an
inertial homogeneous layer of density p2  shielded from surface influ-

ences by an overlying layer of density p1  (these two layers lying on
top of a motionless abyss as in the previous models). Since the
detailed dynamics of the upper layer (not solved by the model) do not
influence that of the undercurrent layer, the structure of Pedlosky's
model is equivalent to Cane's. The circulation (solved in Pedlosky's
model by conserving potential vorticity and Bernoulli function from an
extra-equatorial latitude) is also similar in the two models: westward
equatorward trajectories from the latitude of origin, eastward veering
at the equator and downstream acceleration of the eastward flow. Thus,

as for Cane's (1979) model, Pedlosky's probably applies best to the

western "formation" regions of the Pacific and Atlantic equatorial
undercurrents. This will be further developed in chapter 5.

1.6.1.2 Continuously stratified models
A nonlinear frictional stratified x-independent undercur-

rent model was studied by Veronis (1960). This model addresses the
question of the circulation which develops in a frictional stratified
ocean when an eastward zonal pressure gradient and an easterly wind
stress are imposed as surface boundary conditions. [The imposed ZPG

(in practice a zonal gradient of sea surface temperature) represents

the long-term effect of the easterly wind stress.] Stratification
allows for baroclinic adjustment which reduces pressure gradients (in
practice isotherms slope) with depth and may thus cause the confinement
of the current system to the upper ocean. Veronis's analysis neglects
lateral friction, zonal variations of the velocity field and meridional
asymmetries and imposes a condition of vanishing velocity at great
depth (z > -teo). The solution for the zonal velocity profile shows that
it has an eastward subsurface maximum realistically located in the
thermocline and that it slowly decreases below as the isotherms flatten
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with longitude. The depth scale deduced from this model will be dis-

cussed in chapter 5.
Philander (1973b) treats the extreme case of pure thermal

forcing: a negative zonal gradient of temperature is imposed as a
surface boundary condition in the absence of wind stress (though the

temperature gradient is understood as a long term effect of steady
easterlies). The case is meant to apply either to the upper ocean when

sustained winds die out leaving an unbalanced ZPG, or to the deeper
ocean where motion is shielded from surface effects. (The meaning of a
steady solution is a bit unclear though, since the mechanism for main-
taining the surface gradient is eliminated in the absence of wind
stress). The x-dependence is made implicit by the use of a similarity
transformation, on the basis that, as the temperature structure varies
with longitude, the current structure gets constrained in such a way
that sections look similar except for some stretching of the meridional
and vertical coordinates. With no opposing surface stress, the east-
ward flow extends to the surface. At the equator, the term of vertical

friction is negligible throughout the water column, px and the advec-

tive terms are important, but so is lateral friction (in contrast with
Cane, 1979). It is shown that "the eastward equatorial current becomes

slower, narrower and shallower", and that its transport (integrated
meridionally as well as vertically) also decreases downstream. Down-
welling occurs along the eastward path of the current, and a westward
current returns mass and heat below. So the variation with longitude
turns out to be the opposite of the one presented by Cane (1979). Dis-
sipation (by lateral friction) appears to play a large role in slowing
down the current. It is not clear to me how the x-dependence imposed on
the dissipation coefficients themselves constrains the final solution.

Another x-dependent steady circulation is obtained by
McCreary (1981), who also studies a continuously stratified ocean but
goes back to linear viscid dynamics: stratification is linearized about
a mean state N2(z) independent on horizontal coordinates. An



x-dependent dynamical forcing is imposed: a limited patch of easter-
lies isolated from the ocean boundaries, maximum at the center of the
basin and tapering off in x and y. It produces a similar zonal pattern
of velocity: all three components have their largest amplitude towards

the center of the wind patch, where the subsurface eastward core is
also the shallowest (Figure 13). McCreary uses the formulation of

linear equatorial waves (see section 1.6.2) but, instead of inviscid
propagating waves, he considers waves which are damped away from their

source region, i.e. away from the edges of the wind patch, in the

direction of their group velocity. The flow pattern is thus described
as an interference pattern set up by damped waves with group velocities
in opposite directions. Dissipation is purely vertical, and special

forms are adopted for the terms of diffusion of heat and momentum in

order to retain the ability to expand solutions into sums of vertical

normal modes as for the time-dependent linear inviscid equations. Mix-

ing coefficients are thus inversely proportional to the square of the

Brundt-Visl5 frequency N 2(z). Physically, this choice agrees with
the expectation that more homogeneous regions are regions of more

vigorous mixing. At the same time, one expects vigorous mixing to

homogenize also the fine vertical structure of high-order modes, and

that is not easy to reconcile with the representation of the solution

in terms of independent modes damped individually without interacting
with each other. McCreary argues that the realistic zonal and meri-

dional circulations simulated by the model when an N -profile typical
of the central equatorial Pacific is used are not very sensitive to his

parameterization of the diffusion terms, even though it yields unreal-

istically large values of the eddy viscosity coefficient in the deep
ocean. He also argues that nonlinearities (which, when estimated from
the solution, can be of the same order of magnitude as the linear
terms) would only play a secondary role, modifying the linear solution
rather than generating an altogether different one.

Being linear, viscid and continuously stratified,
McCreary's model incorporates all the elements present in the simple
arguments developed by Yoshida [1959) and Arthur (1960) and discussed
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in section 1.2. The analysis of McCreary's model provides a dynamical
explanation for the origin of p and its role in changing the sign of

uz at depth from the sign imposed by t4x) at the surface. That
analysis shows that the higher-order normal modes of the system, which

are also the most strongly damped, tend to be, in McCreary's terminol-

ogy, in "Yoshida balance", i.e. they reproduce the meridional circula-

tion and simulate a surface-intensified zonal current in the direction
of the wind; that current depends only on the local surface stress and

does not extend beyond the forcing region. The lowest-order modes, by

contrast, which are damped the least, tend to be in "Sverdrup balance",

i.e. they create zonal baroclinic pressure gradients which balance the

wind and settle the vertical structure of the system by bounding the

amplitude of the surface flow and creating the eastward undercurrent;

their characteristics depend on zonal integrals of the surface stress

and their influence radiates beyond the forcing region.

Because the forcing in McCreary's model is limited to a

bounded region of the ocean interior, that region is a distributed

source of radiation. The meridional boundaries of the ocean basin it-

self are another source: if the energy radiated from the forcing area

is not damped too quickly so that it reaches the limits of the basin,

it has to be reflected in the form of free damped waves with group

velocity of the opposite sign in order to satisfy boundary conditions

at the coasts. The influence of the ocean boundaries therefore clearly

depends on their distance from the forcing region. In McCreary's cal-

culation, their presence is seen to weaken the westward surface flow

appreciably and to intensify the EUC; they do not modify the vertical

structure drastically though and are therefore not necessary for a
steady EUC to be maintained as long as the forcing itself is bounded.

(Meridional boundaries appear necessary however for a deeper slow

westward flow to exist).

1.6.2 Time-dependent model s
Time-dependent models have been developed to predict

changes in the circulation and density field caused by changes in the



wind forcing in order to interpret real observations. The analysis of

these time-dependent models relies heavily on the theory of linear

equatorial waves, which has been extensively reviewed in the literature

(Moore and Philander 1977, for instance) and will therefore be only

briefly summarized here, starting with the unforced problem. Given a

main stratification independent of time and of the horizontal coor-
dinates, it is possible to separate the vertical dependence of the

system of unforced linear inviscid equations and to express its solu-

tions as sums of a barotropic and a series of baroclinic normal modes.

The vertical structure of these modes becomes more complicated (e.g

more zero crossings of velocity), with slower speed, as their order

increases. Once the vertical structure is separated, each mode indi-

vidually satisfies the horizontal shallow water equations on an equa-

torial a-plane. At low frequencies (the case of interest for our

study) the long-wave approximation can be made and the solutions reduce
to two types of approximately non-dispersive meridional modes: a fast
Kelvin wave trapped at the equator with eastward group velocity, and a
series of long Rossby waves (the first of them slower than the Kelvin
wave by a factor of 3) with westward group velocity. (Short Rossby
waves with eastward group velocities are also excited at the western

boundary, but their short wave length and slow speed trap them at the
coast. In the presence of the slightest friction, they are damped and

their effect on the interior circulation can be ignored).
For the forced problem, one needs the stratification to

include a surface well-mixed layer over which the wind stress acts as

a body force. Provided that, like the rest of the stratification, the

depth of that mixed layer is independent of time and space, the forcing

can be projected onto the normal modes of the system, and each mode is

thus individually forced. In McCreary's approach (section 1.6.1),

time-dependence is replaced by friction, and the waves supported by

the system decay rather than propagate away from their sources. Their

meridional structure and group velocities are those of the inviscid

free modes and the same terminology is used.



Time-dependent model s have been mostly used to study how a
steady state develops after an abrupt switch-on or switch-off of the

forcing, or how the ocean responds to periodic or more realistic forc-
ing. In linear models, the adjustment process can be described in

terms of wave radiations and reflections. Take for instance the case

of a simple homogeneous rectangular equatorial ocean over which a

steady uniform wind is suddenly switched-on from zero. In the wake of
the directly excited waves and their reflections, a pressure gradient

is built which acts towards balancing the applied stress. In a linear
inviscid ocean, the final state is eventually a state of rest (except

for gravity waves). The rapidity of the ocean response depends on the

speed of the waves and on the size of the basin. Much of the adjust-

ment occurs after the first eastward Kelvin wave front and the gravest
westward Rossby wave front have propagated across the basin. For a

5000 km ocean (the order of magnitude of the equatorial Atlantic) and
a stratification characteristic of the equatorial regions, that takes
about 150 days (Cane, 1979).

If a physical process such as vertical dissipation or ver-
tical advection creates a momentum exchange between the modes, then the
spun-up state, instead of being the state of rest of the linear invis-

cid solution, includes a permanent EUC. The way a viscid nonlinear
equatorial ocean responds to the switch-on or the switch-off of simple
wind patterns has been extensively studied by Cane (1979ab), Philander

and Pacanowski (1980), and Philander (1981). Philander and Pacanowksi

used a multi-level numerical model with constant coefficients of eddy
diffusivities in a 4800 km rectangular basin whose initial mean strati-

fication is allowed to evolve. Nonlinear effects accelerate eastward
jets, retard westward ones, and can reverse the direction of a westward
surface current driven by switched-on easterlies (by upwelling eastward
momentum from the underlying EUC). The wave fronts of the linear
theory are still essential elements of the adjustment process (local
accelerations created in the early stages of the spin-up stop in their
wake), but they can be modified by nonlinearities and dissipation,
creating zonal homogeneities of interest here.



Consider for instance the case of switched-on easterlies,
homogeneous in longitude and in latitude. First if nonlinear effects
are weaker than dissipative ones, a (somewhat damped) Rossby wave front
does propagate away from the eastern boundary as a (somewhat damped)
Kelvin wave front propagates away from the western boundary; the
resulting vertically integrated eastward transport progressively dim-

inishes as the eastern boundary is approached, and the water is
returned by westward flows centered at about 3 on either side of the

equator; a western boundary layer closes the circulation (Figure 15 in
Philander and Pacanowski 1980). On the other hand, if nonlinear

effects are stronger, the Rossby wave front is prevented from propa-
gating away from the eastern boundary by the opposing intensified

eastward currents, and the inverse pattern obtains for the vertically
integrated transport: progressively accelerating eastwards, as water

converges from westward flows on either side of the equator; this time,
an eastern boundary layer closes the circulation (Cane, 1979b; Figure

12b above). Both cases are schematically represented on Figure 14. In
a situation where nonlinearities and dissipation are equally important,

it is likely that the retarded pattern of Figure 14a applies more to

the eastern part of the basin and the accelerated pattern of Figure

14b more to the western part, the transitional longitude depending on

how far from the eastern boundary the Rossby wave front is dissipated

or overcome by opposing inertial effects. If the winds are confined
to a limited zonal domain (like in McCreary's 1981-steady simulation),

wave fronts are excited at the edges of the forcing region and the
above reasoning applies to the forced circulation, whose intensity

diminishes with the zonal extent of the wind patch. The strength and
zonal decay rate of the circulation east of the wind patch depends on
the relative size of nonlinearities and dissipation acting on the free
modes of the system and their eastern reflections.

If changes in the wind forcing are gradual rather than
abrupt, for instance if the forcing is periodic with a period long com-

pared to the adjustment scale (about 150 days for the 5000 km basin
under consideration), wave propagation becomes hard to detect and the
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response tends towards an equilibrium one. The effect of fluctuations

of shorter periods was investigated by Philander and Pacanowski (1981).

Their numerical results show that, for periods between 10 and 50 days,
intense currents with large variability are generated in the surface

layers while the variability at depth (below about 50 m) is weaker. If

the period of the forcing lies between 50 and 150 days, variability has

a large amplitude both in the surface layers and in the thermocline.

If the winds have a westward mean value (the best representation of the

actual dynamical forcing), fluctuations with a period between 10 and

50 days cause a nonlinear intensification of the EUC (of the order of

15 percent in the example presented by Philander and Pacanowski), and
the surface current reverses to eastwards when the easterlies weaken,

because the ZPG becomes temporarily unbalanced just as in a sudden

switch-off case. If the same winds have fluctuations of longer period,

the pressure force has time to adjust, but the surface flow still

reverses following the winds maximum, due this time to vertical advec-

tion of eastward momentum from the core of the EUC below (Figure 15a).

This description illustrates that with a complex realistic

forcing where all such frequencies can be present simultaneously, vir-

tually any time lag may exist between forcing, ZPG and current system.

The only hope to interpret observations rests on one's ability to rep-
resent realistic forcing by drastically simplified patterns which

would explain most of the ocean response. The observations reported by
Katz et al. (1977) of a ZPG roughly in phase with the wind stress

(section 1.3.1) suggests an equilibrium response. But Katz and Garzoli

(1982) were able to use the switch-off/switch-on simulations of

Philander (1981) and Philander and Pacanowski (1980) to interpret the

FGGE measurements as the response to a sudden weakening of the easter,

lies in January followed by the response to their sudden intensifica-

tion in May. On the other hand, we saw above (Figure 15a) that the

surface flow reversal following the maximum of the winds (probably the
most robust observation of the FGGE period) could equally be part of

the equilibrium response to low frequency varying easterlies. The
recent wind measurements of the SEQUAL/FOCAL program tend to support



the notion that, locally, the wind stress intensification is more
event-like than gradual, as it appears to occur within a couple of

weeks, rather than over a month or so as suggested by the climatology,
which averages together years characterized by various wind onset

dates. These measurements also reveal some zonal inhomogeneity in the

way the onset takes place, and there still seems to be some controversy

over how rapidly winds representative of larger zonal scales change.

In any case, whether spun-up abruptly or periodically forced, models

appear to predict more of a seasonal change in the EUC maximum velocity

or vertically integrated eastward transport than observed during the

same SEQUAL/FOCAL program. It is likely that the effect of wind fluc-

tuations of intermediate frequencies are in fact not negligible and

that difficulties in interpreting observed time lags may be unavoidable.

Finally, let us review the effects of a periodic wind

stress with westward mean on the longitudinal structure of the ocean

response, again from the simulations of Philander and Pacanowski

(1981). At periods between 50 and 150 days, mean currents have an

impeding effect on the Rossby waves but not on the Kelvin wave. As a

result, longitudinal differences develop: the response in the western

part of the basin is closer to equilibrium than the response in the

eastern part, zonal phase lags appear, and the location of the relative

EUC maximum may switch from west to east during one cycle of the forc-

ing. At periods longer than 150 days, these longitudinal differences

become small. Figure 15a shows the subsurface pattern of zonal veloc-

ity simulated with a spatially uniform wind with a westward mean value

and a period of 200 days: the maximum EUC speed occurs in the eastern

part of the basin, although not as close to the eastern coast as in
Cane's (1979) nonlinear simulation (Figure 12b): the zonal decelera-

tion in the east occurs over about 10! longitude (versus 20 in Cane's
study), probably because friction at the EUC levels is not as small as

in Cane's study compared to the nonlinear terms. When a wind with the

same time dependence but confined to the central longitudes of the

basin is applied, the forced region behaves similarly to the spatially

uniform case. Figure 15b shows that, following the maximum easterlies,
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(Philander and Pacanowski, 1981).
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the EUC is maximum at the center of the wind patch and that most of the

zonal deceleration occurs within the forcing region. But some eastward

flow is generated east and west of the forcing region as well, due to

radiation and reflection of the free modes excited at its edges.

Accordingly velocity maxima are reached later there than in the forced

region.

To conclude this theoretical review and compare the effects
of nonlinearities and friction on the zonal deceleration of the current
to the effects of the zonal weakening of the wind stress itself, let us
compare the runs of two numerical models of the seasonal equatorial
Atlantic circulation forced by the same climatological monthly wind

stress field (Hellerman and Rosenstein, 1983; Figure 1). The first is

a continuously stratified viscid linear model close to a time-dependent

version of McCreary's (1981), adapted by Treguier and du Penhoat (1983)
from the low frequency code originally written by Cane and Patton
(1984) for one baroclinic mode. The second is a nonlinear layer-model

developed by Schopf and Cane (1983).

Trguier and du Penhoat's 11983) model simulates a perma-

nent EUC which, like McCreary's, has a reasonable width determined by

the trapping scale of the baroclinic modes at the equator, and a real-

istic core depth and vertical extent. Because the model is linearized

about a mean stratification independent of time and horizontal coordin-
ates, the depth of the core does not change and its eastward shoaling

is not reproduced. But its maximum zonal velocity and its transport

(computed within the a 0.20 m/s isotach between 2DS-2'N and 0-400 m) do

vary. The longitude-time pattern of the EUC maximum velocity simulated
by Treguier and du Penhoat's model is shown on Figure 16b. It is quite

reminiscent of a similar plot of the zonal wind stress forcing (Figure

16a): in October for instance, the core velocity like the zonal wind

stress is maximum near 40W and progressively diminishes between 20OW
and OE. This similarity suggests that, with this forcing, the model

ocean's response is close to an equilibrium response and that the



weakening of the EUC with longitude is directly related to that of the
zonal wind stress itself.

A comparison with transports measured during GATE in summer
1974 (Katz et al., 1979, section 1.4.1.1) suggests that the model's EUC

transport has the right order of magnitude in the central part of the

basin but is too low in the eastern part. Also, EUC velocities at 50W
and 0E for example do not exceed 0.30 and 0.20 m/s respectively during

the simulated annual cycle while measured values at these longitudes
usually exceed 0.50 and 0.40 m/s, respectively, and have been reported

to reach 1 m/s (sections 2.3 and 2.4). That the comparison is made
between climatologically forced and instantaneously observed fields may
explain part of the discrepancy, especially at periods of relatively
rapid variations when a time lag between a given year and the mean may
lead to substantial differences. Still, the data do suggest that the
eastward penetration of the EUC is underestimated by the linear model.
The time variation of the eastward transport simulated by the model in

the central part of the basin is characterized by a minimum in May and
a maximum in September. The model does not simulate a spring reversal
of the surface current and an accompanying transport increase as re-

ported by Katz et al., 1981 (section 1.4.1.1). This is not surprising

since, given the smoothness of the wind stress variation (character-
istic of a monthly climatology which eliminates high frequencies) and
given the equilibrium character of the model's response, the only
mechanism which could produce such a reversal is vertical advection of
eastward momentum which, by definition is not included in a linear
model.

Schopf and Cane's (1983) model has quite a different ver-
tical structure from Treguier and du Penhoat's (Figure 17a). Instead
of being continuously stratified, Shopf and Cane's model is formed of
two layers on top of a homogeneous motionless abyss and thus supports
only two baroclinic modes. The upper layer is a turbulent well-mixed
layer, homogeneous in currents as well as in temperature, over which
wind stress and surface heating act. The lower layer is linearily
stratified but permits no vertical shear; a mass flux is allowed
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through its top while its base is treated as a material surface. The

thicknesses of both layers are among the variables of the system and

are therefore allowed to change with longitude and with time. Contrary
to the models presented so far, there is no explicit vertical diffusion

in the primitive equations which govern the lower layer, but the sur-

face layer entrainment has an equivalent frictional effect. If the

mixed layer depth is maintained constant and if both surface heating

and internal temperature gradients are suppressed, the model becomes

equivalent to Cane's (1979), which has separate formulations for invis-

cid vertical advection and diffusion. If, under these simplifications,

it is forced by the same zonally uniform switched-on easterlies, it

simulates in the lower layer a longitudinal pattern of velocity along

the equator very similar to the one of Figure 12b or 14b: eastward

velocity progressively increasing from west to east, and abruptly

decreasing within two degrees of longitude from the eastern boundary.

Consider now the case when the full mixed layer physics is included,

surface heating is applied to maintain the stratification (otherwise

quickly eroded by the strong vertical circulation) and the same zonally

uniform easterlies are switched on. In the adjusted state, the east-

ward velocity in the lower layer again increases from west to east, but

only over about the western third of the basin. It is then roughly

constant over the rest of the equatorial section. The eastern decrease

to zero is again abrupt and occurs within two or three degrees of long-

itude from the eastern boundary.

Consider finally Schopf and Cane's model adapted to the

geometry of the tropical Atlantic ocean and forced by the climatolog-

ical Hellerman and Rosenstein (1983) wind stress field. Figure 17b

contrasts the response of the lower layer velocity in summer and spring
over the eastern half of the basin. The weakening of the current is no
longer as abrupt or confined to a narrow eastern boundary layer. As

for Treguier and du Penhoat's linear model, strength and eastward pene-

tration of the EUC appear instead strongly correlated with the strength

and eastward extent of the easterlies forcing the system. In order to

compare further the EUC velocities simulated by both models, one needs
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to keep in mind that, due to the coarse vertical resolution of Schopf
and Cane's model, the velocity of their simulated EUC (a vertical aver-

age over the lower layer thickness) underestimates what its core vel-

ocity would have been were the lower layer better resolved and able to

support vertical shears. The EUC of the nonlinear run (Figure 17b)

appears consistently stronger than that of the linear run (Figure 16b),

improving the comparison with observations. The large simulated sea-

sonal variation however is not strongly supported by the data (section

1.4.1.1, and chapter 2).

The above observational and theoretical review suggests to

me that the most likely cause for the gradually weakening EUC in the

second half of its eastward course is gradual weakening of the wind

stress forcing with longitude. The strength of the circulation still

observed east of the region forced by the easterlies in the equatorial

Atlantic points to the importance of nonlinear inertial effects, and

it is possible that the effect of wind fluctuations with a period
between 10 and 50 days, shown to cause a nonlinear intensification of

the EUC in a 4800 km basin (Philander and Pacanowski, 1981), and

absent in monthly climatologies, should be considered.
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Chapter 2. EASTERN TERMINATION OF THE EQUATORIAL UNDERCURRENT

Observations from both the Pacific and the Atlantic suggest

that what is left of the eastward-flowing EUC veers southeastwards as

it approaches the eastern boundary and possibly connects with a pole-

ward coastal undercurrent. Some northward recirculation has also been

documented. These patterns have been mostly inferred from the study

of hydrographic data. This chapter examines whether available direct

current meter measurements confirm the patterns of eastern circulation

obtained by indirect methods.

The (mostly hydrographic) observations supporting present

assumptions on the eastern equatorial circulation are reviewed first

along with a few poleward coastal undercurrent models. The observa-

tional contribution of this thesis to the question of the EUC termina-
tion in the Gulf of Guinea (eastern equatorial Atlantic) is presented
next. It is mostly based on the analysis of historical profiler cur-

rent meter data. Voituriez's (1984) case for a weakened EUC transport

at 4'W in the summer due to enhanced upwelling is revisited. New
evidence for a poleward undercurrent along the coast of Gabon, with

characteristics similar to those of the Peru-Chile undercurrent in the

eastern Pacific, is found and discussed.
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2.1 Eastern termination of the Pacific EUC

Using hydrographic data from various expeditions in the
eastern equatorial Pacific, Wyrtki (1966, 1967) constructed the circu-
lation pattern reproduced here as Figure 18, based on geostrophic

transport estimates. Water from the EUC is shown to spread north and
south before reaching the Galapagos Islands (located near O'N 91'W).
Some EUC water appears to be integrated into the SEC at subsurface

levels and to return westwards on both sides of the eastward core. Most

is shown to flow southeastwards to the coast of Peru, upwell and return
northwestwards as part of the surface SEC. A smaller portion is shown
to branch northwards, upwell and return westwards with the surface NEC.

Lukas revisited the question of the Pacific EUC termination

in 1981. Using again historical hydrographic data, he computed dynamic
topography and traced features characteristic of the EUC core (Lukas,

1981; 1986). These features include the high salinity and high oxygen
content generally associated with the core (see Figure 5 in Tsuchiya's

monograph, 1968), and the 13'C-thermostad generally found below the

core (Figure 19).
According to Lukas' study, the Pacific EUC terminates in

the following manner. Over most of the year, the Galapagos Islands,

located about 10& of longitude off the coast of Ecuador, constitute a
major obstacle to the eastward flow (already weaker than farther west).
As a result, the EUC appears to adopt a southeastward course from the

equatorial region west of the Galapagos directly to the coast of South
America at about 5'S. Each spring however, an abrupt increase in the
EUC transport and in the eastward advection seems to occur. High sal-
inities can be traced around the Galapagos and along the equator to the
eastern boundary and then southeastwards along the coast, suggesting
that the EUC itself has adopted a new course: eastwards to the coast
and then southeastwards along it.

Lukas explains this eastward surge as resulting from the
eastward propagation of an equatorially-trapped downwelling (high pres-
sure) feature with the characteristics of a Kelvin wave. As described
in section 1.3.1, the mean pressure in the equatorial Pacific decreases
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eastwards from the western boundary (positive ZPG force) until about

95~W, then increases towards the eastern boundary (negative ZPG force).

As the high pressure feature propagates into the region of positive ZPG

of the eastern basin in the winter, the slope upstream of the feature

is reversed, favoring a subsequent surge of eastward flow (Figure 20a).

Lukas further argues that, close to the coast at 82dW, the

mean meridional dynamic topography is nearly flat at 75 m between 0 and
5 S. But as the equatorially trapped high pressure feature described

above reaches 82'W in the spring, a large slope is created between 0'
and 5'S (Figure 20b). This in turn forces a seasonal southward coastal

flow, and the high salinity tongue observed along the coast at the same

time can then be explained by southward advection. South of 5'S where,

according to Lukas, a southward pressure gradient force exists year

round (Figure 20b), a poleward undercurrent, the Peru-Chile undercur-

rent, has been observed over the continental slope and shelf, its core
between 50 and 100 m-depth (see for example Brockmann et al., 1980 and

Brink et al., 1983). Alongshore velocities of the order of 0.15 m/s
were recorded and show large time variability dominated by 5-20 days
baroclinic free coastal-trapped waves (Brink et al., 1983). Tempera-

ture, salinity and oxygen concentration of the coastal undercurrent

appear to decrease downstream and to have an equatorial origin. This
distribution of properties is actually what led earlier investigators

to infer the existence of southward subsurface flow at the coast in

the first place (Gunther, 1936).

According to Lukas' scenario then, the EUC generally leaves

the equator at the Galapagos Islands and feeds the Peru-Chile undercur-
rent at about 56S. In the spring when the EUC is stronger, it passes

the Islands, extends to the coast at the equator then deflects south.

To our knowledge, presently available current meter mea-

surements do not unambiguously confirm such a link between equatorial
and coastal undercurrents. Long term current measurements at O'N 110'W

do show an intensification of the EUC in April-May for non El Nino
years (Figure 8b; Halpern, 1986). [Velocity measurements further east

exist but consist either of instantaneous sections at 95'W and 85'W or
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of moored time series at 95aW during an El Nin"o event. They do not
contradict the occurrence of a spring intensification of the EUC.]
Current measurements at the coast, mostly made at 5'S and 15'S, do not
however resolve the seasonal variability of the coastal undercurrent

(CUC). The longest time series so far were obtained during El Nino

years at 15'OS in 1976-77 and at 10 'S in 1981-82 (Smith, 1983), and thus
are more indicative of the interannual variability of the CUC. Accord-
ing to Smith's study, the onset of El Nini'o conditions at the coast
(surface and subsurface warming) coincided with increased poleward flow
in March-May 1976 and October-December 1982. Continuous current mea-
surements at O'N 110OW and 0' 95'W (Halpern, 1987a,b) do not exhibit a
fall intensification of the EUC but show that the EUC "disappeared" in
January 1983. It may be that the 95'W-time series at the equator

missed an intensification of the EUC prior to its disappearance, since

Mangum et al. (1986) did observe a stronger than usual EUC core at 95'W

in November 1982, but centered at 0030'S (Figure 21).

We saw earlier that the longitude of the Galapagos Islands

coincides approximately with that of the reversal of the annual mean

zonal winds (from easterlies to the west of the Islands to westerlies
to the east). We also saw that southerlies create a sea surface set-up

across the equator corresponding to a southward pressure gradient

force. At a coast where zonal geostrophic flow can no longer balance

such meridional pressure gradients, poleward flow can thus be forced

below an equatorward flow frictionally driven in the direction of the
wind. Furthermore, the end of the winter is a period of weaker south-
erlies (Leetmaa and Wilson, 1985). A relaxation of the southerlies
could trigger an imbalance in the meridional pressure gradient result-
ing in increased southward flow.

Note however that one of the conclusions of Lukas' analysis

is that local winds do not play a major role in the termination of the
Pacific EUC. According to his description, the westward and poleward
pressure gradient forces which decelerate the flow zonally and acceler-
ate it meridionally are caused internally by the impingement of the
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EUC waters on the Galapagos Islands or of a remotely forced equatorial
Kelvin wave on the eastern boundary. On the annual mean, Lukas (1981)

does not observe a southward pressure gradient force below about 50 m

between ON and 5'S at 82'W. Furthermore he argues that timings are

wrong to explain seasonal variations in the zonal pressure gradient
along the equator and in the meridional pressure gradient along the
coast by the seasonal variations in the zonal and meridional components
of the local winds respectively.

Models simulating the coastal undercurrent on the other

hand rely heavily on the existence of alongshore winds and opposing
pressure gradients. In Yoshida's (1967) model of the circulation in

the eastern tropical oceans, local winds are important because they
cause local upwellings and subsequent meridional pressure gradients

supporting zonal flow at the equator, and cross-shore pressure gradi-
ents supporting alongshore flow at the coast. In McCreary's (1981)

linear stratified model, the CUC is driven by a meridional pressure
gradient force anchored at the edges of a patch of meridional wind
stress. In Philander and Delecluse's (1983) model, the poleward CUC at

the eastern coast is also driven by a poleward pressure gradient force.
In their case, the pressure force which is created across the equator
to oppose the northward wind stress becomes amplified at the coast

since, with northward wind, downwelling (high pressure at the coast) is
created north of the equator, and upwelling (low pressure at the coast)

is created south of the equator. Finally, in Rothstein's (1984) linear

model, simulated EUC and CUC appear to be continuous, and agreement

with Lukas' prediction is pointed out. But the model is forced by an
idealized field of southeasterlies in which the coast coincides with
the longitude at which '(x) goes to zero and r(y) is maximum. That

choice makes it difficult to dissociate the role of the local winds
from that of the coast itself in decelerating and deflecting the core

of the EUC.
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2.2 Eastern termination of the Atlantic EUC
Figure 22, from Lemasson and Rebert (1973a), synthesizes

their understanding of the mean surface and subsurface circulation in
the Gulf of Guinea. It is based on a large number of prior observa-
tions of various nature scattered in space and time: surface current
measurements, geostrophic transport estimates, tongues of high salinity
and oxygen content, a few subsurface current measurements. Many obser-
vations in the region were made by the international community during
the program EQUALANT (1963-1964). Since then, most have been taken
during cruises out of Ivory Coast and Congo by the French agency
0. R. S. T. 0.M.

Figure 22 shows a predominantly northwestward surface
circulation over a predominantly southeastward subsurface one, and
presents many analogies with Figure 18 for the eastern Pacific. The
two basins have similar geometries except for their northern boundary.
The Sao Tome Island, around ON 7'E, plays the role of the Galapagos
Islands (although it is located 3' of longitude off the coast rather
than 10*). The Benguela Current is the equivalent of the Peru Current.
As in Wyrtki's cartoon of the Pacific EUC (Figure 18), the Atlantic EUC
is shown to veer southeastwards before Sao Tome and form a poleward
coastal undercurrent. Some northward branching is also suggested. In
contrast with Figure 18, Lemasson and Rebert also indicate the presence
of two westward subsurface flows at and off the northern coast of the
Gulf of Guinea below the surface eastward Guinea Current. Finally,
they distinguish two distinct southeastward subsurface flows below the
northwestward SEC south of the equator (see for instance Lemasson,
1975, and Molinari et al., 1981): the South Equatorial Undercurrent
(SEUC) near 5'S, and the South Equatorial Countercurrent (SECC) near
10 S (which occasionally has a surface signature as well). Subsurface
countercurrents have also been observed in the eastern Pacific
(Tsuchiya, 1968) although their easternmost extension and fate is
unclear.

Subsurface currents in the eastern equatorial Atlantic are
in general associated with high salinities. No such water can be
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formed within the Gulf of Guinea whose surface waters are on the con-
trary very fresh due to an excess of precipitation over evaporation and
a large river runoff [from in particular the Niger River at 6'E 4*30'N
and the Congo (Zaire) River at 12*E 6*S). High salinities thus appear

to be advected into the Gulf of Guinea from the west via the eastward

countercurrents (including the EUC), and from the south via the

Benguela Current. Both current systems carry waters of subtropical

origin (where surface salinities are high due to evaporation). In the

case of the EUC, this water appears to have converged westwards towards

the equator from higher latitudes before being advected eastwards

(Figure 23; Khanaichenko, 1974).

There is agreement in the literature on the fact that the

influence of the Benguela Current (BC) does not reach the equator, and

that the source of the high coastal salinities observed between Cape

Lopez (0*30'S 10*E) and Pointe Noire (5S 12E) (Figure 22) is the EUC.

There is however no consensus over a southern limit of EUC waters

versus a northern limit of BC waters. Using TS curves, Wauthy (1977)

traces EUC waters down to 13'S, Gallardo (1981) mentions seasonal

excursions of a coastal branch of the BC up to 5'S, and Van Bennekom

and Berger (1984) combine TS characteristics and NO3 concentrations

(lower in the EUC, higher in the BC) to document a shallow zonal front

of BC waters at 9'E 5'S, i.e. off the continental shelf in front of

the Congo River outflow. Further south, waters from the SECC may also

contribute to the high coastal salinities. We will now examine how the

salinity distributions have been used to infer circulation patterns.

Given the uncertainty on the source of high salinities for the coastal

region south of 50S, we will focus our attention on the region north

of 5'S.

The procedure of following tongues of high salinity and

attributing them to direct advection by the EUC has been often used.

In fact this constitutes most of the observational evidence for a

southeastward branching of the EUC into a poleward coastal undercurrent

off Gabon and for a northwestward connection between the EUC and the
westward undercurrent off the northern coast of the Gulf of Guinea.
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Examples are shown on Figure 24 (Rinkel et al., 1966), Figure 25
(Hisard et al., 1975) and Figure 26 [(a) Le Floch, 1970; and (b)

Lemasson and Rebert, 1973b]. Additional observations are reported in
Hisard and Morlibre (1973), Kolesnikov et al. (1971), Morliere et al.

(1974), Khanaichenko (1974), Wauthy (1977), Piton, Montel and Gausi

(1978), Piton, Besson and Esposito (1978). Distribution of dissolved

oxygen on isanosteric surfaces has also been used to trace the EUC and
the SEUC southeastwards (Hisard et al., 1976; Piton, Besson and
Esposito, 1978).

Khanaichenko (1974) justifies the use of the core layer
technique for the study of the EUC trajectories (Figure 27) by arguing
that the subsurface eastward flow remains confined between the isopyc-
nals at = 24 and at = 26 and sheltered from local wind influences.
With vertical mixing assumed negligible compared to lateral mixing on

isopycnal surfaces, a tongue of conservative property suggests the

existence of a component of the mean circulation along its axis. (With

no diffusion at all, water mass properties would be exactly conserved

along the flow trajectories, and isolines of property would coincide

with trajectories).
There are various kinds of drawbacks to the core layer

technique. That salinity is technically not a passive tracer appears

minor compared to other problems and will be ignored. First there is

an observational difficulty. Defining the property distribution itself

involves contouring a set of scattered measurements which, typically,

are poorly resolved in space and not simultaneous. The contouring op-
eration thus tends to be quite subjective, relying on implicit assump-

tions of large spatial scales and small time variability. Figure 28
illustrates for example how the same subsurface salinity data from

EQUALANT II (August-September 1963) were contoured differently by
(a) Le Floch (1970) and (b) Neumann et al. (1975). General patterns

are fairly comparable, but the tongue-like structures drawn by Le Floch

in the Gulf of Guinea appear to reflect his preconception that the high

salinities observed there are of South Atlantic origin.
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Transport of waters in subsurface layers of tropical zone in the
Atlantic Ocean.

a-constructed by Defant on basis of salinity distribution [23]; b--constructed by
author on basis of distribution of maximum salinity along isopycnal surface 25;

c-dformcd ficld of pressure in isopycnal surfacc 25.

Figure 23: Origin of the salinity core associated with the Atlantic
EUC, according to Khanaichenko (1974).
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Salinity section between 15'W and 8'E along the equator, March 10 to April 6,
1964. Station numbers are given along bottom line of the section. Asterisks indicate data taken
from vertical salinity sections along 15,8, and 2'W.
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Results of current-drogue measurements at the depth of the salinity maximum in
the equatorial region between 15'W and 8'E. Observations made by R. V. Pillsbury are shown
by solid arrows and observations made by R. V. Geronimo by broken arrows. Direction of the
arrows indicate average drift of the drogue during a tracking period of about 12 to 14 hours.
Average speed is given in cm/sec. East of 0' longitude, oceanographic station locations are
shown by dots. The hatched area indicates the southeastward extension of the high-salinity
core (with salinities in excess of 36.2 parts per thousand.) Insert shows location of survey area.

Figure 24: Tracing of the subsurface salinity maximum in the Gulf of
Guinea (Rinkel et al., 1966).
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Figure 25: Vertical distributions of (a) salinity and (b) density in
the easternmost Gulf of Guinea in May 1973. The location of the
sections is indicated in the inset (Hisard et al., 1975).
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Figure 26: Tracing of subsurface salinity in the Bight of Biafra and
the Bight of Benin (northeastern Gulf of Guinea).
a. On the surface at = 24.75 (Le Floch, 1970).
b. At the depth of the salinity maximum and on the surface
at = 25.60 (Lemasson et al., 1973b).
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Lomonosov Current, its sources and termination in layer of maximum salinity.

Figure 27: Use of the core layer method to determine the formation andtermination of the Atlantic EUC (Khanaichenko, 1974).
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Figure 28: EQUALANT II subsurface salinity maximum, according to
(a) Le Floch (1970) and (b) Neuman et al. (1975).
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Secondly, it has been often illustrated that, unless the

effect of diffusion is very weak compared to that of advection (large

Peclet number), the pattern of property distribution may bear little

resemblance to that of the circulation, even in a well resolved two-

dimensional situation (see for instance the work done on the advection-

diffusion of the Mediterranean outflow, Richardson and Mooney, 1975;

Hogg, 1987). Shear in the velocity may be mistaken for a veering of

the flow, as illustrated on Figure 29 where the property field advected

by a purely zonal shear flow (U + ay) is shown for various values of

the shear at given zonal and meridional Peclet numbers (Pickart, 1987).

Also temporal variations in the flow itself or the source of tracer are

likely to produce misleading patterns. The general problem of how to

invert a tracer field for velocity was recently discussed by Fiadeiro

and Veronis (1984) and by Wunsch (1985). In the case of the mid-

Atlantic EUC, the narrow tongue of high salinities weakening eastwards

in the upper equatorial thermocline is thought to be formed by converg-
ing eastward flow. We saw that, by extension, the subsurface tongue-

like high salinity structures found at the coasts of Gabon and Nigeria

have been attributed to advection by southward and northward branches

of the EUC respectively (Figure 27). It is just as conceivable, how-

ever, that the high salinity waters brought into the Gulf of Guinea by
the EUC subsequently spread polewards without the need for advection

by any well defined vein of current. This could happen because of a

change in the meridional flow from converging to diverging, or simply

because of weak velocities, small Peclet number and thus relatively

larger lateral diffusion than farther west. The tongue-like character

of the coastal distributions can then be due to convergence and maybe
advection of the saline water mass by coastal dynamical processes

independent from equatorial ones.

The last difficulty in applying the core layer method to

trace the EUC into the Gulf of Guinea comes from the assumption of
minimal vertical exchanges. The equator is a region of upwelling all

year. The upwelling has a surface signature: the equator appears as
a line of low temperature and high chlorophyll concentration, which
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implies that some vertical mixing occurs between the waters of the
surface layer and those of at least the upper thermocline where the

high salinity core is found. Indeed, Katz, Bruce and Petrie (1979)
attribute the eastward loss of salt by the subsurface tongue between

284W and 10'W to vertical mixing with the fresher SEC waters above.
Moreover, the upwelling goes through a distinct seasonal cycle: it is

maximum in boreal summer when the southeasterlies are maximum. In the
Gulf of Guinea where the thermocline is shallow, the enhanced summer

upwelling causes a spectacular drop of sea surface temperature along
the line of maximum divergence (which, due to the southerly component

of the wind, lies slightly south of the equator). At the same time,
surface nitrate concentrations rise and the high salinity of the sub-

surface core drops. This has been documented in detail by Voituriez
(1980a,b; 1981; 1983), based on repeated hydrographic stations along

4'W between 1971 and 1980 (Figure 30).

Voituriez (1983) points out that the subsurface salinity

maximum in the Gulf of Guinea can disappear altogether during the

summer, without a corresponding disappearance of the EUC velocity core

(Hisard and Morliere, 1973). Rather than increased mixing with the

surface waters, Voituriez describes a global upwelling of the whole

hydrographic structure which brings the salinity maximum into the sur-

face SEC, where it is advected westwards and quickly looses its ident-

ity. This constitutes a serious warning regarding prior inferences

that the EUC itself would stop between 5'W and 0E in the summer.

Southerly winds over the eastern boundary of the Gulf of Guinea south

of the equator and southwesterly winds over the northern boundary east

of 0E are also upwelling favourable. As at the equator, lower temper-

atures and higher salinities appear at the surface along these coasts

during boreal summer, while subsurface salt concentrations presumably

decrease. This again makes it hard to infer the limits of a corres-

ponding advective flow.
This entire discussion points to the need for direct

current measurements, not only along the equator and the coasts, but
also in between, in order to estimate the respective roles played by
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Figure 29: Advection of a property field by a purely zonal shear flow
(u + ay) for various values of a, illustrating (a) spreading,
(b) migration, (c) a combination of spreading and migration.
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Figure 30: Seasonal variations of water properties at 4'W (1971-1980)
a. minimum sea surface temperature between O'N and S'S.
b. maximum surface nitrate concentration between O'N and 5'S.
c. EUC maximum salinity.
(Voituriez, 1983).
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advection and diffusion in getting the saline subsurface water from

the equator to the coasts. Existing current meter measurements in the

Gulf of Guinea are reviewed in the following sections.

2.3 Current meter measurements in the eastern Gulf of Guinea

A number of velocity measurements have been made through

the years within the eastern Atlantic EUC. While these measurements

are too few to resolve seasonal variations unambiguously, they do pro-

vide order of magnitude estimates for the EUC maximum velocity:

values around 0.75 m/s have been often reported around 5'W, and values

larger than 0.30 m/s around 5*E (this will be documented later in the

section).

Along the northern coast of the Gulf of Guinea where sub-

surface westward tongues of high salinity have been reported (Figure

26), a subsurface westward flow centered around 4*N has been observed:

the Guinea Countercurrent with core depth 50 to 150 m and core velocity

0.10 to 0.60 m/s. A distinct subsurface westward core trapped at the

continental slope has also been reported: the Guinea Undercurrent.

Both currents appear to be associated with high salinities (Lemasson

and Rebert, 1973a,b).

At the eastern coast of the Gulf of Guinea south of the

equator, where a southeastward subsurface tongue of high salinity has

also been observed, velocity measurements published to date have mostly

been made off Pointe Noire, along a section perpendicular to the coast
between about 12"E 5'S and 9'E 6.5'S (Figure 22). Results from current
meter measurements made between September 1967 and November 1969 are

discussed by Gallardo (1981). Observations from the 1973-1976 period

are presented in Guillerm (1981). Both studies report a predominance

of south-southeastward flow (of order 0.30 m/s) through the year. The

vertical and horizontal structure of the circulation is however complex
and highly variable. The southward flow may be found off the conti-

nental slope or above the shelf or both and it may or may not be under-

neath north-northwestward flow. Furthermore, amplitudes undergo large
changes. Subsurface high salinities can also be found both off the
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slope and above the shelf, although they seem more often centered off
the slope.

Maxima of southward transport are noted in June (beginning

of the upwelling season) and in the fall. It is not obvious that this

is a reliable seasonal signal, however. In the experiment described by

Guillerm (1981) the section was occupied less than once a month over

three years, yielding twenty-one instantaneous vertical profiles of

velocity between the coast and either 100 km or 350 km offshore. By

considering these to be representative of the month or the season at

which they were made, one implicitly assumes that higher frequency var-
iability is negligible there. On the contrary, continuous time series

of the velocity at station "Emeraude," off Pointe Noire over the con-

tinental shelf, show a succession of flow reversals at 40 m and no

clear mean annual direction. Of course, the variability at the shelf

may not be representative of the variability farther offshore, and

fixed point measurements may alias spatial into temporal variability.

Resolving both spatial and temporal variations of the alongshore circu-

lation would probably require simultaneous long term measurements from

closely spaced moorings along the cross-shore section.

Despite uncertainties on magnitudes and variability, most

existing current measurements nevertheless indicate the presence, at

least part of the time, of subsurface eastward flow at the equator

around 54E, subsurface southeastward flow off the coast of Congo at

5 S, and subsurface westward flow at the northern coast of the Gulf of

Guinea east of 4'W. Current measurements available so far thus do not

rule out the assumption that the observed tongues of high salinity are

at least partly advective.

Let us now investigate the question of a dynamical connec-

tion between equatorial and coastal currents. Only one data set is
available for that purpose. It was collected in May 1973 between 5'E,

4 S and the coast of Africa during cruise 7309 of R.V. CAPRICORNE

(Morliere, Hisard and Citeau, 1974). The cruise tracks were chosen so

as to delimit a closed domain and estimate transports through its open
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sides and through various interior sections (Figure 31). The results

do suggest continuity between the eastward EUC (reported to have a

velocity as high as 0.90 m/s at 50E) and a southeastward flow located
about 150 km off the Gabon coast. Most of the equatorial flow is

described as going south of Sao Tome Island at 6.5'E and some as going
north of it in agreement with the observed distribution of maximum

salinity at similar levels. Continuity between the eastward SECC

(0.40 m/s at 40S) and a southeastward flow located at about 450 km from

the Gabon coast is also suggested, again in agreement with the subsur-

face salinity distribution. Continuity is also claimed between the EUC

and westward flow at about 3'N and 5'E, but this is better supported

by the subsurface salinity pattern than by the velocity measurements.

Another observation from that cruise is the thickening of the subsur-

face salinity core at Sao Tome and at the African coast suggestive of

the impingement of an inertial jet on a wall (Figure 25; Hisard, Citeau

and Morliere, 1975).

Since those are the results of only one cruise made between

May 9 and 29 in 1973, there is no way to know whether it is representa-

tive. Consider Figure 32 which recapitulates all the estimates pub-

lished so far of the maximum velocity of the EUC near 1E and 64E.

Crosses (x) correspond to the most recent measurements from the 1982-

84 FOCAL program (Henin, Hisard and Piton, 1986), dots (') indicate

earlier measurements (Table 1). The 0.90 m/s value of the EUC velocity

in May 1973 is higher than any other measurement at 6'E (Figure 32b),
although rather high values were also reported in March 1969 at 4'E and

60E [(b); Kolesnikov et al., 1971], and in February 1983 and May 1984

at 1E Ua); Henin et al., 1986]. Note also the spectacular drop of

velocity between 1*E and 6'E in February 1983 (NICAL 2) and in May 1984

(NICAL 7).

Let us assume for now that the large values of the EUC

maximum velocity on Figure 32 are not the result of some experimental
error. Then the apparent discrepancy between measurements made at the

same longitude and season but in different years, or between quasi-
simultaneous measurements taken 5' of longitude apart, may be caused by



140

the aliasing of a sharp eastward-propagating seasonal velocity pulse.
A pulse with a 1 m/s phase speed would take only one week to travel 5'

of longitude. During FOCAL, measurements along 1'E and 6'E were made
about a week apart on average, but 6'E was visited first. So if the

high velocity measured at 1E in February 1983 is the front of an east-

ward traveling pulse, it would not be observed at 6'E a week earlier.

And if the pulse lasted less than three months, it could have been

missed at 6'E altogether since next measurement is not made before May.

The same reasoning may be applied to the high velocity measured at 1'E

in May 1984. The fact that high velocities are encountered at 1E in

February 1983 and May 1984, and at 6'E in March 1969 and May 1973 could

then reflect interannual variability in the arrival of our hypothetical

seasonal velocity pulse in the Gulf of Guinea. In favour of interan-

nual anomaly is the fact that both 1973 and, to a greater extent, 1984

have been documented to be years of positive SST anomalies (reduced

upwelling) and increased precipitation (Merle, 1980; Hisard, 1980;

Picaut et al., 1984; Philander, 1986).
We just reviewed the extent to which the direct velocity

observations in the eastern Gulf of Guinea support the picture origin-
ally drawn on the basis of salt distribution of an asymmetric termina-

tion of the EUC into two coastal branches (Figure 27). Meridional sec-

tions of zonal velocity also reveal a feature of the circulation which

is not predicted by tracing methods: the existence of substantial

westward flows on both flanks of the EUC core. These flows may result

from deep penetration of the surface SEC, or they may be distinct west-

ward cores below the SEC. Their intensity and depth is not necessarily

symmetrical with respect to the EUC core, and present observations do

not provide information on their origin. Examples at 5*W and 1E are

reproduced on Figure 33 (Hisard et al., 1976; Henin et al., 1986).
Recall that, in Cane's (1979) model of a steady EUC forced by constant
easterlies, no coastal flow is found at the eastern boundary beyond 2*
of latitude from the equator, but westward flows are simulated on the

flanks of the model EUC: they return the eastward transport which

impinges on the eastern boundary and contribute to the water which, in
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Figure 31: Current measurements (referenced to 500 m) in the Gulf of
Guinea in May 1973.
a. 0-100 m transports through the sections indicated on the map.
b. Vertical distribution of velocity across the southernmost
section of (a).
(Morliere et al., 1974).
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TABLE 1

Measurements of the EUC Maximum Velocity in the Eastern Gulf of Guinea

0-1'E March 1964 drogue Rinkel et al., 1966
30 June 1979 shear/450 m unpublished

1964-1978 30 July 1978 shear/500 m Voituriez, 1980

4-6*E March 1964 drogue Rinkel et al., 1966
March 1969 mooring Kolesnikov et al.,

1971
1964-1978 May 1973 shear/500 m Morliere et al., 1973

June 1968 shear/500 m Hisard et al., 1973
June-July 1971 shear/400 m Hi sard et al 1973
July 1979 shear/450 m unpublished
22 August 1978 shear/500 m Voituriez, 1980

Program FOCAL shear/500 m Hesnin et al., 1986
R.V. NIZERY,
IO.R.S.T.Q.M.

,3-17 November 1982 NICAL 1
a1-17 February 1983 - 2

aHrd 27 April-12 May 1983 - 3
62E 28 July-12 August 1983 - 4

4-20 November 1983 - 5
10-25 February 1984 - 6

1982-1984 4-20 May 1984 - 7
27 July-10 August 1984 - 8
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ruary 1984 (Hnin et al., 1986). Westward flows are seen on
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the interior, flows equatorwards into the EUC in agreement with vortic-

ity conservation arguments (Figure 12b, section 1.6.1.1).

Let us finally discuss the accuracy of the current meter

measurements and the type of errors associated with them. All of the

velocity measurements at 10E and 6'E from the FOCAL program (NICAL

cruises 1982-1984, Figure 32) and many previous measurements in the

Gulf of Guinea were made using an Aanderaa profiler current meter

(DiUing and Johnson, 1972). Typically, the instrument is lowered from

a drifting ship down to 500 m and returned to the surface within 1/2

hour to 1 hour. The exact drift is in general not known but the veloc-

ities at 500 m are expected to be negligible compared to the velocities

above. At the analysis stage, the 500 m-value is thus interpreted as

a measure of the ship drift (assumed steady during the lowering of the

instrument) and it is subtracted from all other levels. So the ver-

tical profile of shear with respect to 500 m is thought to provide an

estimate of the absolute velocity profile in the upper ocean. The

vertical resolution is very good since the sampling interval is often

less than 5 m.

The advantage of the profiling technique is that, by gener-

ating enough highly resolved vertical profiles across a meridional sec-

tion spanning the equator (typically every half degree of latitude),

one gets a picture of both the vertical and the meridional structure

of the upper equatorial currents (Figure 33). In the case of the EUC

which has been shown to meander about the equator on time scales of

the order of three weeks (D'uing et al., 1975) it is therefore a much

more reliable method of locating and resolving the EUC core than if

the measurements were made at a fixed point.

The disadvantage of the technique is that it is very dif-

ficult to quantify its accuracy. Some sources of errors, such as the

inclination of the instrument due to cable angle in strong shear flow,
are discussed in Duing and Johnson (1972). Overall, these authors

estimate that, when used from an anchored ship, the profiler technique
yields estimates of instantaneous absolute velocities accurate to
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within 5 percent (e.g. *0.05 m/s of 1.00 m/s, or *0.025 m/s of
0.50 m/s). When used from a drifting ship, an extra uncertainty is

introduced: the instantaneous velocity shear with respect to 500 m is
a reasonable measure of the absolute velocity above 500 m only if the

absolute flow velocity at 500 m is negligible. But long term subsur-

face moored measurements at ON 3'W taken between January 1977 and

June 1978 show that the zonal velocity at 558 m often reaches values

of *0.10 m/s (Weisberg and Horigan, 1981).

It is also difficult to evaluate the effect of temporal
variability. Each vertical profile obtained from a 1/2 hour to 1 hour-

long station can certainly be considered instantaneous, but there is no

guarantee that the current system is not changing within, for example,

the five days it took to sample the section of Figure 33b. The best

indication that at least the signal is not dominated by large amplitude

high frequency variability are the spatially coherent structures one

finds when attempting to contour the vertical profiles taken at suc-

cessive latitudes.

Finally, one wishes to know to what extent a quasi-

instantaneous section is representative of the month at which it was

taken. What variability to expect is however not obvious: isolated

moored current measurements do provide long time series, but typically

they are not dense enough in the vertical to adequately resolve a sharp

feature like the EUC core, and they are not part of a dense meridional

array with which to monitor the core's lateral excursions. So both

vertical and horizontal displacements of the EUC core can be aliased

into the temporal variability measured at the fixed levels of an

isolated mooring. [Recall Figure 21 at 95'W in the eastern Pacific.]

It might be possible to better quantify the alias problem by estimating

r.m.s. velocities in given frequency ranges from moored data (Toole,

personal communication). A more straightforward way to simultaneously

resolve the spatial and temporal variability of the EUC would be to
have at one's disposal long time series of velocity measured by some

autonomous profiler current meter (PCM) devices lowered from a dense
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meridional array of moorings. Experimental costs however appear pro-

hibitory for the realization of such an experiment soon.

In conclusion, accepting that the instantaneous shear with

respect to 500 m obtained during a PCM station from a drifting ship is

accurate to within 5 percent, the instantaneous absolute velocity pro-
file is probably not known better than within 0.10 or 0.15 m/s. The

further error made in implicitly interpreting quasi-instantaneous vel-

ocity sections as monthly mean ones is difficult to quantify, but it is
bound to be larger than 0.10 or 0.15 m/s at the depth of the EUC core.

The high velocities measured at 1 E and 6*E in the spring (Figure 32)

would have little statistical significance if the error were to reach
0.25 m/s (the standard deviation of the scatters if one assumes no time

dependence). Since however the scatter of maximum velocity values at
both O-1 E and 4-60E appears systematically larger during the first

half of the year (Figure 32), I believe that it is indicative indeed
of the occurrence of higher EUC velocities in winter and spring than

in summer and fall between 0*E and 6*E.

2.4 Seasonal variations of the EUC at 4'W

We saw above that the observations of the EUC maximum

velocity made in the eastern equatorial Atlantic between 0*E and 6"E
suggest a stronger flow in winter and spring, a weaker flow in summer

and fall. These observations are also compatible with the concept of
a rapid intensification in the form of an eastward propagating pulse,

reminiscent of the Kelvin wave that Lukas (1981, 1986) describes as
responsible for the spring intensification of the eastern Pacific EUC
(section 2.1). Through the years, more observations of the EUC maxi-

mum velocity were made at 40W than farther east. It therefore appeared

logical to undertake a critical review of the 4 W data to see whether
or not they confirm the seasonal behaviour suggested by the 0E-6'E
data.

The first attempt at determining the seasonal variations

of the EUC at 4*W was published by Hisard (1973), who reviewed the cur-
rent measurements reported by various sources prior to 1973. Hisard
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obtained the data points reproduced as black circles ( ) on Figure 34a.
Two more data points represented by crosses (+) were added based on
results published later by Hisard et al. (1976). Table 2 recapitulates
the nature of the various measurements. At least two types of current
meters (Ekman and Aanderaa) were used. Figure 34a again suggests a

stronger equatorial undercurrent in winter and spring, a weaker under-

current in summer and fall. Again, the interannual scatter is large in

the winter and could indicate various triggering dates for the intensi-

fication (earlier in 1975, later in 1968).

The second attempt was presented by Voituriez (1981, 1983).
In order to limit experimental errors, Voituriez chose to ignore early

measurements by disparate instruments and limited his analysis to a

homogeneous set of Aanderaa PCM measurements taken between 1977 and

1980 on cruises of R.V. CAPRICORNE (0.R.S.T.0.M.) out of Abidjan

(Table 2). All velocity profiles are taken from a drifting ship and

the shear is referenced to 500 m. Voituriez' estimates are reproduced

as open circles (0) on Figure 34b. His interpretation of the

results is that the EUC weakens during the summer as a consequence of

the enhanced upwelling at that season. The same mechanism of transfer

into the westward flowing surface layer and mixing with deeper fresh

upwelled waters which erodes the high salinity core associated with the

EUC (section 2.2) would act on the zonal momentum and erode the upper

layers of the EUC. The deep upwelled fresh waters are slower but still

eastwards, so even in a case where the maximum salinity core disappears

entirely, the maximum velocity core may still be present, only weaker.

To explain the weakening of the EUC by the intensification of the

upwelling, the two phenomena must be simultaneous, and the EUC should

regain strength once the summer upwelling is over in the fall. The
high November 1979 value of Figure 34b is therefore as important for

the argument as the high April 1979 one and the low summer values.
Whether the same confidence should be put in each individual data point

is however not discussed by Voituriez, and a detailed re-evaluation of
his measurements is necessary.
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Figure 34: Estimates of the Atlantic EUC maximum velocity at 4'W
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TABLE 2

Measurements of the EUC Maximum Velocity Near 4 W

* January 1973
+ January 1975
* February 1965
* March 1964
* June 1968
+ July 1975
* August 1965
* September 1964
* September 1965
* October 1965
* November 1971

shear/500 m
shear/ ?
shear/1000 m
drogue
shear/500 m
shear/ ?
shear/1000 m
drogue
shear/1000 m
shear/1000 m
shear/500 m

Hisard, 1973
Hisard et al.,
Hisard, 1973
Hisard, 1973
Hisard, 1973
Hisard et al.,
Hisard, 1973
Hisard, 1973
Hisard, 1973
Hisard, 1973
Hisard, 1973

shear/500 m
R.V. CAPRICORNE,
O.R.S.T.0.M.

January 1977
July 1977
August 1978
April 1979
June 1979
November 1979
January 1980

Voituriez, 1981, 1983

KA 7701
KA 7706
KA 7802
KA 7902
KA 7906
KA 7910
KA 8001

Program FOCAL
shear/500 m
R.V. CAPRICORNE,
0.R.S.T.O.M.

H4nin et al., 1986

3-17 November 1982
1-17 February 1983
27 April-12 May 1983
28 July-12 August 1983
4-20 November 1983
10-25 February 1984
4-20 May 1984
27 July-10 August 1984

4-5a w

1964-1975

1976

1976

4 W

1977-1980

4 W

1982-1984
FOCAL 1

- 2
- 3
- 4
- 5
- 6
- 7
- 8

w
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A further motivation for re-examining the measurements used

to construct Figure 34b is provided by the results from the more recent

FOCAL cruises (1982-1984; Hdnin, Hisard and Piton, 1986). Figure 34c
shows the estimates of the EUC maximum velocity at 4 W obtained during

this program by R.V. CAPRICORNE. The instrument is again an Aanderaa

profiler current meter, but it is lowered from a buoy in order to avoid

contamination by the rolling and maneuvering of the ship. The measure-

ments are thus expected to provide better estimates of absolute vel-

ocity profiles (Hisard and Hdnin, 1984). Each point (.) on Figure 34c

is obtained by locating the maximum zonal velocity in depth and lati-

tude from the published meridional sections, sampled every half degree
of latitude on average (Henin et al., 1986). The temporal resolution

is rather poor since sections were made only four times a year. But

the tendency shown on Figure 34c is still alarming when compared with

Figure 34a,b: the difference between values obtained during the first

and the second half of the year is small, and, if there is a sign of
slight summer weakening, there is no sign of a fall reintensification.

Figure 34d reproduces all the data from (a), (b) and (c) in a single

plot, illustrating that only Voituriez' November 1979 estimate

indicates reintensification of the EUC in the fall.

Figure 35 shows a continuous time series of the equatorial
currents at 0'N 40W measured between February 1983 and September 1984

from Colin's FOCAL mooring (Weisberg and Colin, 1986). What is gained
in temporal resolution is lost in lateral and vertical resolution of

the core (see sampling levels on the right-hand side of Figure 35).
Again there is no clear seasonal signal from one year to the other.

It may of course be overwhelmed by interannual variability, since 1984

appeared particularly unusual (Philander, 1986).

In the following, we re-examine the Aanderaa profiler

current meter data collected in the Gulf of Guinea prior to the FOCAL

program. The goal of the analysis is to evaluate the robustness of

Voituriez's conclusion that, on a normal seasonal cycle, the EUC at 4'W

weakens in summer due to enhanced upwelling. The PCM data were kindly
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provided by B. Voituriez and B. Piton, Q.R.S.T.O.M., through the
B.N.D.O. data bank in Brest, France. The set includes stations at
4'W, 1'E, 6aE, and between 1'S and 60S along sections perpendicular to
the coast of Gabon and Congo. The coastal stations will be examined
in section 2.5 below. Some stations at 1E and 60E were used above as
"Iunpublished" observations (Figure 32, Table 1). In the following, we
limit our attention to the 4'W data and further isolate a subset formed
of the stations located between 2*S and 2N within 20 minutes of longi-
tude from 4*W, and to the profiles which extend deeper than 450 m. The
source of the data is summarized on Table 3. Underlined are the
cruises used by Voituriez (1981, 1983) which correspond in general to
meridional sections across the equator. In addition, many stations
were made while the ship remained close to the equator. During cruise
KA7912 for instance, seventy-one PCM stations were made at ON 4'W
within three to six hours from each other between 20 October and 1 Sep-
tember 1979. Cruise KA7701, in parentheses on Table 3, was used by
Voituriez but was not part of the data set obtained for the purpose of
this study.

Out of the 2'N-2'S/4'W subset of one hundred and eighty-
five PCM stations deeper than 450 m, let us first examine the stations
made as part of meridional sections across the equator. Ten such sec-
tions totalling forty-nine PCM stations were made between 1977 and 1980
and are listed in Table 4. It is immediately apparent from this pre-
sentation that the meridional resolution is very different from one
section to the other. Thus the more densely sampled sections, such as
the ones made in January 1980 (KA8001) and September 6-10, 1978
(KA7802), will give a more accurate estimate of the EUC instantaneous
core velocity than the poorly sampled ones, such as those made in June
1979 (KA7910) or August 1978 (KA7802).

Let us now consider the stations made repeatedly at the
equator. They still have the advantage of good vertical resolution,
but they may have missed the EUC core if it happened to be off the
equator, and thus they may underestimate the instantaneous velocity of
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Table 3

PCM stations (deeper than 450 m) at 2*N-2*S/4*W, 1977-1980

Crui se Date Number of Number of Stalion
Stations Repeated at 0oN 4 W

January 1977

7-9 January 1979

15-28 January 1979

16-23 January 1980

5-18 February 1979

25-26 February 1979

2-26 April 1979

5-12 June 1979

23 June-15 July 1979

11-22 July 1977

3-22 August 1978

8 August-12 September 1978

20 October-9 November 1979

(KA7701)

KA7901

KA7902

KA8001

KA7903

KA7904

KA7906

KA7907

KA7910

KA7706

KE7802

KA7802

KA7912 71

132

77

185
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the EUC. Assuming that most of the variability observed from succes-

sive profiles is indeed due to lateral meandering of the core, the

best estimate of the EUC maximum velocity obtained from a series of
successive PCM stations at the equator is the highest estimate.

The procedure adopted to analyse the Aanderaa PCM data set
can be summarized as follows. Raw values of temperature, salinity,
speed and direction were printed for all stations. Levels at which
the values of either speed or direction were obviously erroneous were
deleted from the files. Speed and direction were transformed into
zonal and meridional velocities. Velocities between 425 and 475 m

were then averaged, and the mean 450 m value so obtained was sub-
tracted from all levels. This method of obtaining the velocity with
respect to 450 m is not standard, but provides more stable estimates
of the profiles than subtracting the one level closest to 450 (or 500

m), because velocities of +-0.05 m/s on average (referenced to 450 m)
are observed below 400 m. All velocity profiles were then plotted and
examined for aberrant points. The whole procedure was repeated if
such aberrant values were spotted which might contaminate the estimate
of either the deep reference velocity or the peak subsurface velocity.
Finally all values of the maximum subsurface eastward velocity (rela-
tive to 450 m) were tabulated along with the speed (u2 + y2)1/2 at
the same level. (In case of a large meridional component at the EUC
level, it was felt that the total speed was a better measure of the
strength of the current than its zonal component.)

Results are shown on Figure 36. Diamonds (0) refer to the
estimates of the EUC maximum velocity obtained from meridional sections.
All profiles from a given quasi-instantaneous section were examined in
turn and only the one exhibiting the strongest EUC retained. The maxi-
mum zonal component rather than the speed obtained in that fashion is
plotted for a better comparison with Voituriez' estimates (Figure 34b).
The only large and unexplained discrepancy between the circles on Fig-
ure 34b and the diamonds on Figure 36 occurs in January 1979: our two
estimates of the EUC maximum velocity from cruises KA7901 and KA7902
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are only 0.55 m/s, i.e. half of the estimate published by Voituriez
from cruise KA7902.

Dots on Figure 36 indicate the maximum speeds measured by

all the profiles repeated in the vicinity of ON 40W. As already men-

tioned above, if temporal variability within the core is, on short time

scales, negligible compared to spatial variability due to meridional

excursions of the core, these measurements should provide values less

or equal to the EUC speed at a given time. Unless a strong meridional

component is present, dots should therefore tend to be found below

diamonds on Figure 36. However, this is only the case for the October-
November 1979 measurements (cruise KA7912). In August 1978 (cruises

KA7802, KE7802) , a persistent meridional velocity is present at the EUC
core level and individual estimates of the maximum speed are consider-
ably higher than estimates of the maximum zonal velocity from merid-

ional sections. Individual EUC speeds from cruise KA7907 in early June

1979 are much larger than the estimate of zonal velocity from cruise
KA7910 in late June, despite the absence of a systematic meridional
component. They are also the largest estimates by far of the whole

data set and may have to be flagged as suspicious. Finally, individual

speed estimates in January 1979 are larger than our two zonal velocity

estimates and more in support of Voituriez' larger estimate. [Merid-

ional sections made at the beginning and the end of January 1979 do

lack meridional resolution if one retains only the deep stations

(Table 4).]

Finally, Figures 37 and 38 were prepared for a better look

at the temporal variability of the system at short time scales. On

Figure 37, instantaneous stations occupied between October 20 and

November 1, 1979 during cruise KA7912 are averaged daily, and vertical

profiles of the velocity components (a, b) and of the salinity (c) are

contoured as a function of time. During the first week, the zonal

velocity (b) at the EUC level decreases to a minimum (with the core

appearing to split into two), the meridional velocity (a) at similar

levels is on average negative, and the salinity decreases. Subse-

quently, the subsurface zonal velocity increases, the meridional
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Figure 36: Estimates of the EUC maximum zonal velocity (0) and speed
(- at 40W, using profiler current meter measurements across
meridional sections spanning the equator () or at a fixed point
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Figure 37: Time-depth contour plots of (a) meridional, (b) zonal
velocities and (c) salinity from repeated profiling at O'N/4 0 W
between October 20 and November 1, 1979.
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velocity becomes positive and increases, and the salinity increases.

It seems that the EUC velocity core and its associated salinity maximum

were displaced south of the measuring point between October 20 and 27,

then northwards again. If one now plots as a function of time the

maximum subsurface eastward velocity given by each individual profile,

Figure 38 obtains. Onto the mean trend described above, a 0.20 m s-I

scatter (roughly estimated by eye) is superimposed. This scatter con-

stitutes our best estimate of the error bar associated with the method.

In conclusion, a closer look at the available measurements

of the EUC velocity at 40W reveals that its seasonal variation is not
well resolved. There is no unambiguous evidence for either the sharp

spring intensification/weaker fall and winter values suggested farther

east, or for the weak summer regime that Voituriez associates with the

upwelling season. We suspect that interannual variability is the

principal cause for the observed seasonal scatter. There is a chance

that, by increasing the number of observations at 1E and 6#E from

what it is presently to what it is at 4'W, one would only increase the

seasonal scatter at 1E and 6'E, and that much longer time series are

needed to separate seasonal from interannual variations. It is also

possible that the pulse-like spring increase in EUC strength at 1 E

and 6'E is a reality but that either of the following happens: (1) the

variation exists also at 4%W but remains undetected because the back-

ground flow is stronger there than at 1'E and 6'E; (2) the variation

does not exist at 40W because a transition occurs at an intermediate

longitude between a mostly time-independent regime at and west of 4"W

and a seasonally varying regime at and east of 1'E.

The exact uncertainty associated with the measurement

techniques and the role of that uncertainty in the observed scatter is
still subject to debate. From the analysis of repeated profiling sta-
tions at the equator in fall 1978, we feel however that an error bar of

0.20 m/s may be appropriate for estimates of the EUC velocity obtained
from PCM measurements. By contrast, the overall range of EUC velocity

estimates at 40W is closer to 0.50 m/s on average (Figures 34d and 36).
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2.5 Coastal undercurrent off the coast of Gabon

The location of the coastal Aanderaa profiler current meter

(PCM) stations obtained for this study is shown on Figure 39. They
were made from R.V. NIZERY during fourteen cruises out of Pointe Noire

in 1977 and 1978. Most of these cruises were part of the program

ETERLOM devoted to the observation of a southeastward-flowing coastal

branch of the EUC (B. Piton, 0.R.S.T.0.M., France). For the following

study, we only considered the one hundred and eighty-nine stations made

from the moored shi p above the conti nental shel f and slope (Tabl e 5).
Some additional stations made from drifting ships were also available
further offshore, but it was felt that absolute velocities were too
small to be subjected to the extra uncertainty of reference level
choice. Most of the data lie along four sections starting at the coast

of Gabon and Congo close to 2*S, 3*S, 4,S and 5 S, and running offshore

perpendicular to the (approximately straight) coastline. For these

four sections, the coordinate system was rotated 426 counterclockwise

into directions perpendicular (x, u) and parallel (y, v) to the coast.

Distances were then counted from the coast along (-x) and from the

equator along (-y) (Figure 39). The 1 25'S section was treated separ-

ately using zonal and meridional coordinates.

The procedure adopted to edit the data was as described in

section 2.4 for the 46W-subset. Edited data were binned into 5 m-

levels, printed out by cruise and by section and contoured in order to

identify features of the flow. When subsurface southeastward flow was

observed, it tended to be at the offshore extremity of the sections

(above the shelf break) and was highly variable. Stations between 2*S

and 60S were therefore further grouped into boxes parallel to the

coast: a western box between 90 and 60 km offshore above the shelf

break, a central box between 60 and 25 km offshore, and an eastern box

between 25 km offshore and the coast. To include all four sections

the boxes extended from about 300 km to about 730 km south of the

equator in the alongshore direction (Figure 39).

Several averages were then calculated in order to obtain
statistically significant estimates of the mean circulation. Grouping
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Figure 39: Location of the moored profiler current meter stations off
the coasts of Gabon and Congo (cf Table 5). The cross-shore and
alongshore axes used in the analysis are shown.
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Table 5

Moored PCM stations along the west-African coast, 1977-78
R.V. NIZERY, 0.R.S.T.0.M.

Cruise Date Number of Stations

KG7703 March 9, 1977 2

KG7704 May 13-21, 1977 20

KG7705 June 13-19, 1977 18

KG7706 July 11-16, 1977 23

KG7707 August 22-24, 1977 21

KG7708 December 16-17, 1977 4

KG7802 March 14-19, 1978 17

KG7803 April 10-14, 1978 13

KG7804 May 16-21, 1978 20

KG7806 July 2-12, 1978 7

KG7897 August 24-28, 1978 5

KG7808 October 17-22, 1978 9

KG7809 November 14-19, 1978 17

KG7810 December 11-15, 1978 13
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all stations from all seasons and all boxes blurred all signal below a

very thin westward surface flow. Grouping stations from all seasons

within the western box over the shelf break yielded a weak alongshore
poleward flow below the surface flow. Grouping stations within the
western box by seasons produced the result shown on Figure 40. The
upper panel (a), loosely labelled as "summer 77-78" corresponds to the
upwelling season (cold and saline surface waters: 23C, 34.9'/**) and

includes the months of April to August. The lower panel (b) labelled
"1averaged winter 78" corresponds to the nonupwelling season (warm and

fresh surface waters: 27*C, 32.4*/o) and includes the months of

September to March (all the stations to be found within the western box

in nonupwelling months were taken in 1978). The continuous profiles

are the cross and alongshore velocities, and the dotted profiles are

corresponding standard deviations a, a measure of the variability of

individual profiles about the mean.

Despite the change of scale between the upper and the lower

panel of Figure 40, it is clear that there is a better developed sub-

surface poleward flow (negative v) above the shelf break during the

summer (a) than during the winter (b). On average, forty values enter

the determination of each level of the mean summer profiles of Figure

40a. The error on the mean, a/[40, is therefore of the order of

0.02 m/s. This gives statistical significance to the poleward summer

flow of 0.08 m/s parallel to the coast, but not to the cross-shore pat-
tern of thin offshore surface flow and thick onshore subsurface flow

(consistent with coastal upwelling). By contrast, only 10 values on
average enter the determination of each level of the mean winter pro-

files of Figure 40b. Below the thin westward flow, the winter currents
are therefore statistically indistinguishable from zero.

So a statistically significant 250 m thick mean subsurface

poleward flow of about 0.08 m/s emerges from our analysis of the boreal

summer PCM stations moored above the shelf break between 2'S and 68S.
That flow is not observed with the winter stations at the same location.
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A 15 m-thick steady westward surface flow of about 0.20 m/s and a sub-
surface salinity maximum of about 35.8*/** located in the shear region

below the surface flow are present year round. For an indication of
alongshore evolution, the western box was subdivided into a northern

and a southern box (Figure 41). The westward surface flow appears to

be swifter in the south while the subsurface flow remains about the

same in both boxes. Going south, surface temperatures increase from

22.8,C to 23.00C, surface salinities drop from 35.60/eo to 34.6*/o.

and subsurface salinities decrease from 35.9*/*' to 35.8/*.

The same averaging exercise within various boxes was

attempted with the stations above the shelf but failed to reveal any

coherent feature of the circulation except a westward surface flow.

This suggests at least that the absence of poleward undercurrent over

the shelf break during the winter season is not due to the shifting of

a vein of current onshore. It could still be due to its shifting off-

shore. If the poleward undercurrent stops rather than shifts offshore

during the winter season, then it is tempting to attribute the exis-

tence of the summer flow to some geostrophic adjustment to the upwelled

field of density. An attempt to relate the flow to cross-shore iso-

therm slopes however failed due to lack of adequate resolution in this

direction.

The characteristics of the coastal undercurrent evidenced

from this data set between 2 S and 6 S along west Africa are strongly
reminiscent of those of the Peru-Chile undercurrent observed along the

western coast of South America (section 2.1). The fact that our esti-

mate of the mean poleward flow is only 0.08 m/s while Gallardo (1981)

and Guillerm (1981) report observations of a 0.30 m/s southeastward

flow off 54S (section 2.2) is not alarming for three reasons. First,

ours is an estimate of the mean rather than an instantaneous observa-

tion which can be noisy. Second, we may not have observed the same

flow, or the PCM measurements presented in this section may have

sampled only the periphery of a stronger offshore current, since some

of the long sections off Pointe-Noire extended about four times further

offshore than the ones examined here. [The geographical extent of the
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Figure 40: Vertical profiles of (left) cross-shore and (right) along-
shore mean (solid) and r.m.s. (dotted) velocity components for
a. the boreal "summer" months of 1977 and 1978 (upwelling
season, April to August),
b. the boreal "winter" months of 1978 (warm season, September
to March).
Averages were computed by season of all the velocity profiles
made above the shelf break, between 60 and 90 km from the coast
and between 300 and 730 km from the equator (cf Figure 41).
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Figure 41: Limits of the shelf break profiler current meter (PCM)
stations at which a statistically significant mean poleward
coastal undercurrent (0.08 m/s thick arrows) was evidenced in
boreal summer (upwelling season), below a mean westward surface
flow (0.17 m/s and 0.28 m/s thin arrows). Instantaneous sub-
surface poleward velocities of the order of 0.30 m/s were also
occasionally reported across the section drawn off Pointe Noire
(Guillerm, 1981; Gallardo, 1981), and at the stations represented
by asterisks (*) on the 1 25'S section.
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long (350 km) and the short (100 km) sections made off Pointe-Noire is
indicated on Figure 41]. Third, the offshore circulation south of 5'S

is likely to be complicated by the inflow of SEUC waters (Figure 22).
One should also remember that the observations analysed in this section

concern only the 1977-78 period.

Across the 1*25'S/6*E-8*30'E section, only seven out of the

twenty -three profiles retained for the 1977-78 period exhibit a size-

able poleward undercurrent centered around 50 m depth. Since there are

not enough stations to compute any statistically significant mean, we
only present on Table 6 these seven instantaneous observations, made

close to 6830'E, 7a30'E and 8 30'E [asterisks (*) on Figure 41]. The
8'30'E profiles are located at the shelf break and were measured from

a moored ship; the other values are shears relative to 450 m as at 4*W.
Instantaneous values are of the order of 0.30 m/s southwards, as is a
drogue measurement reported for March 1964 by Rinkel et al. (1966), and
the shear relative to 500 m reported for May 1973 by Morlibre et al.
(1974) (Figure 31).

2.6 Conclusion

We have seen in this chapter that presently available

observations in the eastern equatorial Atlantic and Pacific do not
provide a complete description of the fate of the EUC waters as the

current approaches the eastern boundary. In particular, the dynamics
of the undercurrent's termination and its seasonal variability are not
well resolved.

What is clear from velocity measurements is that there

still is considerable subsurface eastward momentum in the eastern part
of both equatorial basins [e.g. o(0.30 m/s) at ON 6'E in the Atlantic],

even though some large scale weakening has taken place from the center

of the basins eastwards. In the Pacific, this weakened EUC impinges
on the Galapagos Islands at about the longitude of the wind reversal,
10 of longitude west of the coast. In the Atlantic, it impinges on
Sao Tome Island, 8! of longitude east of the line of wind reversal and
3 of longitude west of the coast. In both cases, a mostly southward
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(upwind) deflection seems to result. There are also signs of westward
flows on the flanks and below the EUC which could return extra momentum

westwards. Finally it is clear that a southeastward undercurrent

exists at least part of the time along the eastern boundaries of both

equatorial oceans south of the equator. In the Pacific, it is the

Peru-Chile undercurrent, observed south of 5'S above the shelf break

(100 m depth, 0.10 m/s) and reported to be highly variable. In the

Atlantic, it could be called the Gabon-Congo undercurrent. The new

analysis presented here documents the existence of the Atlantic

coastal undercurrent between 1'S and 6*S above the shelf break (100 m,

0.08 m/s) during boreal summer, the season of coastal upwelling. Owing

to the large variability of the coastal circulation (consecutive sec-

tions may exhibit a poleward undercurrent, an equatorward one, or none

at all), severe box-averaging was required to obtain, for the first

time in that region, statistical significance.

It is clear from hydrographic measurements that the EUC is

the source of the high subsurface salinity and high oxygen content

found in both eastern equatorial basins and along their eastern coast

at least between 0 N and 5S (sections 2.1 and 2.2). In the case of

the eastern Atlantic, subsurface tongues of high salinity have been

traced from the equator southeastwards; their axis is 25 to 50 m deep

and is located about 150 km from the coast (or about 75 m from the

shelf break) (Figure 42; Wauthy, 1977).

What is still unclear is the actual dynamical connection

between the EUC and both the westward return flows and the coastal

undercurrents, in particular the respective parts played by internal

dynamics and external forcing. Recall the results from Cane (1979b):

as his mostly inertial EUC forced in a rectangular basin by idealized

constant symmetrical easterlies impinges on the eastern wall, it does

create, within a thin boundary layer, the opposing pressure gradients

necessary for poleward deflections of the flow. Within less than a

couple of degrees of latitude from the equator however, these poleward

flows leave the coast to return symmetrically westwards, in agreement

with vorticity conservation (section 1.6.1.1). If one considers
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Table 6

Instantaneous observations of a southward undercurrent across section

1425'S/6 E-8*30'E (core around 50 m)

Shear/450 m Moored Ship

Cruise Date 6'30'S 7,30'S 8730'S

KG7803 April 19, 1978 -0.50 m/s

KG7704 May 24, 1977 -0.20 m/s

KG7804 May 21, 1978 -0.30 m/s

KG7805 June 18, 1978 -0.20 m/s

KG7897 August 24, 1978 -0.15 m/s

KG7809 November 23, 1978 -0.30 m/s

KG7810 December 15, 1978 -0.25 m/s



190



191

01E

_ _-A!_ 
IS

e1. -

"'a aI - a.

ab

Figure 42: Tongues of subsurface salinity maximum off the coasts ofGabon and Congo (program OMBANGO, (a) February-March 1960 and(b) October-November 1959; Wauthy, 1977).
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instead conservation of potential vorticity in a stratified ocean,

asymmetry with respect to the equator can exist if the background

stratified layers have different thicknesses south and north of the

equator. This in turn can be the result of the coastal upwelling and

downwelling created south and north of the equator respectively by a

southerly component of the wind stress. The asymmetry in the termina-

tion might thus be traced to the asymmetrical effect of the meridional

wind forcing.

In the case of the eastern Pacific, Lukas (1981, 1986; sec-

tion 2.1) argues that the effect of the wind stress does not penetrate

to the EUC-level. Why then do we not observe a more symmetrical ter-

mination? In the case of the Atlantic, the observations do not rule

out the possibility that, as the EUC impinges on Sao Tome Island, some

of its water recirculate westwards symmetrically with respect to the
equator while some is caught in an "independently existing" asymmetric

coastal current system. Among the problems associated with the hypoth-

esis of a direct dynamical connection between equatorial and coastal
undercurrents, recall that the upwelling season in the Atlantic may
correspond to a weakening of the EUC and a strengthening of the CUC.

The seasonality and interannual variability of either current is what
remains observationally most ambiguous at the present time.
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Chapter 3. DYNAMICS OF A SIMULATED EQUATORIAL UNDERCURRENT

Chapters 1 and 2 described observations relative to the
zonal weakening and eastern termination of the EUC and reviewed the
physical mechanisms likely to play an important role in these phe-
nomena. The quality of the observations being insufficient for a quan-
titative test of the various -possible models, it was decided to inves-
tigate the dynamics of the zonal weakening and eastern termination of a
realistic numerical simulation of the EUC.

Chapter 3 is thus devoted to a dynamical analysis of
Philander and Pacanowski's (1984) general circulation model of the sea-
sonal cycle of the tropical Atlantic. This model is driven by realis-
tic spatial and temporal patterns of wind stress and surface heat flux,
it is governed by primitive equations, has 27 levels in the vertical
and is elaborate enough to support most of the large scale physical
processes that one expects to find in the real ocean. It is therefore
of great value to find out which mechanisms such a system selects to
govern a given phenomenon, such as the undercurrent's longitudinal
variation.

First the model and its simulation of the climatological
circulation of the equatorial Atlantic are described. Then a
diagnostic of the zonal momentum balance is presented and discussed as
a function of longitude, latitude, depth and time, and regions charac-
terized by distinct dynamical regimes are identified. Implications of
the general circulaton model analysis for the interpretation of exist-
ing data and simpler model predictions are discussed in chapters 4 and
5 respectively.
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3.1 Basic features of the model

The model studied in the following is the general circula-

tion model (GCM) developed by Philander and Pacanowski as an adaptation

to the tropical ocean of the Bryan and Cox' model (Bryan, 1969;

Semtner, 1974; Cox, 1984). A general description of the model and

several aspects of its behaviour when applied to the seasonal cycle of

the tropical Atlantic are presented in three recent papers by Philander

and Pacanowski (1986a,b; 1987).

The total model grid covers the domain between 300S and

50 N. The analysis presented below focuses on the dynamics of the

equatorial undercurrent (EUC) simulated by the model in the Atlantic,

and consequently uses only a subset of the total grid: an equatorial

strip from 3'S to 2N across the basin (Figure 43a). Only the model

parameters relative to that equatorial region will therefore be

summarized.
The model uses primitive equations on a staggered B-grid

(Figure 43b) and makes the rigid-lid approximation. It has 27 levels

in the vertical with a 10 m-resolution above 100 m (Figure 43c),

bottom topography, a realistic coastline, a meridional grid spacing of

1/3' latitude, a zonal grid spacing of 1* longitude, and a time-step of

1 hour.
The coefficient of horizontal eddy viscosity is constant:

7 2
AH= 2 x 10 cm /s

and the associated term of horizontal Newtonian friction is linear.

The coefficient of vertical eddy viscosity is a function of the

Richardson number (Pacanowski and Philander, 1981). Its value in

cm2/s can be written:

V = 1.34 x 10- 2 + 50/(1 + 5 Ri) 2

Ri=gp/ 2 2
z 0 (z + vz

so the term of vertical friction (v(z)uz)z is highly nonlinear.

Density is computed from temperature and salinity using

polynomial fits to the nonlinear equation of state (Bryan and Cox,
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1972), and convective adjustment occurs when the stratification becomes
unstable. The finite differencing is for the most part forward in
space and centered in time, with a forward time-step performed every
17 time-steps for the purpose of numerical stability.

The model is forced from the top by climatological wind

stress (Hellerman and Rosenstein, 1983), and seasonally varying air

temperature at sea level is used to specify the surface heat flux.

Both forcing fields are linearly interpolated in time and space in

order to be applied as surface boundary conditions at each time-step
and at each grid point of the model. Being interpolated from monthly

values in 5' x 5* boxes into hourly values in 1 x 1/3' boxes, the wind

stress field used to force the model is much smoother in time and space

than the one which would be observed at any given instant. In partic-

ular, it is lacking the 10 to 50 days fluctuations which were shown to

be able to cause a nonlinear intensification of the EUC of the order

of 15 percent (section 1.6.2; Philander and Pacanowski, 1981). When

comparing the simulation to observations, it should therefore be kept
in mind that the model ocean's response to such a forcing can be closer

to equilibrium than the response of the real ocean to the real forcing.

The initial condition imposed on the field of velocity is a

state of rest, with the field of density defined by the climatological

stratification for January (Levitus, 1982). It takes only two years of

simulation to spin up the model so that a reproducible seasonal cycle

is established in the upper layers. The fact that the stratification,

being distorted for a year by linear and nonlinear processes, can

still replicate the state it started from (rather than become totally

unrealistic) is taken as a sign that the simulated dynamical and ther-

modynamical processes act in a realistic fashion.

Several outputs of the climatologically forced equatorial
Atlantic were generated and are listed below. The output most fre-

quently used in the analysis presented in this chapter is'the first on

the list.



200

- 3-day averaged values of T, S, u, v, w at all depths, all lon-

gitudes and all latitudes between 3*S and 2N (ten values per
month)

- instantaneous values of T, S, u, v, w at all depths, and
surface values of 7 p/p0  at all longitudes and all
latitudes between 3'S and 2'N on three consecutive time-steps

(one hour apart) three times a month (every ten days)

- instantaneous values of T, S, u, v, w at all depths, all
th

longitudes and all latitudes once a month (on the 15 )
- 3-day averaged values of T, S, u, v, w at all depths, selected

longitudes and all latitudes ten times a month (every three

days).

Only the second output listed saved the value of the sur-
face pressure gradient (the rigid-lid equivalent to a sea surface

slope), thereby allowing the computation of absolute pressure gradi-

ents. In the other cases, pressure is referenced to a deep level such
as 500 m or 1000 m as would dynamic height from real observations,

under the hypothesis that motion at such depths, if not zero, is at

least much weaker than in the upper layers. Analysis of the second

output confirms the validity of this hypothesis. Exceptional cases of

a bad choice of reference level show up as a depth-independent

imbalance in the equation of conservation of zonal momentum. They can

therefore be corrected a posteriori by subtracting the imbalance from

the bad estimate of the zonal pressure gradient (errors in the

computation of any other term of the zonal momentum balance would be

depth-dependent).

3.2 Description of the simulated circulation
As discussed by Philander and Pacanowski (1986a), the

tropical Atlantic simulation agrees fairly well with the somewhat scat-

tered and imperfect available observations. The main global features

reported in that paper are reviewed first. More detailed descriptions
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of the annual mean and time-varying EUC made as part of the present
work are presented next.

Monthly horizontal maps of the model upper ocean heat con-
tent ( 317mTdz) compare well with the monthly maps of dynamic topog-

raphy of the surface relative to 500 m constructed by Merle and Arnault
(1985). Note however that simpler linear models like Busalacchi and
Picaut's (1983) reduced gravity model, or Treguier and du Penhoat's
(1983) continuously stratified model, when forced by climatological
winds, are also successful at reproducing seasonal changes in quanti-

ties comparable to surface dynamic topography. The success of these

last models has in fact sustained the belief that vertically integrated

equatorial dynamics are mostly linear: the role of nonlinearities

effecting redistributions of mass and momentum internally. We will

see below that this is not really the case in the GCM.

Along the equator, the thermocline, which on average slopes

up from about 120 m in the west to about 50 m near 10'W, then down onto

the eastern coast, is steeper in periods of strong winds, flatter in

periods of weak winds. The seasonal occurrence of cold sea surface

temperature (SST) along the equator and some of the coasts of the Gulf

of Guinea is reproduced. The seasonality is related to the changes in

thermocline depth and mixed-layer thickness, the vertical motion above

the thermocline being upwards year-round. The amplitude of SST is in

general good compared with monthly climatologies (e.g. Picaut et al.,

1985), despite a tendency for warmer temperatures than observed in the

northern Gulf of Guinea.

Direction and phase of the main surface currents generally

agree with observations such as historical ship drifts (Richardson and

McKee, 1984). Amplitudes are less well reproduced: surface velocities
simulated in the western part of the basin appear to be higher than

the ship drifts on average (Richardson and Philander, 1986). The same

study suggests that the downward penetration of the wind-stress may
not be correctly reproduced by the model, and incriminates the param-

eterization of the vertical friction. A recent numerical experiment
(Philander and Pacanowski, unpublished) however shows that
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uncertainties in the amplitude of the wind-stress itself may be large
enough to explain the discrepancies between simulated and observed

oceanic responses, so whether or not further adjustment of the model 's

parameters is necessary is still a matter of discussion.

In the western and central parts of the basin, the model's

EUC is located slightly above and within the thermocline respectively,

a bit south of the equator in general, and is associated with a ver-

tical spreading of the isotherms consistent with geostrophy. The vel-

ocity core is accordingly deeper in the west and shallower in the east,
but below rather than within the thermocline in the Gulf of Guinea.

Latitudinal and vertical scales are in very good agreement with obser-
vations, but the strength of the EUC and its eastward penetration tend

to be less than observed: while measurements consistently give veloci-

ties of the order of 0.9-1.0 m/s around 25'W and 0.5 m/s between 40W

and 60E (chapter 2), the model's EUC does not have velocities above

0.8 m/s at 25"W, 0.2 m/s at 4'W and is often absent at 6E. How much

of the discrepancy should be ascribed to the forcing itself (smooth

climatology, choice of drag coefficients) will be addressed later.

On seasonal time scales, the core migrates vertically: it

is closer to the surface when the easterlies and the westward surface

flow are weak, deeper when they are strong. The maximum speed of the

EUC also describes a seasonal cycle, relatively small in the west and

the center, larger in the east. In the termination region of the

model's EUC, Philander and Pacanowski (1986a) report in October a

southward coastal undercurrent at a depth of about 25 m above the
shelf break, which they associate with the eastern reversal of the

thermocline slope, most pronounced during that month.
Finally, large amplitude waves contaminate the fields of

meridional and vertical velocity during the second half of the year in
the west and the center of the basin. Their 30-day period is similar
to that of the instability waves observed in late summer and fall in
these regions which are attributed to increased latitudinal shear
between SEC and NECC following the intensification of the easterlies

(e.g. Weisberg, 1984).
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As mentioned above, these general properties of the simula-

tion are presented and discussed in Philander and Pacanowski (1986a).

As a first step towards answering the specific questions addressed in

this thesis, a more thorough description of the simulated EUC was

needed. Various plots of the model EUC as a function of depth, longi-
tude and time were therefore produced and are described in the follow-

ing sections.

3.2.1 Annual mean

Figure 44 shows the horizontal pattern of the annually

averaged wind stress and its components between 10'S and 10'N, 50W
and 100E. Both components have similar orders of magnitude, but the

southerly component is mostly uniform with longitude while the easterly

component monotonously decreases east of 25'W and switches to westerly

at about 2'W along the equator.

Circulation in the x-z plane: Figure 45 reproduces the

longitudinal variation of the wind stress components along the equator
(a) and shows equatorial sections of the annually-averaged zonal and
vertical components of velocity (b, c). It also shows a vector plot of
the x-z circulation drawn on an equatorial section of the annually-

averaged temperature (d) and an equatorial section of the annually-

averaged salinity (e). As briefly mentioned above, the model thermo-

cline slopes upwards from the western coast to about 10*W, then downwards

to the eastern coast where it also gets much tighter (d). The EUC core

also shoals eastwards from about 70 m at 40'W to about 55 m at 10'W, and
it subsequently deepens to about 65 m at 5'E (b). But the upward slope

of the core is less than that of the thermocline, and all the subsur-

face eastward flow east of 10%W is actually found below the sharp ther-

mocline of the Gulf of Guinea (d), and below the subsurface salinity

maximum associated with the thermocline. Over most of the basin, the

vertical velocity is upwards from the middle of the eastward-flowing

layers below the EUC core (the zero line for w roughly coincides with

the lower 0.2 m/s isoline for u) to the uppermost level. Before fall-

ing back to zero at the ocean surface, it reaches its maximum at about
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35 m, where the vertical shear between surface westward flow and sub-
surface eastward current is largest. In the lower layers of the EUC

below the 0.2 m/s isotach, there is weak downwelling into a region of

deep slow westward current mostly visible east of 15W for the range

of depths presented in Figure 45.

Figure 45 thus illustrates an eastward and upward motion

of most of the subsurface flow. The upward motion appears as an upward

sloping of the isotachs below the EUC core, but not above owing to the

presence of the opposing westward surface flow (b). One can illustrate

the importance of vertical exchanges between surface and subsurface

levels by approximating the x-z trajectory of a given water parcel ini-
tially slightly above the EUC core in the western basin (say at 60 m

at 30W). Figure 45b,c provide the orders of magnitude 0.5 m/s and

20 x 10- 6m/s for the zonal and vertical velocities respectively. In

order to exit the 50 m-thick eastward flow above the EUC core and pass
into the westward surface flow, it will take the parcel:

Az/w = 50 / [20 x 10- 6) = 2.5 x 106 s

i.e. about 1 month. In that amount of time, the parcel will have gone

a zonal distance:

AX = u x Az/w = 0.5 x 2.5 x 106 = 1.25 x 106m = 1250 km

i.e about 10 longitude, or only 1/5 of the basin length. So none of

the water parcels originating in the upper thermocline in the western

and central parts of the basin is likely to reach the eastern coast

intact.

Let us now consider a water parcel originating considerably

below the EUC core in the western basin (say at 135 m at 30'W, with

initial zonal and vertical velocities of 0.2 and 5 x 10- 6m/s respec-
tively). Approximating the x-z trajectory of such a parcel as above,

one finds that it is now able to go about 40" longitude (beyond the
eastern limit of the basin from 30'W) in about eight months before it

goes 100 m upwards. So water parcels originating in the western lower
thermocline are likely to stay within the EUC throughout the basin.
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The large difference in typical residence times so obtained for the EUC
water above and below the thermocline also suggests that, in order to
account for the existence of a still swift eastward flow at relatively
shallow subsurface levels east of 20'W, water needs to be fed into the
EUC laterally along the equator to compensate for the rapid vertical
loss: as will be developed in the following section, the source for

the upper EUC waters is indeed longitudinally distributed rather than

concentrated in the west.

The zonal pattern of vertical velocity most closely re-

flects that of the zonal wind stress: maximum west of 300W, monotonic

decrease eastwards, surface reversal east of 2'W. The westward surface

flow is maximum between 259W and 15'W rather than above the maximum of

w. It weakens east of 15'W but on the annual mean it is still westwards

over most of the eastern Gulf of Guinea where zonal wind and surface

vertical velocity have changed sign. For the EUC, one can roughly

distinguish three regions in longitude: a narrow region of zonal

acceleration (u > 0) west of about 30'W, a region more uniform with
longitude, and a region of zonal deceleration (ux < 0) in the east.
Above the EUC core, say at the 45 m-level on Figure 45b, the zonally

decelerating region is concentrated east of 10'W in the Gulf of Guinea.

Below the EUC core, say at the 95 m-level on Figure 45b, the region of

zonal deceleration starts around 30'W with the sloping up of the iso-

tachs. As we will see better later, there is however a tendency for

part of the lower flow to conserve its zonal momentum along (u,w)-

lines. What we are describing so far is horizontal deceleration with
longitude.

In their diagnostic of the mean circulation in the central
Pacific, Bryden and Brady (1985) describe an along-isotherm eastward

upwelling of the EUC core (section 1.4.2.1). To see whether that

result holds in the numerical simulation of the central Atlantic, zonal
slopes of w/u at various levels were compared to those of the closest
isotherms at O'N 250W. Above 85 m where the EUC core lies, w/u was

found larger than the isotherms' slope. Around 25 m where w is maxi-

mum this corresponds to a positive cross-isotherm component as large



210

as 16 x 10- 6m/s, or 80 percent of the local w. Below the core, w/u

was found to be less than the isotherms' slope, implying a negative

cross-isotherm component. Right around the core, the slopes were simi-

lar, and the core water at ON 25"W can indeed be described as flowing
along an isotherm. Orders of magnitude for w and for the cross-

isotherm flow also agree with Bryden and Brady's estimates for the

central Pacific. Note that this description of the EUC core flowing
along isotherms does not hold at all longitudes in the model results
since, as already mentioned, the core of the simulated EUC is found
above the thermocline in the west, and below in the east.

Circulation in thex-y plane: According to Figure 45b, the

core of the EUC at the equator typically lies between 55 and 75 m.
Horizontal maps of the x-y circulation averaged between those two
levels are presented on Figure 46. In a, the horizontal pattern of the

zonal wind stress is reproduced between 3'S and 2'N,-38W and 9'E. All

quantities in b, c, and d are drawn over the same horizontal domain and

they are averaged over the three model levels 55, 65 and 75 m. In b,

a vector plot of the x-y circulation is superimposed onto the
horizontal pattern of salinity. In c, and d, contour plots of the

zonal and meridional velocities are shown.

West of 15"W on Figure 46b, one can see a clear pattern of

water converging towards the EUC from higher latitudes and veering
eastwards as it does so. The existence of an equatorial salinity maxi-

mum is also clearly illustrated. In that region, the core of the EUC
is located at about 1/20 latitude south of the equator (c). The west-

ern meridional asymmetry is probably an upwind shift of the core due to

the southerly component of the wind: surface water pushed frictionally

northwards, subsurface water returned southwards by the opposing merid-
ional pressure gradient force (section 1.2). Why then not observe a

similar shift of the core in the east, where y) has values similar

to those in the west? Probably because the effect of the meridional

stress does not penetrate deep enough in the east where a tight shallow
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thermocline shelters what is left of the core. The pressure gradient
profiles show this vertical difference (section 3.3).

East of 15W, the eastward flow south of the equator seems
to adopt a southeast course in basic agreement with the salinity pat-
tern [Figure 46b). But the flow north of the equator continues to be
equatorwards in disagreement with the salinity pattern which is roughly

symmetrical with respect to the equator, suggesting symmetrical south-
ward and northward paths. In fact, velocity vectors converge towards
1 N 5*E, which is a zone of downwelling.

Figure 46b thus shows water coming into the EUC laterally
from the north at all longitudes, and from the south west of 150W. We
have seen on Figure 45 how some of that water upwells out of the EUC
into the westward surface current, and how some downwells into a deeper
westward flow. Figure 46b now also shows that some water south of the

equator and east of 150W leaves the equatorial region southeastwards
in agreement with the observational estimates of chapter 2.

Circulation in the y-z plane: Figure 47 shows meridional
sections of T, S, u, v and w at the three longitudes 30'W, 15 W and
0'E. The equatorial bowing of the isotherms characteristic of the
presence of a geostrophic eastward flow is clearly seen at 30*W and
15 W (a). This is not the case at 0E where, as mentioned previously,
the thermocline is very tight and lies above the weak core of subsur-
face eastward flow.

Figure 47c illustrates again the upwind shift of the EUC
core at 30'W and 15W, its zonal weakening, its apparent upward trans-
lation between 30'W and 15'W, and its apparent downward translation
between 15"W and 0 E. Zonal transports (within the 0.10 m s~ isotach)
can be roughly estimated as 45 x 10 6, 25 x 106 and 3 x 106m3s~ through
30oW, 15'W and 0E respectively. These figures illustrate that about
45 percent of the zonal transport present at 30*W has disappeared by
150W, and that only about 5 percent of the 30OW-transport is still
present at 0E.
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As one goes east, the pattern of subsurface meridional vel-

ocity (d) becomes more symmetrical with respect to the equator while
that of vertical velocity (e) becomes less so. This reflects the in-
creasing role of r relative to tV . The vertical velocity in the

upper layers appears mostly determined by the meridional divergence. In

the west, that divergence is mostly due to the poleward Ekman transport

driven by the easterlies, in the east it is mostly due to the cross

equatorial flows driven by the southerly component of the wind. The

0 E-section of w (e) also shows the region of subsurface convergence/

downwelling between 0* and 1"N mentioned in the previous paragraph.

3.2.2 Time-dependence

Three figures were prepared to illustrate the behaviour of

the velocity field and of the stratification with time using the three-

day averaged model output (120 data points in the year). Figures 48
and 49 present time series of zonal and meridional -stress, u, v, w and

ps [the density (p - p0) relative to the surface] as a function of
depth at O'N 25 oW with and without the fall thirty-day instability

waves respectively. Thick dots indicate the location of the largest
vertical gradient of density. Figure 50 presents similar plots at 0 N
0 E. The amplitude of the zonal wind stress is much less at 0*E than

at 25*W, and so is the amplitude of its time variations. But instead

of being easterly year-round as at 25'W, the wind at 0*E changes

direction in the course of the year, and this results in more

spectacular seasonal changes in the circulation and in the stratifica-

tion at 0*E than at 25W.

At 25"W (Figure 48), the core of the EUC is found closest

to the surface ,65 m) in the spring, after a period of weak southeast-
erlies which leave the westward surface flow considerably weakened.

On the contrary, the core is found at its deepest level 195 m) in the
fall, after a period of strong southeasterlies which leave the surface

flow considerably intensified (b). This apparent up and down motion of
the core cannot be described as a simple vertical translation of an

isolated vein of subsurface eastward flow (decrease of amplitude at a
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given upper level, increase of amplitude at some lower level, leaving
the maximum unchanged): the zonal velocity maximum does experience

some (small) variations during transitional periods (*15 percent of
0.65 m/s), and the deep flow below 150 m reverses sign seasonally,

resulting in important changes in the vertical structure of the east-

ward flow.

By comparing (b) and (e) on Figure 48, one can see that the

spring deepening of the EUC precedes that of the thermocline: the

deepening of the core starts in April with the increase of the wind

stress, while the deepening of the thermocline starts only around the
end of May (see arrows). This observation suggests that, in the model,
the adjustment time of the density field to variations in the dynamical

forcing is of the order of one and a half months, while frictional

stresses adjust instantaneously. Comparisons with data are presented

in chapter 4.

During the second half of the year, the variations with

time of the meridional and vertical components of velocity are domi-

nated by the presence of waves with a period of the order of a month

[Figure 48c,d). These waves also have a signature in the surface west-

ward flow (b), but they are not evident on the stratification (e), nor

on the zonal velocity below the surface flow (b). According to

Philander and Pacanowski (1986a) and to Philander, Hurlin and

Pacanowski 11986), these waves are partly the result of an instability

associated with the latitudinal shear of the zonal equatorial currents.

It is not the purpose of this thesis to study them, and whenever pos-
sible, they will be smoothed out. Figure 49 thus shows the same fields

as Figure 48 after a one-month running average has been applied. The
oscillations are no longer visible and the fall (when both components

of the wind forcing are stronger) appears to be on average a period of

stronger meridional circulation.

At 0 E (Figure 50), the whole vertical structure of the
zonal circulation appears to respond to the zonal wind stress reversals.
Paradoxically, the EUC is strongest in January and September when 1;
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and the surface current are both reversed towards the east. Despite

the fact that the resulting eastward flow still has a subsurface core

rather than being surface-intensified, this is reminiscent of the fast

"frictional" response described by Cane (1980) in relation with the

Indian Ocean EUC. In that paper, the existence of subsurface eastward

flow in the presence of westerlies is explained by the fact that the

surface current itself is eastward and the off equatorial Ekman flow

convergent, resulting in downwelling at the equator and downward advec-

tion of the surface eastward momentum. After the June weakening of the

EUC (b) corresponding to strong upwelling (d,e), the abrupt September

intensification of the EUC (b) [as the zonal wind stress becomes west-

erly (a)] indeed coincides with a brief period of strong downwelling

(d,e). Notice though how the shallow and tight thermocline separates

the 45 m-thick surface flow from the subsurface eastward core.

Other noticeable features of Figure 50 are the strong ver-
tical shear which develops in the meridional flow in July-August (c),

the June-July reversal of the mean westward flow below the EUC (b)

(which occurs at about the same time as at 25*W, but is more spectacu-

lar at 0E because it produces a pattern of seasonal variations out of

phase with that of the EUC), and the absence of 30-day waves.

3.3 Dynamical analysis of the general circulation model
In order to gain some insight into the mechanisms causing

the spatial and temporal variations of the EUC, it was decided to anal-

yze the spatial and temporal variations of the various terms of the

zonal momentum balance (ZMB). It is understood that the value of the
EUC velocity at any point and time does not derive directly from the

knowledge of the balance of forces at that same point and time: what

one obtains are acceleration terms. But by knowing the distances and

time intervals over which these accelerations act, one obtains velocity
changes which in turn should provide information on the formation, ter-

mination and seasonal variations of the EUC. The approach also allows
one to address directly such questions as: what forces an EUC in the
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Figure 50: Same as Figure 48 but at 0 E. Only V(X) is represented
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eastern Gulf of Guinea where the wind becomes westerly and the ZPG

seems to reverse
The ZMB can be written:

ut + uux + vu + wufz xo + [vuz )z + AV2u

loca Coriolis
acceleration acceleration

zonal vertical ZPG horizontal
meridional force friction

advections of vertical
zonal momentum friction

This is the equation that the model uses (in its discretized form) to
integrate the zonal velocity in time from an initial value. Each
dynamical term was recomputed using the model output of three-day aver-
aged T, S, u, v, w and the same finite difference schemes as in the

model's code.

We will first investigate the time-averaged zonal and ver-

tical structure of the ZMB (sections 3.3.1 and 3.3.2), before attempt-
ing to look at its local time variations (section (3.3.3). And we will

first describe the mean annual ZMB along the equator (section 3.3.1)

before looking at its meridional structure at various longitudes (sec-

tion 3.3.2). Because the core of the EUC is generally displaced

slightly south of the equator (Figure 46c) meridional fluxes are
present at O'N.

3.3.1 Zonal evolution of-the annually averaged ZMB along_the
euator
The mean annual ZMB was obtained by accumulating and aver-

aging each of its terms over a full seasonal cycle. By definition, one
thus gets - = 0, and the balance, expressed at the equator,
reduces to the six terms:

uu + v + = -px/PO +vuz)z + A u

In the following, we will be discussing the longitudinal
and vertical structure of these six terms along ON, looking for
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regions where some of them become negligible compared to the others.
Given the confusing number of variables and parameters involved, let

us begin with the cartoon-like summary drawn on Figure 51. Five dif-
ferent dynamical regimes and their geographical limits are indicated:

- The middle of the thermocline (i.e. the location of largest
vertical gradient of density) roughly separates the upper

regimes (1) and (3) where vertical friction is important from
the lower regimes (2) and (4) which are sheltered from direct
wind influence.

- The 30 0W longitude approximately separates western regions (1)
and (2) where the EUC accelerates eastwards, from the central
and eastern regions (3) and (4) where the EUC loses eastward

momentum with longitude. The loss of eastward momentum is due

to vertical exchanges with the overlying westward flow in the
upper thermocline (3) and to lateral friction in the lower
thermocline (4).

- 2 W is the longitude at which the zonal wind stress reverses
from easterly over (3) to westerly over (5), forces a reversal
of the ZPG force from eastwards to westwards, and thus brings

the remaining upper thermocline eastward flow to a total halt

(even though the surface layer starts being exposed to an east-

ward stress). Those reversals do not affect the eastern lower

thermocline regime.

Admittedly, Figure 51 is a very crude interpretation of the results of
this section. A closer look quickly reveals that defining geographical

boundaries to dynamical regimes is not straightforward, especially in

deep and eastern regions where all terms become small and difficult to
differentiate. However, it is helfpul to keep this cartoon in mind

while examining the details of the analysis.

Figure 52 shows series of vertical profiles of the six

terms of the mean annual ZMB between 0 and 150 m at nine equidistant

longitudes across the basin, from 350W to 5#E. All the profiles are
drawn to the same scale in order to appreciate their zonal evolution
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Figure 51: Schematic summary of the various dynamical regimes found
in the simulated undercurrent and characterized by different
approximations of the zonal momentum balance.
1. inertio-frictional; zonal acceleration
2. inertial; zonal acceleration
3. inertio-frictional; strong zonal deceleration by vertical

friction
4. inertio-frictional; weaker zonal deceleration by lateral

friction
5. reversed pressure gradient; no undercurrent.
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Figure 52: Vertical profiles of the terms of the annually averaged
zonal momentum balance at 0'N at nine equally spaced longitudes
between 35'W and 50E. The dotted line indicates the location of
the EUC core, the solid line that of the center of the
thermocline.
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and to intercompare their magnitudes. On each profile, the vertical
location of the EUC core is indicated by a dotted line and that of the
middle of the thermocline by a solid line, below which the profiles are
shaded. Note again how the thermocline slopes up to about 0E and down
farther east, and how the core of the EUC is found above the thermo-
cline west of 25W and below it from 25OW eastwards. Note also the way
in which the profiles are confined to shallower and shallower levels as
x increases, reflecting the zonal changes in the thermocline depth.

At first glance, the largest terms over most of the basin
are (-pIpo ), (vuzz' (vu y) and (wuz) (Figure 52a, b, e, f). The
large values of these terms are, however, mostly confined to the upper
thermocline levels below a 15 m-thick surface layer [where (-p /po) and
(vuz)z usually dominate]. In the lower thermocline, (vuz)z and (vu )become mostly negligible, while (AV2u) and (uux) (c and d) become
relatively more important. Another striking feature of Figure 52 is
the tendency for (-p /po) and (vuz)z on the one hand, and for (vu )
and (wu z) on the other, to somewhat balance in the upper thermocline.
There is also a tendency for (uu ) and (wuz) to balance in the lower
thermocline. This is better illustrated in Figure 53, which reproduces
these terms by pairs followed by their sum. Again, the location of the
EUC core is indicated on each profile by a dotted line, and that of the
middle of the thermocline by a continuous line.

Let us now use Figure 53a,b to discuss the zonal evolution
of the forcing terms in the upper thermocline east of 25W [regions (3)
and (5) on Figure 511. In these regions, the sum of the ZPG force and
of the vertical friction terms corresponds to a net deceleration (b).
As x increases and 1v x1 decreases, both [(-p/)I and j(vu
decrease until they change sign with the zonal wind between 5"W and 0 E.
East of 5*W, both terms still tend to balance above the thermocline,
but they have switched roles: (-p / ) has become a westward force
and (vu )z an eastward one. Below a thin surface layer, their sum is
dominated by the reversed ZPG force and therefore continues to be nega-
tive, more so, in fact, than slightly upstream. Note however that no
reversal occurs in the lower thermocline where (-p /po ) and (vu )z
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tend to add up to a zero net acceleration at most longitudes east of
25'W. Looking now west of 25*W, one can see that the vertical profiles
of -p / ) and (vuZ)z are not at all symmetrical at depth (a): the
accelerating effect of the eastward ZPG force penetrates considerably

deeper than the retarding frictional effect of the westward surface

current. At 35'W (b) and further west (shown later on Figure 55), a

large net eastward acceleration results at depth below a region of
westward acceleration, very much in agreement with Arthur's (1960)
description of the balance of forces in a continuously stratified
equatorial ocean (section 1.2).

So in this model, only in the westernmost basin [region

(1)] can one talk about the ZPG directly forcing an undercurrent in the

upper thermocline. Further east [regions (3) and (5)], the ZPG force

is either overcompensated by the westward vertical friction term, or

it is reversed and dominating the eastward vertical friction; in either

case, the net effect is not to favour but to oppose eastward flow, and

indeed one observes a rapid erosion with longitude of the eastward flow

above the thermocline, and its actual disappearance between 5"W and 0'E

(Figure 54c). At these longitudes [region (5)], the ZPG reversal
effectively "gives the last blow" to the already much weakened "upper
EUC". Its zonal velocity at a given depth (say 55 m) has a longitud-
inal pattern very well correlated to that of the easterly wind stress
(Figure 54a). East of 25'W below the EUC core [region (4)], the flow
is mostly unforced, as the ZPG is either negligible itself or quickly

compensated by the remaining vertical friction (Figure 53b). In par-

ticular, the deep flow does not appear to feel at all the eastern
reversal of the wind stress. As developed in the following paragraph,
the flow in region (4) above the zero line for w (Figure 54e) appears

instead to be advecting eastwards and upwards across the basin the
value of zonal velocity created west of 25W, while being gradually
dissipated by lateral friction. In the Gulf of Guinea this deep east-

ward flow becomes the bulk of the EUC as the layers above have become
westwards (Figure 54c). This description ignores on purpose the thin

region between the thermocline and the EUC core, which appears to be a



233

35VW 300 250 200 150 100 50 00 50 E

(W U Z Z
v1 1 150m

-3 0 3
0

......

LZVUy
SWU Z

-3 0 3

vU + WU Z

Duz

uu~ + WUx z

0X
4

-5 0 5

150m

0

150m

0

150m

0

150m

Figure 53: Same as Figure 52, but with the terms grouped by pairs and
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zone of transition between upper and lower regimes where most terms
enter the ZMB with equal magnitude. Below the zero line for w, the

balance in region (4) west of 50W is further reduced to:

uux = A V 2u (Fi gure 52c,d).

The resolution of Figures 52 and 53 does not allow much elaboration on

the deep eastern region. It will be discussed later (Figure 57).

Let us now examine in more detail the nature of the

accelerations and decelerations. East of 30*W in the upper

thermocline [region (3)], the dominant inertial terms are, as already

mentioned, vu and wuz (Figure 52e,f). The ZMB, just below a

15 m-thick surface layer, simplifies to:

+ = (-PxPo) + (vuz)z'

The left-hand side of this equation represents the meridional circula-

tion advecting zonal momentum southwards across the equator towards

the displaced core of the EUC and upwards. (See section 3.3.2 for the

meridional structure of these advection terms.) Note how vu at 00N
y

is strictly confined above the middle of the thermocline, except in

transitional regions such as around 0*E (Figure 52e). The net fric-

tional dissipation in the right-hand side corresponds in the left-hand

side to a net loss of zonal momentum upwards, the vertical flux of

zonal momentum being in excess of the lateral influx. This description

is consistent with that of the x-z circulation of section 3.2.1 which
showed water parcels leaving the upper EUC quickly by upwelling into
the overlying westward flow.

East of 30'W and below the core of the EUC [region (4)],

vuy is negligible, the acceleration is solely composed of uux and wuz
(Figure 53e) and the ZMB west of 50W simplifies to:

uux + wuz
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above the isotach w = 0, and:

uuX = A V u

below. (Compare Figures 52c and 53f in the lower thermocline). This

equation can be further simplified to:

= A uy , as u << uY,

where s is such that ax/as = u and az/as = w. Without the lateral

friction term, this would be the equation of a free zonal inertial jet

going eastwards and upwards along w/u slopes (or almost horizontally

eastwards below the isotach w = 0). In the presence of lateral frict-

ion, the jet gradually weakens along its course ( uuX exceeds wuz ).
Note that there is no suggestion of lateral influx along the course of
this lower flow, only the suggestion of a western source. This is
again in agreement with section 3.2.1 which showed the ability of water
parcels from the lower EUC to remain within it throughout the basin.

This point will be developed in section 3.3.2.

Finally west of 300W [regions (1) and (2)], the excess of

(-px/po) over lvuz)z at depth mostly corresponds to a positive uu x

as seen from comparing the leftmost profiles of Figures 52d and 53b.

Indeed in the neighbourhood of the EUC core at 354W, the ZMB roughly
reduces to:

uu = -p/p , or equivalently: (u0 2 + p =0

The value reached by the maximum velocity of the EUC thus depends on

the value of the pressure below the layer of frictional influence in

the western basin andonthe range of longitudes over which the
Bernoulli function (u 2/2 + pip0 ) can be considered constant. The

difference in stratification of the western Atlantic and Pacific may

therefore explain that the velocities reached by the Pacific EUC exceed
those reached by the Atlantic EUC, as already suspected from the obser-
vational review (section 1.4.1).
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Similarly, if the Atlantic simulation underestimates the
zonal and vertical extent of the region of net acceleration, by misrep-
resenting the stratification or overestimating the vertical dissipation,
the maximum speed of the EUC is likely to be underestimated. Thus too

weak an eastward penetration of the lower EUC into the easternmost

basin [region (4)] can be traced back to too weak a lower EUC emerging

from the western accelerating region 12), or it can be due to an over-

estimate of the lateral dissipation along the eastward course of the

lower EUC.

Western formation region: Figure 55 shows details of the

region between 430W (off the continental rise at the Brazilian coast)

and 354W. Because of a meandering pattern of the horizontal flow at

these longitudes, representing the components of the velocity and the

ZMB terms along the equator is not ideal. Such a representation how-

ever still illustrates the net eastward force below about 55 m caused

by the contrast between the slow baroclinic adjustment of the ZPG with

depth and the fast vertical decay of the vertical friction term (f, g).
This force corresponds to a positive acceleration centered in the upper
thermocline and expressed either as a large positive uu x (i: 35 W,
39'W, 41 W) or as a large positive vu (j: 37;W). And that positive

acceleration at depth is apparent at all longitudes of Figure 55 in the
vertical profiles of the zonal velocity, starting to give rise east of
43 W to an eastward subsurface current which keeps strengthening east-

wards over the domain (b).

Termination region: Figure 56 presents vertical profiles

of the annually averaged velocity components, temperature, and dynam-

ical terms between 0DE and 8'E along the equator. The location of the

EUC core is indicated by a dotted line, that of the middle of the ther-

mocline by a continuous line. On (b), one can see the effect of the

wind reversal on the velocity shear penetrate deeper as the westerly

wind increases to the east. By 8'E, the change of sign of the surface

shear reaches 40 m. The zonal weakening of the subsurface eastward
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flow is also clearly seen: its thickness goes from 100 m at 0aE to

50 m at 8'E, and its peak velocity from 0.16 m/s at 0*E to 0.04 m/s at

8'E (remember that those characteristics were 200 m and 0.65 m/s at

0 N 25'W). Above the shallow tight thermocline (e), the flow is west-

ward and the balance between a westward ZPG force If) and an eastward

vertical friction term (g), with some contribution from vuy (j) and

wu (k). This corresponds to region 15) on Figure 51.

Below the thermocline within the eastward flow, all the

terms are very small and were therefore redrawn at a different scale

between 50 and 150 m on Figure 57. Note that the new scale -0.6 to

0.6 x 10~ m/s2 is one order of magnitude smaller than the scale suit-

able for the 0 E-8'E upper regime (Figure 56), which is itself about

one third the scale suitable for the 43 'W-35'W upper regime (Figure 55).

Below the EUC core (dotted line), the ZMB can generally be written:

u u + wu = -p /p0 + AVu (Figure 57a,c,d,f)

The ZPG force, which at comparable levels in the central basin was

either negligible compared to the other terms or reversed (as better

shown in the following section), acts on average as a positive forcing

for the remaining inertial EUC in the termination region. The effect

of the ZPG force is however counteracted by lateral friction, resulting

in a net zonal deceleration of the flow. At the two or three model
levels bracketed by the thermocline and the core, the mean balance

includes:

+ + -p/ + )z (Figure 57ab,d,e,f)x zzx

So the ZMB within the easternmost EUC can be paradoxically written in

a way very similar to that within the westernmost EUC [regions (1) and

12) of Figure 51 and Figure 55], although over a much reduced depth
range. The difference of course is that the net uux is positive in
the west and negative in the east. This similarity is better empha-
sized in the next section devoted to the meridional structure of the

ZMB where again different scales are used within different regimes.
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3.3.2 Meridional structure of the annually-averaged ZMB at
various longitudes
The previous section dealt with the longitudinal and ver-

tical structure of the annually averaged ZMB right along the equator.
The term of mean meridional advection of zonal momentum vu was shown

to be positive and to play a non-negligible role in the balance for the
upper layers of the EUC [Figure 51: (1), (3) and (5)], along with the
term of mean vertical advection of zonal momentum wuz. These terms

express the role of the meridional circulation (v, w) in transporting
eastward momentum southwards towards the core of the EUC and upwards

away from it. Their sum (vu + wuz), dominated by wuz and thus

negative, balanced the excess of vertical friction over pressure forc-
ing (Figure 53b,d). Another important result of the previous section

was that vu appears negligible in the lower layers of the EUC out-

side the western accelerating regime. That suggested that at least the

lower part of region 14) (Figure 51), which on the mean does not exper-
ience vertical exchanges of momentum with the upper layers, is not fed

laterally either and has for its sole source of eastward momentum that

emerging from the western accelerating region (2). The following ques-

tions therefore arise. How does the upper balance change as the core

of the EUC is approached, i.e. as uy and v tend towards zero and vuy

presumably becomes negligible Does the study of vuy(z) at slightly

higher latitudes confirm the lack of lateral source of eastward momen-

tum for the lower EUC ? And how does the nonlinear equatorial regime

evolve into linear off-equatorial dynamics? 250W will be the merid-

ional section mostly used to illustrate the answers to these questions.

From Figures 46 and 47, it became apparent that, in the

central basin, the core of the EUC lies on average at about half a

degree of latitude south of the equator. Also apparent from Figure 47

was the mid-basin symmetry of w with respect to the equator, in con-

trast with the asymmetry of u and v. Figure 58 now shows the merid-
ional structure of v (a), wu (b), -pC/p (c), and (vu (d) at
25 W. Shaded in on each plot is the core of the EUC defined by the
limits of the 0.5 m/s isotach. Following, for instance, the 65 m-level
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from the equator southwards into the EUC core, one observes a decrease
in the intensity of both vu and wu (a, b), but not much change
in (-p h ) and Ivuz z (c, d).

That vuy does not drop exactly to zero at the latitude
where the mean EUC is maximum (i.e. where u is zero) is not

y
alarming: it is due to the nonlinear nature of vu and reflects
the fact that the latitude of maximum EUC speed has shifted somewhat
during the year, so that:

vily y 

(For the same reason, the depth at which wuz goes to
zero may slightly differ from that at which uz is zero.)

The main point of Figure 58 then is that, in the upper EUC
at the latitude of its core, vuy indeed gets negligible compared to
wuz' ~px/o and Ivuz)z, since it drops to values less than 1 x

-7 27 210 m/s2, compared to values of the order of 4 x 107 m/s2. In the
same region, uux and AV2u (not shown) remain negligible as at 0*N,
and the now nonzero mean Coriolis acceleration (-fv) is not yet large
enough to enter the balance (not shown either). So, above the maximum
speed of the EUC, i.e. 1/3 or 2/3 of a degree of latitude south of the
equator, the mean ZMB in region 13) of Figure 51 reduces to:

z~~xo + z'

The net westward force in the right-hand side of this equation has
about the same amplitude as at ON. It thus causes the same decelera-
tion of the subsurface eastward flow via upwelling of zonal momentum
away from the core into the westward surface flow. But that upwelling
of momentum is weaker than at the equator since it does not need to
balance any more acceleration due to the cross equatorial flow.

The meridional and vertical structure of the annually aver-
aged ZMB at 250W is discussed in detail in Appendix I. It is here sum-
marized schematically on Figure 59, which can be described as follows.
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Above 90 m, the dynamics are dominated by vertical friction
even off the equator and are asymmetric about the equator. The lateral

flux of eastward momentum into the displaced core of the EUC which is

present at 0N becomes negligible at the latitude of the core. Net

loss of eastward momentum by the upper EUC occurs through vertical

exchange with the overlying westward flow.

Below 90 m, the dynamics are no longer markedly influenced

by the northwestward surface stress and become more symmetric about the

equator. Between 90 and 120 m, a thin layer of meridional geostrophic

convergence supports an inertial equatorial jet exposed to no net forc-
ing or dissipation, which thus tends to conserve its zonal momentum as
it flows eastwards and upwards. Slightly off the equator, the flow is

accelerated by equatorward advection of zonal momentum.

Below 120 m is a region of equatorial downwelling and

meridional geostrophic divergence, too weak to decelerate the off-
equatorial EUC through poleward advection of zonal momentum. The ZMB
at the equator is the equation of an inertial jet dissipated eastwards
by lateral friction. Its main source of zonal momentum lies further

west.

The inertial terms, important at the equator, become neg-

ligible compared to the Coriolis acceleration between 1 and 2* off the

equator. At all the levels described above, there is a tendency for

the vertical stress (and the term of vertical friction) to penetrate

deeper at the equator (where the stratification is weaker) than at

neighbouring latitudes (see Figures in Appendix I).
Finally, let us comment on how the meridional structure of

the ZMB changes east and west of 250W. The contrast between an asym-

metric upper frictional regime and more symmetric lower regimes is

found at all longitudes, reflecting the fact that 't itself is
nearly constant zonally (Figure 54b). The thin intermediate pressure-

forced regime described at 25'W thickens westwards, where it merges
with region (2) of Figure 51, as can be seen on Figure 53a. But it

thins eastwards as the zero crossings of the vertical profiles of
(-p p /) and (vuz )z move closer together. By 15*W, it has disappeared,
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but a similar regime is again found in the lower EUC east of 5'W where

the stratification at depth forces a positive ZPG force below the
level at which Ivuz~z vanishes. The zonal structure of this deep
stratification can be seen from the shape of the mean isotherms and
isohalines of Figure 45 below about 75 m.

Let us summarize the zonal and meridional structure of the
annually averaged ZMB simulated by the GCM with the help of Figure 60.
In Figure 51, for the sake of simplicity, dynamical regimes were
crudely separated by the middle of the thermocline and by the longi-
tudes 30OW and 20W. In Figure 60, a more precise representation is
attempted on the basis of the depths at which various dynamical
quantities go to zero as a function of longitude. For reference, the

limits of mean eastward flow, the core of the EUC and the thermocline

are also represented.

Consider the western region (west of 30OW). The thick

continuous line delimits the accelerating domain below about 50 m
(Du/Dt > 0). Above that line, westward vertical friction dominates the

eastward pressure forcing (-p /p0 + Ivuzz < 0). Below, the eastward

ZPG force dominates both the term of vertical friction and that of hor-
izontal friction (at least above 250 m). The thin dashed line along

which Lvuz)z vanishes separates the mostly frictional upper regime

from the mostly nonfrictional lower regime.

Over most of the rest of the basin, the sum [-p /pO +

(vuz)z + A u] is negative and the flow is inertially decelerating.

Exceptions are found near the surface in the east where eastward ver-
tical friction dominates the westward ZPG force and in the small sub-

surface domain centered around 4*E and 75 m where a deep eastward ZPG

force locally overcomes the retarding effects of both vertical and

horizontal friction terms.

What is not immediately apparent from Figure 60 is the
strength of the inertial accelerations and decelerations within the
various regions, or equivalently the magnitude of the imbalance between
forcing and dissipation. That imbalance is very large and positive in
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the western accelerating domain [regions 11) and 12)]; it is relatively
large and negative in the region of positive ZPG forcing dominated by

vertical friction ["upper EUC" 13)] and in the shallow region of
positive stress dominated by a reversed ZPG force at the longitudes

where the zonal wind has changed sign 15). The imbalance between

forcing and dissipation is negative and relatively small elsewhere (4).

The analysis of the meridional structure of the annually
averaged ZMB has further shown that, in the region of positive ZPG

(which, off the equator, corresponds to an equatorward geostrophic flow

component), vuY enters the ZMB as a positive acceleration slightly
away from the exact latitude of the EUC core. The upper EUC thus has

a lateral source of zonal momentum along its eastward course. In the

region of negative ZPG force which, off the equator, corresponds to a

weak poleward geostrophic flow component, vuy is too small to enter

the zonal balance of forces. The eastward vertical friction somewhat

accelerates the lower levels of region (4), but its upper levels (dis-

sipated mostly laterally) have for sole source of eastward momentum the

western accelerating region which has the effect of a Bernoulli head.

The ZMB within the various parts of the upper [11), 13)]

and lower [12), (4)] EUC can be written:

(1) Du/Dt = -py/p_ + ( I)z > 0

with uu > 0

(2) Du/Dt = -p</p > 0

with uu > 0

(3) (C +) z = -p/p + (vuz z 0y z xo z

a negative uu also enters the balance in the east

(4) uu+ - AV2u = -p/p, + ( j)z - 0

< 0 > 0< 0
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where -p /P and (vu )z tend to enter the balance only in

the lower levels of region (4) where w has become downwards.

3.3.3 Time evolution of the ZMB at O'N 25'W

In the previous section, we have investigated how the

balance of forces within the EUC changes with longitude, how part of
these changes can be traced back to longitudinal variations in the

dynamical forcing itself, and how they can explain the longitudinal

variations of the simulated circulation described in section 3.2.1.

The goals of the present section are to investigate how the balance of

forces changes with time at given longitudes, how these changes relate

to temporal variations of the local forcing, and how they can explain

the temporal variations of the simulated circulation described in

section 3.2.2. The main focus of this dissertation being the mean

circulation, the study of the time evolution of the ZMB is limited to

25'W (a typical mid-basin longitude).
Figure 61 presents all the terms of the ZMB, calculated

from the three-day averaged model output, as a function of depth and

time at O'N 250W. The thick dotted line represents the position of the

center of the thermocline, defined as the depth at which the vertical

gradient of ps (the local density relative to the surface one)

reaches its largest absolute value. All the fields are drawn using the

same contour interval of 2 x 10- 7m/s2 (or 2 x 10- 5dyne/g), making it
clear that, in time, the dynamics above the thermocline are dominated

by the meridional and vertical advection of zonal momentum (c, d), the

ZPG force (f), and the term of vertical friction (g), just as in the

annually averaged case. The Coriolis force (e) is uniformly zero at

the equator.

In the fall, the thirty-day waves which were seen to
greatly distort the circulation in the meridional plane (Figure 48)
have, not unexpectedly, a clear signature in the fields of vuy (Fig-

ure 61c) and wuz d). To a lesser extent, they also appear at the
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Figure 61 (Continued)
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surface in the fields of ut (a) and uu (b), and they noticeably dis-

tort the fields of [-px/po) If) and Ivuz) z (g). For our purpose,

their presence in the western basin in the fall is of concern only be-
cause of the possibility that they may interact with the mean flow and

be, on the mean, a source or a sink of zonal momentum for the EUC. In
order to appreciate their effect on the annually averaged EUC, associ-

ated Reynolds stresses were estimated using the following procedure.

First the sum of the advective fluxes of the mean ZMB was computed as

in section 3.3.1, using the three-day averaged simulated velocity field

at each of the 120 time-steps of the model output, and accumulating and

averaging them over the year. Second the sum of the same terms was
computed from the annually averaged simulated velocity field. The dif-

ference between the two, as written explicitly below, is the divergence

of the Reynolds stresses, which acts as an extra force on the right-

hand side of the equation for the mean zonal flow u:

V, R - (Tiuhx - PIT y -z

x 5 y (5z3 - [7-x + Wy+ ;-z

with u the annually averaged velocity and with: u'= u -

The computation was performed along meridional sections at 40*W and
25"W between 3'S and 2AN. 7.,R appears larger (in absolute value)

at 400W, where the waves are stronger than at 25'W, and largest between
0 &N and 1'N. But at either longitude, this term is essentially
negligible compared to the other forcing terms of the balance.

Thus the thirty-day waves in the model appear to perturb

the mean state without having an appreciable net effect on the zonal

circulation. In the following, at longitudes where instability waves
develop during the fall, a thirty-one day running average is applied

to the fields of computed dynamical terms as it was on the fields of
simulated velocity in section 3.2.2.
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We saw on Figure 49 that, on average, to the stronger wind

stress of the summer-fall period (a) correspond at O'N 25'W (1) a more

intense surface circulation in both the zonal and the meridional direc-

tion (b, c), (2) a more intense subsurface circulation in the merid-

ional plane 1c, d), 13) some spreading of the upper thermocline (e),
and (4) an eastward reversal of the deep flow below the EUC (b). The

core of the EUC itself appears only slightly faster and deeper in the

fall than in the spring, with the two states separated by a brief

intermediate state of weakened flow (b).

Figure 62 now shows the terms of the smoothed ZMB at O'N

25aW [compare with Figure 61). The contour interval was reduced to

1 x 10 7m/s2 for the dominant terms and to 0.5 x 10~ 7m/s2 for ut
(a), uux (b) and AV 2u (h). The thick dotted line still indicates

the position of the center of the thermocline. Above and in the upper

thermocline, ut is consistently negligible, and the zonal momentum

equation can be said to go through a succession of steady states:

vuy + wuz ~ x 0 + vuz

In the spring when the wind forcing is weaker, all four terms are

weaker, while in the fall following its intensification all four terms

are stronger. The upper parts of frames j and i (above the dotted

line on Figure 62) show the time and depth evolution of [-px/po +

lvuz)z] and [vu + wuz] respectively. They thus show the evolution of

the net force acting on the zonal flow at O'N 25-W, and of the net

resulting acceleration. Throughout most of the year, the net force

tends to be dominated by friction as for the annual mean, and therefore

to correspond for the upper EUC to a deceleration caused by a net loss

of zonal momentum upwards. An exception to this regime can be observed

in the fall around 65 m where the net force reverses to eastwards for a

while due to the temporary predominance of (-px/po) over (vuz )z

while vuy and wuz still add up to a negative acceleration: a small

positive uu needs enter the ZMB as a consequence (b).
Let us summarize the time evolution of the upper EUC

dynamics at O'N 250W using Figure 63 which, for clarity, isolates
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bimonthly vertical sections from the continuous time series presented
previously. Between March and July, the strength of the easterlies

doubles (a), and so do the depth of penetration of the zonal stress

into the ocean, and the strength and thickness of the westward surface

current (b). The strength of the northward surface flow and of the

southward subsurface flow increases by a factor closer to 3 (c), as do

the strengths of the surface ZPG force (h) and vertical friction (i),
and the surface and subsurface lobes of meridional advection of zonal

momentum (m). Changes in the vertical velocity (d) and in the vertical

advection of zonal momentum (m) as more subtle. The increase of west-

ward momentum in the surface layer between March and July appears in

the clear change of slope of the profiles of forcing (f) and decelera-

tion Ltg) at the surface. The decrease of eastward momentum between

the 55 m and 85 m levels during the same period appears similarly as a

change of sign of both profiles in that depth range (f and g). The

deeper penetration of the forcing in the summer and fall coincides with

a weaker stratification aps/az (e) near the surface. During this

time, the downward tapering of the ZPG force by baroclinic adjustment

effectively starts deeper. However, the net effect of the local wind

increase at ON 25'W appears to be a net weakening of the upper EUC

because an excess of westward momentum is introduced frictionally in

the surface layer and vertical exchanges with the underlying EUC are

amplified.

Let us now describe the time evolution of the flow in and

below the lower thermocline at ON 25W. Figure 62 is not very useful

for that purpose since its scales were appropriate for the upper regime.

Let us therefore use Figure 64 which presents the rescaled lower part

of the bimonthly vertical sections of Figure 63. From Figure 64 h to

n, it is clear that, at 0'N 25W, only the terms of vertical friction

(i) and meridional advection of zonal momentum (m) have become neg-

ligible compared to the other terms of the ZMB below 100 m. The zonal

balance of forces therefore reduces to:
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ut + uux + wuz= p x/Po + AVu

Recall that, on the annual mean, it could be further simplified to:

uui7 + wu = AV2ux z

Since u = 0 by definition of the averaging operator, that means

that: p /p0 = 0. Indeed, below about 100 m, the vertical profiles
of (-p /p ) (h) and of ut (k) both change sign throughout the

year while the profiles of uux (1) and wuz (n) only change amplitude.
As the zonal flow weakens with depth, nonlinear terms become negligible
and the balance ultimately simplifies to the linear equation:

ut + p x/P 0 = 0

So the lower thermocline regime, described in the annual

mean as a dissipative inertial jet traceable to a western source,
appears to be seasonally modulated by local accelerations and deceler-

ations balancing positive and negative values of the deep ZPG force.
Positive values of the ZPG force at depth in turn seem to be a local

response to the intensification of the overlying easterlies, since
these values are seen at the same time as an increase in the surface

ZPG force when the stratification of the upper layers weakens. The
increase in the local easterlies, which has a net decelerating effect

on the upper EUC at O'N 250W, on the contrary has a net accelerating
effect on the lower EUC. That explains the apparent downward displace-

ment of the core at a time of increased upwelling (Figure 49b,d).
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Chapter 4. PERFORMANCE OF THE GENERAL CIRCULATION MODEL

IN SIMULATING ATLANTIC OBSERVATIONS

We have seen in chapter 3 that the GCM simulates an EUC
which accelerates zonally over a relatively narrow western region then
slowly decelerates over most of the remaining basin. The simulated
undercurrent tended to be found above the middle of the thermocline in

the west and mostly below the thermocline in the east. Frictional
processes were shown to be responsible for these behaviours. This

contrasts with the concept of an inertial current which would conserve
its momentum or keep accelerating eastwards while closely following

isopycnals, and which would decelerate abruptly only as it impinges on

an eastern wall.
Direct and indirect observations yield estimates of fric-

tional terms of the same order of magnitude as the inertial terms at

the equator. In the Pacific, Lukas (1981, 1986) describes the EUC as

impinging on the Galapagos Islands at about 92'W (section 2.1), but a

large scale weakening of the flow of about 0.75 x 10- 2m s~1 per degree
of longitude has already taken place between 150 W and 110'W, eighteen
degrees of longitude west of the Galapagos (Bryden and Brady, 1985).
In the Atlantic, the recent SEQUAL/FOCAL observational program simi-
larly shows a large scale zonal weakening of about 0.80 x 10- 2m s~ per
degree of longitude between 28'W and 4'W, ten degrees of longitude west
of Sao Tome Island (Weisberg and Colin, 1986). The FOCAL data set also

seems to agree with the model's prediction of an EUC above the thermo-

cline in the west, below in the east (Figure 65; H4nin et al., 1986).

This feature is worth emphasizing since it has received little atten-

tion in the past.

On an equatorial section of the simulated temperature, only
the isotherms of the western upper thermocline slope upwards to the east.

The isotherms of the western lower thermocline on the contrary tend to
"peel off" eastwards and become horizontal or bend downwards forming a

layer of weak stratification of increasing thickness to the east. This
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again is a realistic feature of the observations (Figure 66; Lemasson

and Piton, 1968). As mentioned in chapter 2, the resulting thermostad

has even been treated as an indicator of the EUC in the eastern Pacific

by Lukas (1981, 1986). We will see below why we agree that the model's

thermostad constitutes one of its dynamical responses rather than a

reflection of the imposed initial stratification.

In section 3.2, we saw that, when forced by climatological

wind stresses (Hellerman and Rosenstein, 1983), the GCM simulates many

other known features of the equatorial circulation, such as the western

instability waves and the eastern surface cooling during summer and

fall. Less satisfactory was the absence of instability waves in the

east, the tendency for the simulated western surface flow to be too

fast, and the tendency for the simulated EUC to have a lesser overall

amplitude and eastward penetration than observed. The uncertainty of

the wind stress and the suspicion that it might be overestimated by

Hellerman and Rosenstein's choice of drag coefficient was noted.

Before incriminating any aspect of the model (in partic-

ular its parameterizations of frictional processes), it is interesting

to examine the model response to a field of weaker wind stress.

Philander and Pacanowski (personal communication) reran the Atlantic

model using a monthly smoothed version of the wind stress field col-

lected during the SEQUAL program (Harrison and Cardone, 1984; Cardone,

Greenwood, Tourre and Chavy, 1988) and reported to be about 75 percent

of the Hellerman and Rosenstein's climatology overall. That run is

particularly valuable since its results can be directly compared to

simultaneous" ocean measurements.

This chapter compares observations from the SEQUAL/FOCAL

program with the GCM run forced by the "SEQUAL winds". Then this run

is compared to another run forced by the climatological wind stress

field divided by two. A discussion follows and ways to improve the

simulation are proposed to conclude the chapter.
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Figure 65: Meridional sections of observed temperature and zonal
velocity (5*S-5'N, 0-500 m) at 35'W, 230W, 4'W, 10E (FOCAL-NICAL
program; Henin et al., 1986).
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Figure 66: Equatorial section of temperature across the Pacific Ocean
(cruise ALIZE, 1965; Lemasson and Piton, 1968).



288



289

4.1 The SEQUAL run
In Figures 67 and 68, time series of temperature and zonal

velocity respectively are represented as a function of depth. Upper
panels correspond to moored observations at ON 28"W and lower panels

to the simulation at 0 a N 30'W. Due to the smoothing of the forcing
field by months, the simulation lacks the higher frequencies apparent

in the observations of both T and u. On average, the model thermo-
Cline has similar depths and temperatures as the observed thermocline,

but tends to be centered 20 m shallower on average (Figure 67). Per-
iods of warmer and cooler surface temperature roughly coincide, but
shallowings and deepenings of the thermocline appear steeper in the
observations. There is a tendency for the model ocean to be warmer by

about 1C below the thermocline (see the range 150-200 m on Figure 67).
The model EUC core is also found within the right range of

depths, although again slightly shallower (70 m versus 85 m on average,
Figure 68). The amplitude of its zonal velocity at 30W compares well

with the current meter measurements at 280W, except in the fall of 1984
when it is weaker. The apparent vertical motion of the EUC core in

response to changes in the easterly wind stress forcing and in the
depth of the westward surface flow is clearly a common feature to both
the observations and the simulation. No clear pattern of seasonal
variation in EUC core velocity however emerge from either the observa-

tions or the simulation. Finally the simulated EUC appears to pene-
trate less deep than the observed EUC or equivalently to have stronger

vertical shear below the core: by 200 m, the model subsurface flow has
reached 0.0 m/s on average while the observed flow is still eastwards
at about 0.2 m/s.

Figures 69 and 70 present a similar comparison between
observed and simulated time series of T and u near 0'N 4'W. At this
longitude, the simulated thermocline tends to be shallower than the
observed one (25 m versus 40 m on average, Figure 69). It also tends
to be sharper (e.g. 2C per 5 m versus 1C per 5 m in November 1983).
The clear seasonal sequence of upwellings and downwellings of the ob-
served thermocline does coincide with that of the model's thermocline.
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The displacements of the deep isotherms in the model however tend to
lag those in the observations by about one month and to have a larger
amplitude, sharpening the eastern thermocline even further. Warmings

and coolings of the sea surface roughly coincide in timing and ampli-

tude. Again, however, the temperatures below the thermocline tend to

be warmer in the model than in the ocean (17'C versus 15'C at 100 m on

average). Comparing Figures 67 and 69 then, one can see that the ob-

served mean temperature at 100 m changes from about 18C at 28W to

about 15 0C at 4'W. By contrast, the simulated mean temperature at

100 m only changes from about 18'IC at 304W to about 170C at 4'W. It

is therefore possible that the model underestimates the value of the

zonal pressure gradient below the thermocline and underestimates the
vertical penetration of its accelerating effect. As a possible illus-

tration, therate of weakening of the observed EUC core velocity
between 28W and 4'W is about -0.8 x 10- 2m/s per degree of longitude;
but the same rate in the SEQUAL simulation between 30 W and 40W is

-1.9 x 10- 2m/s per degree of longitude, about two times as large.
Like the thermocline, the simulated EUC core at 4'W ap-

pears shallower than the observed core (45 m versus 60 m on average,

Figure 70). The westward surface flow tends to be weaker (0.30 m/s

versus 0.50 m/s), and so does the eastward subsurface flow (peak vel-

ocity of 0.40 m/s versus 0.80 m/s, velocity at 100 m of 0.05 m/s
versus 0.40 m/s). However, the seasonal evolution of the flows (east-

ward reversals of the surface current, intensifications of the EUC) is

rather well reproduced by the GCM.

So, when forced by the SEQUAL winds, Philander and

Pacanowski's GCM produces a thermocline which is shallower than ob-

served, and considerably sharper in the east. Below the thermocline

the model produces slightly warmer temperatures and a slower eastward

flow. The simulated EUC has a core velocity comparable to the observa-

tions in the west but about half as fast in the east. In general the
SEQUAL run appears paradoxically less in agreement with the SEQUAL/
FOCAL observations than the climatologically forced run.
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4.2 The half climatology run

For a cleaner picture of the effect of an overall decrease

of wind intensity on the EUC speed, a new run was generated: the

Atlantic GCM was forced by the climatological wind stresses divided by

two. The new output was treated as described in Chapter 3 for the pre-

vious output, and annual mean fields were generated. Figure 71 shows

the fields of uand T from the half forced run (b, d) underneath the

same fields from the fully forced run (a, c). In the half forced run,

the zonal tilt of the thermocline is less, the sea surface temperature

warmer by about 1"C, the western thermocline slightly less deep and the

eastern thermocline less sharp than in the fully forced run. The west-

ward surface current is about half as swift and less deep than in the

fully forced run. The EUC does not reach as deep in the west but it

penetrates farther east zonally. The velocity of the EUC core is re-

duced by only 0.05 m/s (less than 10 percent) in the west but its rate

of weakening with longitude is also reduced (roughly -0.9 x 10-2m/s

versus -1.5 x 10- 2m/s per degree of longitude between 30'W and 4'W).

As a result, the core velocity in the east is actually higher by about

0.07 m/s (30 percent) in the half forced than in the fully forced run.

Note that, compared to observations, the EUC velocity of the half

forced run is uniformly low by about 0.25 m/s (approximately like the

fully forced case), but the zonal weakening of the half forced EUC is

more realistic.

4.3 Discussion
Table 7 summarizes the comparison presented so far between

the various GCM runs and the SEQUAL/FOCAL observations near 30"W and
4"W at the equator. Values were simply read off Figures 67 to 71. (In

the case of Figures 67 to 70, values are estimated averages through the

measurement period.) When forced by the SEQUAL wind stresses, the GCM

simulates thermocline and EUC core depths shallower than those simu-

lated with either the full or the halved Hellerman and Rosenstein's

wind stresses. The SEQUAL run produces the best estimate of the EUC

core velocity in the west, but the worst estimate of its rate of zonal
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weakening. The best estimate of that rate is simulated by the half
forced run. This suggests that the differences between the climatolog-
ical and the SEQUAL runs may be due less to differences in the overall
forcing intensity than to possible differences in the spatial structure
of the forcing fields. Since the SEQUAL simulation is somewhat worse

than the climatological one when compared to the SEQUAL/FOCAL observa-

tions (except for the value of the core velocity in the west), it will

be worthwhile to identify'these differences between the two wind stress

fields and check how real they may be. To our knowledge, such a study

is not available at the time.

Note that the above argument, like the rest of this thesis,

relies on the assumption that the role of the thermal forcing is neg-

ligible compared to that of the dynamical forcing. In fact, Pacanowski

and Philander (1981) have shown that an appropriate surface condition

on the heat flux is indispensable for the simulation of a realistic

x-variation of the surface mixed layer thickness and thus of a zonally

tilted thermocline. However, their analysis does not suggest that the

introduction of a nonzero surface heat flux-condition modifies the
average depth of the thermocline.

In the GCM examined in this thesis (Philander and

Pacanowski, 1986a) the parameterization of the surface heat flux is

more elaborate than described by Pacanowski and Philander (1981). The

variations of the surface heat flux are mostly due to variations in the

evaporation, itself proportional to the wind speed and a complicated

function of the atmospheric and oceanic temperatures at the ocean sur-

face. There is no detailed study of the influence of changes in that

surface heat flux field on the density structure and the dynamics of
the GCM response, but we expect that the effects would be similar to
those described by Pacanowski and Philander (1981). If that is the

case, then an increase of the heat flux decreases mixing and, as in the

previous paragraph, may increase the thermocline tilt without affecting

the average depth of the thermocline.
Like the original wind stress used to force the GCM, the

imposed air temperature is a monthly climatological function of x and
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TABLE 7

Comparison between the various GCM runs and the SEQUAL/FOCAL observa-

tions near 30'W and 4W at the equator.

Climatological
Run

SEQUAL
Run

1/2 Forced
Run

SEQUAL/FOCAL
Observations

30'W 105 75 105 95
Thermocline
Depth (m) 4'W 35 25 30 40

30'W 90 70 80 85
EUC Core
Depth (m) 4'W 70 45 65 60

EUC Core 30'W 0.65 0.75 0.55 0.80
Velocity
(m/s) 4 W 0.25 0.25 0.32 0.60

Rate of zonal
weakening -1.5 -1.9 -0.9 -0.8

(10- 2m/s per
degree of
longitude)
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y. When the model is forced by different fields of wind stress, the
external field of air temperature is kept equal to the climatological
field (no analysed field was derived from the measurements taken during

the SEQUAL/FOCAL program). It is likely that, for consistency, the

field of air temperature should also have been changed. An error in

the simulation of the surface heat flux may therefore result, which in

turn may affect the model response. However, plausible changes in air

temperature and SST modify evaporation less than the changes in wind

speed, so the error should be small. Moreover the error would affect

both the runs forced by the SEQUAL wind stresses and by the halved

Hellerman and Rosenstein climatological wind stresses. The difference

in the thermocline depth between the two runs is thus likely to be

caused by differences in the wind forcings.

Finally, there are indications that the initial stratifica-

tion from which the integration of the model starts influences the
final equilibrium state, in particular the mean depth of the thermo-

cline and the EUC strength. Delecluse and Andrich (personal communica-

tion) developed a GCM of the tropical Atlantic very similar to
Philander and Pacanowski's: the parameterization of vertical friction
is the same and the numerical scheme comparable. That model was also

forced by the SEQUAL wind stress field, and plots of the evolution of

the response through 1983 and 1984 were produced. The main difference

between the runs by Delecluse and Andrich (henceforth DA) and Philander

and Pacanowski (henceforth PP) is in the choice of the initial condi-

tion for stratification. In the PP run Levitus' January climatology of

T and S is used, so that the initial thermocline is a fairly realistic

function of x, y and z. In the DA run an average of the vertical pro-

file of observed temperature over the whole basin is used, so that the

initial thermocline at the equator is considerably deeper and more dif-

fuse than in reality due to the weight of higher latitudes. (Also the

effect of salinity on density is not taken into account by DA.) Once
spun up to an equilibrium seasonal cycle (which involves large vertical
motions of the thermocline) the models were expected to have forgotten
their initial stratification. In reality, the final equatorial
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thermocline of the DA model is on average considerably deeper and more
diffuse (like the initial one) than the final equatorial thermocline of
the PP model. Note, however, that even though the initial thermocline
of the DA model is flat, the final one is tilted upwards to the east.

A thermostad (thickening to the east) is developed, which suggests that

the presence of a realistic thermostad in the PP model is not just a

consequence of the initial stratification but a sign that the simulated

equatorial circulation is adequate to cause and maintain such details
of the final stratification. Also, the EUC of the DA model is deeper
and weaker overall than in the PP model but the core of the EUC shal-

lows to the east as in the PP model (again being found above the west-

ern thermocline and below the eastern one). Compared to the SEQUAL

observations at 30OW then, the DA model simulates too deep and too dif-

fuse a thermocline and too weak an EUC. At 4 W it simulates a more

realistic thermocline than the PP model but an even weaker EUC. The

rate of weakening of the EUC velocity with longitude is comparable in

the two models, and too large compared to the SEQUAL/FOCAL observations.

4.4 Possible ways to improve the simulation
We have studied in chapter 3 the numerical simulation of

the tropical Atlantic by Philander and Pacanowski's GCM in order to

gain new insight into the dynamics of the EUC, and have indeed come up

with a richer picture than in the past of coexisting regimes of dis-

tinct dynamics. For this purpose, we only needed (and estimated we

had) qualitative agreement between broad features of the simulation and
the observations. We were not concerned by local discrepancies and did
not attempt any parameter study of the model. Such a study would be
very valuable and we therefore now wish to discuss the guidance provid-
ed by results of our dynamical analysis. One parameter study should
consider the thermodynamics of the model, which undoubtedly play a role
in determining the stratification. Of particular concern is the ques-
tion of the amount by which the initial condition on density and the

surface condition on heat flux constrain the final structure of the

thermocline (its mean depth, its thickness, the magnitude of vertical
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gradients).

Looking at the circulation, we have seen through this work

that the GCM simulation would be more satisfying if the western surface

flow were slower and if the EUC were everywhere faster, weakening east-

wards at a slower rate and reaching deeper in the water column. An

undercurrent which slows too fast with longitude immediately suggests

too frictional a regime. Too strong a surface current on another hand

suggests not enough mixing. After comparing surface currents from

historical ship drift data and GCM results, Richardson and Philander
(1987) indeed incriminated the parameterization of vertical friction.

They argued that the lower bound set on eddy viscosity just below the

surface (to represent the effect of high frequency wind fluctuations

absent from a monthly climatology) might have to be set higher in gen-

eral and made to affect deeper levels towards the west. They also sug-

gested that the parameterization of vertical friction in terms of the

Richardson number be revised so as to let vertical friction be a func-

tion of wind intensity even when the upper layer becomes homogeneous.

Such changes in parameterization primarily affect the levels closest

to the surface, but what effect they have on deeper levels is likely

to further weaken the EUC: the extra westward surface momentum must

be redistributed vertically.
Our dynamical analysis has suggested, however, that ver-

tical mixing substantially retards only the upper layers of the model

EUC. The lower layers are retarded by lateral friction, and reducing

the coefficient for horizontal mixing of momentum would thus reduce the

rate at which they are retarded. LPacanowski and Philander (1981) men-

tion that, for an earlier version of the GCM forced by steady easter-

lies, a decrease of the coefficient from 2 to 1 x 103m2s~- results in

an increase of the maximum speed of the EUC from 0.80 to 1.05 m s 1.
This is appealing since, in the observations as in the simulation, the

lower layers of the mid-basin undercurrent become the bulk of the east-

ern undercurrent. Therefore a reduction of the rate of zonal weakening

of the lower western flow implies an improvement of the eastern pene-
tration of the EUC as a whole.



308

It is worth re-emphasizing that the apparent eastern diving

of the EUC under the thermocline (i.e. the fact that the EUC core is

found above the thermocline in the west, below the thermocline in the

east) is a feature common to the simulation and the observations. In

the model this apparent diving means that the upper layers are retarded

by vertical friction more efficiently than the lower layers by lateral

friction. In the simulation as in the observations, the upper thermo-

cline flow becomes increasingly westwards as one looks from west to

east. This may be taken as a clue that the parameterization of the

effect of vertical friction is mostly correct, and that a parameter

study should assign highest priority to reducing the value of the coef-
ficient for horizontal mixing. In any case, fine tuning of the param-
eters for both vertical and horizontal friction will require a more

precise experimental determination of the vertical profile of Reynolds

stresses at various locations of the equatorial region.

Finally, our dynamical analysis of the GCM illustrated the

existence in the western basin of an intermediate layer inertially

accelerated by the ZPG force and not substantially retarded by either

vertical or horizontal mixing effects. Such a regime is likely to

exist in the ocean given the observed westward increase of the vertical

scale for baroclinic adjustment. In the model, that inertially accel-

erated layer shrank eastwards and acted as a Bernoulli head for the

lower thermocline flow. The depth of the layer, related to the depth

at which substantial values of (-px/po) are found in the west, and

its zonal extent are therefore important for determining the western

zonal acceleration of the EUC prior to its zonal deceleration over the

rest of the basin. If the maximum velocity reached by the EUC is

underestimated, the current will appear too weak at all longitudes.

It is thus important that the vertical profile of the ZPG force be well

simulated, which brings us back to the necessity for the model to have

a realistic stratification, and thus for a parameter study to investi-

gate the roles of the imposed initial condition on density and of the

boundary condition on surface heat flux.
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Chapter 5. DISCUSSION OF THE EQUATORIAL UNDERCURRENT DYNAMICS
SIMULATED BY THE GENERAL CIRCULATION MODEL

The goal of this final chapter is to propose a more con-

ceptual interpretation of the model dynamics described in section 3.3.

First the various dynamical regimes simulated by the GCM

are compared with the available simpler steady models of the EUC

reviewed in section 1.6.1. The comparison is made from the point of

view of scale analysis which is the starting point of the analysis

that follows.
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5.1 Comparison between the dynamical regimes simulated by the GCM

and by simpler models
We will first consider the models in which the EUC is

represented as a homogeneous layer in motion above an abyssal layer at

rest, and will be comparing our region (3) to Charney's (1960) and

Charney and Spiegel's (1971) models and our region (2) to Pedlosky' s

(1987) model (see Figures 51 and 60 for the definition of the various

regions). Next we will consider Veronis' (1960) analytical model of a

stratified EUC, in comparison with region (3).
Unless otherwise specified, the notations used to scale

the equations of motion will be:
L for zonal length
t for meridional length
H for vertical length
U for zonal velocity

V for meridional velocity
W for vertical velocity
P for pressure per unit mass
A for horizontal eddy viscosity coefficient
vo for vertical eddy viscosity coefficient

for zonal wind stress per unit mass
The full zonal momentum balance will thus be written in scaled form:

U 2 VU WU P V0 U AU fuu + vu y+ WU wu - V yv = x + pj' (vuzz + ( u + Uy
T x x y z H L yy~ux~

5.1.1 Charney's (1960) nonlinear frictional EUC
Charney (1960) and Charney and Spiegel (1971), view the

thermocline as a surface of density discontinuity which inhibits any
vertical exchange of momentum between upper and abyssal layers.

X-variations are ignored (except in px), v is taken constant,
lateral friction is assumed negligible, and a bottom boundary condition
of zero velocity is imposed to satisfy the requirement of no motion in

the underlying layer. The computed nonlinear frictional undercurrent
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is thus entirely confined to the homogeneous layer above the thermo-

cline. In reality, the EUC is observed to have its maximum velocity

in or close to the thermocline. A more realistic vertical profile of

zonal velocity might thus obtain if the model used, instead of a no

slip bottom boundary condition, a no stress bottom boundary condition
as did Stommel (1960). [A different representation of the lower
layers would have to be developed.]

The zonal momentum equation is written:

vuy + wuz - yv = -px/ + vuzz

So it would be identical to our regime (3) at the equator for v

constant if all terms had the same magnitude.

Taking a constant layer thickness H, the same velocity

scale U in both the zonal and the meridional direction (a choice
somewhat difficult to understand) but different length scales L and
in the zonal and meridional directions, and relating ZPG and wind
stress by P/L = T/H (based on the expectation that the vertically0
integrated pressure gradient should approximately balance the surface
stress), Charney derives an inertial scaling for the EUC as follows:

U2 WU =f -P ~TO
T- H ~ ~L ~H

so that

Ur v2 1/ 3 1/3
I) ; W 0 8H 2  3  (2.

H 02H

and

[vuzz v v3 1/3
c = = (vH

For:

10 x 10~ 4 < V < 100 x 10~ 4m2s-1

o = 2.3 x 10 m~1s~
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H = 150 m

= 0.45 x 10~4m2s-2

the following orders of magnitude result:

- 3 x 10~ 7m s-2

U ~ 0.15 m/s

~ 85 km

1 1

These scales correspond to a somewhat weak and narrow flow compared to

the undercurrent, but this is not surprising since U is more a scale

for (uv)1/2 than for u. The point though is that, for v between 10 x

10~4 and 100 x 10 4m2 s , the number c which measures the relative

importance of vertical friction, is small. Therefore the effects of

vertical friction are limited to boundary layers at the top and bottom

of the layer under study. An estimate of the boundary layer thickness

D can be found by setting:

3 1/3 3 1/5
c = (jv) ~l4a D ~ (---)

05 sTo-

With the above values, D is of order 30 m (between 25 and 40 m for

v between 10 x 10~4 and 100 x 104m 2s~1), i.e. thinner than

region (3) from the GCM simulation (Figure 51), which is about 75 m

thick.

The numerical simulations performed by Charney (1960) and

Charney and Spiegel (1971) confirm that, in order for the vertical pro-

files of zonal velocity to exhibit a subsurface eastward flow of real-

istic magnitude, c needs to be of order 1/25. For larger values of

c such as 1/4 (more viscous case), the whole profile is westward and

no subsurface eastward flow develops. For values of c less than
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about 1/30 (v less than about 15 x 10~ 1m2s~1) the computation blows up.

This of course is in contrast with the GCM results which suggests that,

in region (3) of the simulated EUC, vertical friction is as important

as inertial terms.

5.1.2 Pedlosky's (1987) purely inertial EUC
In Pedlosky's (1987) model, the EUC lies in the lower layer

(density p2) of a two-layer system above a motionless abyss (density

p3 ). Motion in that lower layer (of thickness H) is assumed to be

frictionless and strictly parallel to isopycnal surfaces. It is deter-
mined using conservation of potential vorticity and Bernoulli function.
Pressure gradients vanish underneath. So the model may be relevant for
the region of the GCM where pressure gradients are still present but

direct wind forcing has become negligible, i.e. for region (2) where:

= - X w i t h h e r e : - = 2 H , 2 = p2

Duand: D = uu + vu

Compared to a realistic stratification, it probably best represents

the thermocline itself, the interface between surface layer (density

pi) and intermediate layer (density p2 ) being the top of the

thermocl ine.

A scale H for the layer thickness is obtained using the

depth of the Sverdrup regime to which the equatorial region connects
at higher latitude. That depth can be expressed as a function of a
zonal integral of the Ekman pumping (Luyten et al., 1983) and can be
scaled as:

-L1/2
H = ( L1/

Y2

calling L an east-west scale of order the basin dimension. Remember

that H scales the EUC layer thickness, below a surface layer of

unknown thickness. The ZPG force thus scales as:
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p y2H -2 0' 1/2
( Y2 )

LL L

and scales for zonal velocity and meridional dimension follow:

U2 P 1 ) 1/2 U = 1/4
L - L~ L 02Lt9)

LT)1/8
(U)1/2 = 2L'Y2

817r

For the values:

T = -10~ 4m2s-2

2 = 10-2m s2

L = 3000 km

chosen by Pedlosky, H , -P/L, U and are respectively equal to about
-7 -2 -1175 m, 6 x 10 m s , 1.30 m s and 240 km. For a weaker wind over a

longer zonal scale (more representative of the Atlantic ocean):

VO = -0.50 x 10 4m2 S-2
o-2 -2

2= 10 m s

L = 6000 km

H , -P/L, U and have the values 175 m, 3 x 10~ 7m s-2, 1.30 m s- 1

and 240 km. The net effect of weakening the wind but increasing the

lengt scale over which it acts by the same factor 2 is null for H, U
and , but the ZPG scale is divided by 2. Conversely, this illus-

trates that, for comparable wind stresses and comparable ZPG, the EUC
velocity still can be different if the fetch is different.

Note that the main difference between this inertial scaling

and Charney's is that the vertical scale itself is related to the forc-

ing rather than taken as an independent constant parameter. By writing

P Toas in Charney's analysis r =R and substituting Pedlosky's H =

'C L 1/2 P Y2 LT 1/2
( ) , one recovers - = ( L ) as in Pedlosky's scaling.
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[One cannot go from one scaling of u to the other in the same fashion
since Charney's U is really a scale for (uv)1/ 2, while Pedlosky's U
is indeed a scale for u]. Note that the vertical scales of Charney's
and Pedlosky's analyses refer to somewhat different entities, namely,
the distance from the ocean surface to the EUC bottom in Charney's
case, the thickness of the EUC layer in Pedlosky's case.

By further taking into account the fact that the vertical
scale should also vary with longitude [since it is a function of

ET dx], we will show in section 5.2.1 that, for parameters repre-x
sentative of the equatorial Atlantic, a purely inertial frictionless
regime like Pedlosky's cannot exist past a critical longitude (of the
order of a third to half the basin dimension) at which inertial and
frictional depth scales become comparable and the term of zonal iner-
tial acceleration negligible. This will justify the limited size of
the western inertial regime in the GCM simulation.

5.1.3 Veronis'_(1960) nonlinear frictional stratified EUC
This model is mostly concerned with the vertical structure

of the current system which develops in a stratified ocean when a sur-
face zonal pressure gradient is imposed. The frictional effect of the
easterly wind stress is thought to be the cause for the surface ZPG (in
practice the zonal gradient of sea surface temperature), and the baro-
clinic adjustment of the stratified layers which reduces pressure gra-
dients (in practice isotherms slope) with depth is thought to be the
cause for the limited vertical extension of the current system. Lat-
eral friction and zonal variation of the velocity are ignored, forcing
and ocean response are assumed symmetrical about the equator, and the
zonal momentum balance under consideration at the equator is thus:

wu z = ~Px/ + vuzz '
similar to regime (3) simulated by the GCM for uy = 0 and v = constant.

By choosing the same eddy coefficient for diffusion and
viscosity, the heat equation at the equator can be written:
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uT + wT = vTzz

Taking v constant, imposing a linear variation of temperature with

longitude at the surface (TX = constant; T = 0), and replacing
w(x,z) by a constant average value W, Veronis further derives:

WTxz = vTxzz '

According to this last relation, the zonal temperature gradient decays

exponentially with depth from its imposed surface value, with the depth
scale H = j. The vertical profiles of ZPG and zonal velocity are also
proportional to exp (Wz/v) and the ZPG can be derived from the hydro-
static equation by:

Pz/p = gaT --p ph/p = (v/W)(pzx/p) = (v/W)gaTx

(where a is the thermal expansion coefficient). Veronis then vertic-
ally integrates the ZMB to obtain an analytical expression for u(z),
using the boundary conditions:

T = AT/L and vuz = Vo . z = 0

(where AT is the difference in surface temperature and L the zonal
distance between western and eastern ends of the domain), and

T = u = 0 (@ Z ) -00.

The determination of W also requires the continuity equa-
tion (vy + w = 0) and the geostropic meridional momentum equation
(Oyu = -py/p). Veronis finally obtains an analytical expression for
H = g which depends on the depth over which W is averaged and which

V L 1/2
is proportional to ( 0 'gaAT

In terms of scales, this result is equivalent to setting
directly:

(0 (0
(p /p dz = vuzz dz

since this can be rewritten:

(V)2 ga = L )1/2
W gaA.- T
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Although equal to , the depth scale can thus be expressed entirely

in terms of the external parameters To and AT/L. It is independent
of the exact value of v. For the values chosen by Veronis for the

Pacific ocean:

To = -0.2 x 10~ 4m2s~-

L = 107 m

g = 10 m s-2

a = 2.5 x 10~ (C)~

AT = 5aC

one obtains: H = 125 m. Note that, in contrast with Charney's and
Pedlosky's models, the above depth scale corresponds in Veronis' final

solution to the depth of the EUC core rather than to the bottom of the
EUC or to its thickness. For the central Pacific Ocean, H = 125 m is
a realistic core depth. Note also that the dependence of this depth

scale on wind intensity and zonal length scale (-rL)1/ 2 is the
0

same as that from Pedlosky's model.

5.2 Vertical scales relevant for the dynamical regimes simulated by
the GCM

The eastward shallowing of the various isolines of Figure
72 illustrates a westward increase in the vertical extent of the vari-
ous fields simulated by the GC4 (section 3.3). The isotachs 0.00, 0.25
and 0.50 m s~ of zonal velocity are superimposed on the other fields
for a visual comparison of their respective extents. Disregarding the

complications introduced in the east by the wind reversal, we see that,

over most of the basin, there is some correlation between the deep iso-
-1lines of -px/po , u, w, and (vu)zz. The deeper 0.25 m s u-isotach

for example lies near the zero-crossing of ZPG (e) and w (d), and the
0.50 m s-1 u-isotach lies near the zero-crossing of vertical friction
(h). The zero-line of ZPG (along with the deeper 0.25 m s~ isotach of
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u and the 0.00 m s~ isotach of w) roughly coincides with the bottom

of the thermocline (b), which however cannot be identified with a
single isotherm since the deep isotherms "peel off" downwards to the
east, forming the thermostad. At shallower levels, the similarity
between the zonal patterns of ZPG and vertical friction isolines per-
sists (directly reflecting the zonal weakening of the surface easterly

stress). The isotachs of zonal velocity on the contrary become hori-
zontal and tend to cross most other isolines.

At about 10' of longitude (1/6 of the basin size) from the
western boundary, the rate of westward increase in the vertical extent

of the fields of ZPG (Figure 72e), vertical (d) and zonal (a) velocity

[and horizontal friction (f)] becomes abruptly larger. For example,
the isotach 0.10 m s~ which had deepened by 70 m in 30 degrees between

4 W and 34'W abruptly deepens by 100 m in 3 degrees between 34'W and
37.W, a rate of deepening about 14 times larger. The increase in the
penetration of the ZPG effect can be seen on the western deep isotherms
of the model, e.g. 13, 14 of 15C (b): their zonal slope from east to
west changes from flat or upwards east of 33'W to downwards (like the
shallower isotherms) west of 33'W. Western sloping of otherwise flat

deep isobars can also be seen on the Atlantic mean dynamic topography

west of about 30'W (Figure 2). Note however that the rate of westward

increase in the vertical extent of the simulated vertical friction (h)

does not appear to exhibit a similar western anomaly.

The above description (based on results described in more
detail in section 3.3) suggests that a good estimate for a depth scale
D* relevant to the equatorial circulation over most of the basin
(central region of Figure 51) would be the zero-line of ZPG, which is
close to the zero-line of vertical friction and w, close to the deeper
0.25 m s~I u-isotach, and representative of the bottom of the thermo-
cline. This scale should decrease with increasing distance eastwards
and, given the similarity between the zonal and vertical structures of
the fields of (-pyhe) and (vuz)z in the region, it can be based on the
balance:
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71

Figure 72: Equatorial sections of basic fields and ZMB terms simulated
by the GCM. The isotachs 0.00, 0.25 and 0.50 m s-1 of zonal
velocity have been superimposed on the other contour plots for a
visual comparison of the various depth scales and their zonal
variation.
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D /) dz = -T > 0 (definition of D*)

even though the vertical integral of wuz may not be zero.

In the west however [regions 41) and (2) of Figure 51] the
{0

vertical extent D' of (-px/p becomes larger as _ (p /Po) dz

balances not only (-ti) but also nonlinear accelerations whose vertical
integral can no longer be neglected:

0 
0

(-px/p)dz = -T + , (Du/Dt)dz (definition of D')

> 0

For simplicity we can decompose the new western depth scale D' into

[D* + (D' - D*)], define:

05 -D* 0) dz = -t,

D* -D*

-D IXO dz = -D'(Du/Dt) dz

0
assuming: (Du/Dt) dz ~ 0

-D*

and identify the lower region -D' < z < -D* with Pedlosky's inertial
undercurrent and with region (2) of Figure 51. The question is now to

justify the limited zonal extent of that region in the GCM.
Let us consider as in Pedlosky's model that the structure

of the deep western equatorial thermocline observed in the GCM is
caused by a meridionally convergent flow which advects towards the
equator an off-equatorial density structure and veers eastwards at the
equator. Since the zonal structure of the observed wind stress T is
not such as to produce a zonal discontinuity in the off-equatorial



324

thermocline depth (a function of T dx, where xE is the longitude
x

of the eastern boundary), one should not find a zonal discontinuity in
the deep equatorial density structure either. That in fact there is a
discontinuity indicates that some other process constrains the deep
thermal structure independently.

I believe that what constrains the deep thermal structure

and cuts short the zonal extent of region (2) is heat convergence from
the deep westward return flow below the mid-basin undercurrent. Re-
examining Figure 72b, we can see that indeed deep isotachs and iso-
therms are shaped in such a way that both regions west and east of

about 33*W correspond to negative uTx. For example, at about the
level of the 13"C-isotherm, u is positive between 40W and 33'W where

T is negative, while u is negative east of 330W where T has become
positive since the 13'C-isotherm has reversed its zonal slope. [That

the deep westward flow would advect warmer water makes sense since it
appears to return some of the extra water from the overlying undercur-

rent (section 3.2.1)]. In the deep western region, the heat converg-
ence produces a strong upwelling (Figure 72d) which advects most of

the zonal momentum into the shallower regime characterized by D*.
[The vertical extent of wuz (not shown) has the same zonal pattern
as that of w (d)]. Some of the zonal momentum however remains at
levels deeper than z = -D* and constitutes the deep EUC layers of
region (4) (see Figure 51 and section 5.4).

5.3 Conceptual model of an x-dependent upper undercurrent
In this section, we show that the dynamics of region (3) of

the model (Figures 51 and 60) can be anticipated from scale analysis,
and we solve a simple conceptual model of the upper EUC zonal varia-

tion. We only consider the domain bounded in the west by the longitude
at which the inertial undercurrent emerges from the western accelera-

tion region described in 5.2, as a more quantitative analysis of the
western region lies beyond the scope of this dissertation.
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The main idea can be summarized as follows. Only in the
west can a distinct inertially accelerated regime exist below a fric-
tional sublayer. With increasing distance eastwards, the depth scale

relevant to the problem (D*, introduced in section 5.2) becomes
smaller, and inertial and frictional regimes merge into a single
decelerated regime.

5.3.1 Input from scale analsi s
Let us start our analysis by assuming the existence of a

subsurface inertially accelerated flow la Pedlosky (1987) in the
west of our domain, and investigate the possible zonal and vertical
dimensions of such a regime.

Since baroclinic adjustment brings the zonal pressure
gradient force from a maximum at the surface to a negligible value
near the bottom of the thermocline, one can define a conceptual
correspondance between the continuous stratification and a reduced
gravity layer of depth D* , where D* represents a depth scale for
baroclinic adjustment (see section 5.2). Thus:

Du ~9x P* g
lg - g'D, , g = g

One expects that, at least in terms of scales, the vertical
integral of the ZPG force (down to a depth of negligible vertical
stress such as D*) balances the surface wind forcing, yielding:

D* [-p/PO = -o

with Co a scale for the wind stress per unit mass. Near the western
end of our domain, i.e. close to the western boundary, estimates of D*
and U can thus be derived as:

o 'D* -txE 1/2
= .: D* = ( 19 )

U2  - -gto 1/2 (-g'T xE) 1/2 L 1/2 g, 1/4
- = - = ( ) EU = ( )xE XE XE (grx
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where L is an a priori unknown length scale (L < xE). For L = xE'
one recovers Pedlosky's inertial scaling, and scales for v, w and i
can be derived using continuity (U/L = V/ = W/D* ) and 1= (U/1)1/2
[consistent with a geostrophic balance in the meridional direction].

In order to justify the existence of our inertial regime,

we now need to check that, for the scales derived above, the terms of

vertical and horizontal friction are indeed negligible. We can write:

[A 2u] = [A u = = a A
yy

v U
[(v uz z ~ *2

so that:

[AV 2u] xE 1/2
RH = E-p ] o= 8 A (-,--- )

[(v uz z v0 U vg09 13/4xE L 1/2

Rv L-P /P J V -o /4o' (-roxE) ' E

Using the following values for the equatorial Atlantic:

xE = 55 x 105 m

-O = -0.5 x 10~4 m2 s-2

(so that: TxE = -275 m3 s-2

o = 2.3 x 10 m 1 s1

g' = 2 x 10- 2 m s-2

A = 2 x 103 m2 s~1

V = 15 x 10- 4 m2 s1

(the values for A and vo being inspired by the GCM simulation),
one obtains:
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D* ~ 120 m

U - 1.5 (L/xE)1/2 < 1.5 m s-

RH 0.1

RV 0.4 (L/xE)1/2 < 0.4

One can thus easily justify the neglect of horizontal friction, but

less easily that of vertical friction, unless v has been overesti-

mated or L is considerably smaller than xE (or both). For

instance, reducing v0  by a factor 3 or having L/xE = 1/8 would
bring Rv below 0.15. On the other hand, multiplying g' by 2
reduces D* to 85 m, and brings U to 1.8 m s~1, RH to 0.07 and

R, to 0.7.

There is no doubt that vertical friction should enter the
problem at some point, since it constitutes the mechanism by which the
wind energy penetrates into the upper ocean. The question is how deep

it penetrates and thus whether there is room left in the thermocline

for the inertial regime that we are investigating. An estimate of the

depth of penetration D of vertical mixing effects can be obtained by
setting Rv equal to 1:

v U 0 v U 1/2 v 1/29, 3/8 1/2 1/4
= 1* .=D = 0 D* E L I "(-1oxE) 7 E

For the values used above, one gets:

D L 1/4
= 0.5 ( L

XE

Reducing v by a factor 3 or having L/xE = 1/8 only brings D
down to about D*/3 . This suggests that the upper frictional sublayer

will occupy a substantial fraction of our original inertial region for
realistic values of the parameters.

While this scaling argument cannot yield a precise vertical
scale for the upper frictional regime, it does make the point that the
two regimes are difficult to separate on the basis of scale analysis,
even in the region close to the western boundary.
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As the thermocline slopes upwards to the east, D* decreases

with distance eastwards and the vertical separation between inertial

and frictional regimes is likely to become even more difficult. The
possibility thus exists of a merging of the upper frictional and under-

lying inertial western regimes into a single nonlinear frictional
regime past some transitional longitude.

5.3.2 Simulation of a zonal transition between regimes under zonally
uniform easterly_wind forcing

Let us consider a uniform easterly wind stress ' acting
0

over an equatorial basin of zonal dimension xE. And let us as above
approximate the continuous stratification by a reduced gravity layer of

depth D* . D* thus represents the depth at which baroclinic adjust-

ment has reduced the surface zonal pressure gradient to a negligible
value. We are not however insisting that z = D* be a solid boundary
for the flow above. In fact it needs to be somewhat permeable to jus-
tify the existence of the deep EUC layers (section 5.4).

In order to simulate a zonal transition between regimes,
our problem needs to be x-dependent, even for zonally uniform wind

forcing. We can achieve this by introducing an explicit x-dependence

of the depth D* as follows:

2T
g'D* =(D=e) (0*

21 2 (D2X=__

or: D*2(x') = D*2(xE) - (1 - X')

taking the origin of the x-axis at the western end of our domain, i.e.
for practical purposes at the western boundary, and defining x' = x/xE'
Taking D*(xE) = 0 for simplicity, one recovers for D* near the
western boundary a depth of the same order of magnitude as the depth
scale introduced in the previous section:

-2D'= E 1/2 -(E 1/2D*(0) = (- ) = V g2 ( ,9 9
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In reality, the thermocline depth does not go to zero in the east:

mixed layer turbulence imposes a minimum depth of about 20 m to the

surface mixed layer. So in the following we will use the definition:

-2T x E1/2 1/
D*(x') = (- TOE 1 /9-r 1

but we will ignore results relative to the easternmost region where

D* becomes less than about 20 m.

We now define U and P* as the vertically averaged zonal

velocity and zonal pressure gradient per unit mass for our region of

vertical extent D*, set the value of U at the western end of the

region according to the scaling of section 5.3.1 and solve explicitly

for their zonal variation, using the relations:

-g'TxE 1/4U(0) = 2 [consistent with D*(0)]

2 -g't 1/2

ax F 2xE (1x')1/ '

The following expression obtains for U:

-g'ToxE 1/4
U(x') ( 20E) [5 - 4(1-x')1/2 1/2

The dimensionless number Rv introduced in section 5.3.1 which mea-
sures the importance of vertical friction relative to the ZPG force can

be written as a function of longitude as follows:

R v U g3v0 4

v - T * -2 x 5 5
0 ~ 0o

1/4 r5 - 4(1-x' )1/2 1/2
L. (1-x' )

The expression for U derived above from an inertial balance is thus

valid only up to the longitude x'c at which Rv equals 1. x'c is
defined by:



330

5 - 4(1-x'1/2 1/2 -23 x 5 1/4
[r C_, c 3 o 4.3

i-x' C g. V
c gv

for the parameter values introduced in section 5.3.1. Setting y =

(1-x')1/2, one obtains a simple quadratic equation in y. Its solu-

tions yield a value of about 0.8 for the dimensionless longitude x'c
at which Rv first equals 1. At that longitude, U can be rewritten

using R (x' c 1:

-2x T 3 1/2
U(x' C) E o (1' _ )1/2

Past the longitude x' c, vertical friction remains of the same order

of magnitude as the ZPG force, and an analytical expression for U can

be obtained by setting:

v U -C D*('
R* 1 ., U(x')= 0

or v 0

-2x V 3 1/2
U(x') = ( Eo ~,312,g'x) 2 0 (1-x')1/2  for x' > x' c

By construction, the two functions match at x' = C'
The results from this simple analytical model are shown on

Figure 73 (thick lines). Compared to the GCM simulation (Figure 60),

the longitude x' c of transition between inertial accelerated regime

west of x' c and frictional decelerated regime east of x'c tends
to be located too far east. This should not be of much concern given
the crudeness of our approximations, the fact that we ignore the east-
ern region of wind reversal, etc. The point of Figure 73 is to provide
a visual illustration of the effect on U of the transition between

regimes. West of x' , U increases slowly eastwards along with

P*. East of x'c, U decreases abruptly while on the contrary P*
continues to increase.



331

4 - 2 -_ 2
r (10 m s)

1/2

1/2

D*(m)

P *(10ms)

6-

4 
-

2
1/2

2-

0
1/2

U (ms)

Figure 73: Results from a simple conceptual model of the upper under-current for zonally uniform (thick curves) and for zonallydecreasing (thin curves) wind forcing. The dotted line repres-ents the mean annual zonal wind stress at the equator. As afunction of the dimensionless longitude x', and using the para-meters of section 5.3.1, the following functions are plotted:

-2t-x 1/2D*(x') = ( gI)

-9 I 1/2
P*(x)= (-~-~) p

0 < X' < X' :
C

<x' 1: ,

d(x') ~ 165 d(x')

Wx') ~ 3 x 10~- p(x')

U(x) = E 1/4

2
-2x T73 1/

U(x') = ( o
g v_

2

u e(x' ) 5.5 u e(x'

00 -

-0.5

0-

-50 -

-100-

-150-

I . :. .. --I

u w(x'I) ~ 1.3 u W )



332



333

The infinite increase of P* at the eastern boundary is

somewhat artificial since it is forced by our letting D* go to zero.
This can be fixed if the same model is forced by a more realistic wind

of the form [2T 0 (1-x')] (Figure 73, thin curves): the zonal profile

of D* becomes linear and P* becomes a constant throughout the basin.

U again increases west of x'c and decreases more sharply east of

x'c. Both cases thus illustrate the decorrelation between U and P*

in the east.

Finally, it is worth noting that, with the zonal integral

of the wind stress kept identical when going from a constant wind in

the first case to a linearly decreasing wind in the second case, the

location of x'c is found farther west in the second than in the

first case, improving the comparison with the GCM simulation.

These results were obtained for the idealized case of

constant v0 . They hold if one assumes that the depth of vertical

mixing is a weaker function of longitude than the depth of baroclinic

adjustment D*. This is true in the GCM where the Richardson number-

dependent vertical friction depends more on the vertical shear than on

the stratification in regions of deep thermocline. We believe that it

is a reasonable assumption for the real ocean.

5.4 Justification for a deep EUC in the simulation

As stressed in section 4.4, the deep eastward flow simu-

lated by the GCM is of prime interest to this dissertation since it

constitutes the undercurrent which "terminates" in the east. In this

section we briefly review how to justify the existence and the dynamics

of such a deep inertial flow dissipated by lateral friction.

We mentioned in section 5.2 how some of the accelerated

inertial flow upwelled in the west as a result of heat convergence can

remain at levels deeper than z=-D* and later be found in region (4) of

the GCM simulation (Figure 51). [The stratification is not an obstacle

to transfer of mass between regions (2) and (4) since the zonal slope

of the deep isotherms from west to east is either flat or downwards

east of the acceleration region.]
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Another possible source of eastward momentum for the deep

flow are the lower layers of the overlying eastward flow in region (3).

Through geostrophy, eastward flow in the lower thermocline corresponds
to a bowing down of the isotherms at the equator. Under the action of

lateral diffusion, this in turn permits a transfer of zonal momentum

towards deeper levels since the flow can cross isotherms according to:

uT + wTz = AT Tyy < 0 =$ w/u < -T/Tz
where AT is an eddy coefficient of lateral diffusion. Some down-

welling across deep isopycnals was indeed described in section 3.2.1

(Figure 45d).

In section 5.3, we considered the region of substantial

zonal pressure gradient (which we identified as the region above the

base of the thermocline), and accordingly compared the magnitude of

various dynamical terms to that of the ZPG force. We concluded that

lateral friction was negligible at first order. Below, say, the middle
of the thermocline however, the various dynamical terms become increas-

ingly small in the continuously stratified case. Assuming that an

inertial scaling k'= (U/s)1/2 is still relevant for the remaining

eastward flow, the term of lateral friction Au y continues to be

scaled by the constant product BA. One may therefore anticipate that

there exists a range of depths below the middle of the thermocline for

which lateral friction becomes an order 1 term of the dynamical balance.

That is probably what happens in region (4) of the GCM

simulation, where the annually averaged ZMB was seen in section 3.3 to

reduce to:

uu+ wu = AV 2u
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CONCLUSION

The main result of this dissertation is the novel picture

of equatorial undercurrent dynamics which emerges from the analysis of

Philander and Pacanowski's general circulation model. Being nonlinear

and stratified, the GCM permits a much richer range of dynamical

regimes than previous simpler models. At the equator one can identify

several regions in which different approximations of the zonal momentum

balance hold, as summarized below:

1) In the west, one finds an accelerated inertial regime below

an accelerated inertio-frictional regime. The positive zonal
inertial acceleration corresponds to an excess of eastward zonal
pressure gradient force over vertical friction. Water origin-
ates at higher latitudes and is deflected eastwards and upwards
at the equator.
2) Farther east, the depth scale appropriate for the accelerated
inertial regime shrinks. (This is also the depth scale for the
bottom of the thermocline below which baroclinic adjustment
becomes negligible). East of a critical longitude, the whole

eastward flow above the base of the thermocline becomes a non-

linear frictional regime. The inertial deceleration is mostly

vertical advection of zonal momentum and is due to the excess of

vertical friction over eastward ZPG force. Water comes from the

west and from higher latitudes, is deflected eastwards and up-

wards, crosses isopycnals, and is recirculated westwards and

polewards in the surface layer.

3) Below the thermocline in the central and eastern basin both

ZPG and vertical stress become negligible. Here one finds an

inertial zonal flow mostly fed by the deep western accelerated

region and retarded by lateral friction.

The accelerated inertial regime is similar to Pedlosky's (1987), the
nonlinear frictional regime to Charney's (1960) and Charney and

Spiegel's (1971). No regime similar to the inertial regime found
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below the GCM thermocline has been previously described in the

literature.

The above description of coexisting regimes is very likely
to apply at least qualitatively to the EUC observed in the real ocean
because it is consistent with two observations that have received

little attention in the past: the existence of eastward flow consider-

ably below the depth at which zonal pressure gradients become neglig-

ible, and the location of the bulk of the eastern EUC below the eastern
thermocline (rather than above or within). These best support the con-

cept defended in this dissertation of two distinct regimes in the ver-
tical with negligible interaction and different retarding mechanisms

(the upper mechanism being more efficient at retarding the flow than

the lower one).

A related result is that the eastern termination of the
model EUC is really the termination of the lower inertial flow. In
agreement with Lukas'(1981) description of the eastern Pacific under-
current, the final weakening of the subsurface eastward flow is insen-

sitive to the reversal of the surface pressure gradient because the

flow lies below the depth of baroclinic adjustment. The terminating
undercurrent should therefore have the character of an inertial flow

impinging onto a wall. That the GCM underestimates the longitude of

penetration and the strength of the simulated EUC in the east may be

caused by too large a coefficient for horizontal mixing. By contrast,

the upper levels of the mid-basin EUC are retarded by vertical fric-
tional exchanges with the overlying westward surface flow. They are

directly influenced by the local winds and by the fact that these winds
progressively lose their intensity eastwards. The remaining eastward
momentum of these upper levels is destroyed by the action of the
reversal of the surface ZPG force in the east. Given the considerable

decrease in zonal transport between the mid-basin and the eastern
undercurrents, it can be said that most (about 95 percent) of the EUC
terminates in the overlying westward flow rather than at the eastern
coast.
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The GCM analysis also briefly addresses the seasonal varia-

tion of the equatorial circulation. It explains the apparent deepening

of the EUC core in response to an increase in the local wind forcing

by a frictional deceleration of the upper levels concomitant with an

inertial acceleration of the lower levels.

A new scale analysis of the equatorial circulation was able

to rationalize to some extent the existence of a zonal transition bet-

ween the upper regimes on the basis of an x-dependent depth scale for
baroclinic adjustment, which shrinks to the east. The considerably
larger values of that depth scale in the west were attributed to heat

convergence by the opposing deep westward return flow. The argument

was however purely qualitative and the western region deserves more

attention in the future since it may be crucial in determining the ul-

timate speed of the EUC by acting as a Bernoulli head.

Observational contributions of this thesis include a review

of ZPG measurements and their comparison with simultaneous estimates of

the EUC speed in all equatorial oceans. Despite unsatisfactory spatial

and temporal resolution, the Atlantic and Pacific data suggest that the

main mechanism for changing the zonal eastward transport on a seasonal

basis is downhill acceleration of the surface flow in the spring when

the easterlies weaken and temporarily fail to balance the still east-

ward ZPG force; changes in the ZPG itself appear of secondary impor-

tance. On interannual time scales however, changes in the ZPG do seem

to directly influence the EUC strength.
A review of the current meter measurements available east

of 50W in the Gulf of Guinea, and of the ambiguities still remaining

in the description of the seasonal modulation of the eastern Atlantic

EUC is also presented. It is suggested that part of the experimental

scatter is due to aliasing by interannual variations. Finally, evi-

dence is offered for the existence, between 0 and 50S in the Gulf of

Guinea, of a coastal undercurrent similar to the Peru-Chile under-

current in the eastern Pacific, and only reported sporadically in
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the past south of 50S. The observations are not inconsistent with

Lukas'(1981) hypothesis of a seasonal surge of the undercurrent to the

coast and a concomitant seasonal branching of EUC waters into the

coastal southeastward undercurrents. However, in neither termination

region do the observations conclusively relate the coastal under-

currents to the equatorial circulation.
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Appendix I: MERIDIONAL STRUCTURE OF THE FLOW

AND THE ZONAL MOMENTUM BALANCE SIMULATED

BY THE GENERAL CIRCULATION MODEL

In order to look in more detail at how the flow and the ZMB

change with latitude in the upper and lower EUC in turn, Figures 74 and

75 were prepared for the regions above and below 100 m respectively, at

250W. This presentation allows us to adopt different scales in each

region and thus better distinguish terms within the weak lower regime.

Above 100 m at 10S and 2*S, the ZPG force is eastwards and counteracted

by vertical friction as at 0N (Figure 74h,i). But the net resulting

force (f) which at ON was balanced by the inertial accelerations

(vu + wuz) (g) is by 2 S mostly balanced by the Coriolis acceleration

(-fv), as both vuy and wuz become small (1,m). Accordingly, v at

2'S is polewards within the range of depths where (-px/po + (vuz)z)

is negative, and equatorwards below where the net force is positive

(c,f). Closer to the equator, the vertical profile of v is dominated

by the influence of the meridional wind stress (a) and the meridional

pressure gradient force which opposes it: v is northwards near the

surface, southwards below. North of the equator, this reinforces the

subsurface "zonally" forced equatorward flow just described, but south

of the equator that equatorward flow tends to be cancelled. The merid-

ional structure of u reflects that asymmetry (1). Based on the

southward evolution of the upper 100 m-profiles at 25*W then, the tran-

sition between inertially accelerated flow at the equator and linearly

accelerated flow off the equator occurs between 1'S and 2S (k,l, m,n).

(One still cannot talk about a purely linear off-equatorial regime

since the term of vertical friction remains nonlinear).
Let us now turn to the part of the EUC below 100 m, where

vertical friction has become negligible (Figure 75). Surface effects

are no longer important, and in particular no longer force such a N-S
asymmetry in the dynamics as in the region described above. Off the
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equator, the ZPG force is now westwards over most of the domain (h). At

2 N and 2"S, it is balanced by the Coriolis force (n) and thus corres-

ponds to a poleward geostrophic flow (c), too weak however to cause a

substantial lateral flux of zonal momentum away from the lower EUC (1).

At the equator, the main balance is between uu and , at least

below 120 m. Again, it is between 1. and 2' off the equator that the

inertial terms become negligible compared to the Coriolis acceleration

(k,1,m,n).
The above description leaves out the intermediate depth

range 90-120 m in which, on the annual mean, the term of vertical

friction is already negligible but the ZPG force is still eastwards

(Figure 76hi). That 30 m-thick region is thus already isolated from
surface effects but still accelerated by the ZPG force and by lateral
influx of zonal momentum. v is equatorwards at *1' and *2' latitude
(c) and causes a vuy which does contribute substantially to the
ZMB at 1'S and 1 N (1). Compared to the dynamics above 90 m, the
dynamics within the 90-120 m domain are, as for the dynamics below
120 m, much more symmetric about the equator, and vu drops to

zero at 0 'N. The balance at O'N can be written:

uux + = -p/P + 0 (h,j,k,m)

and includes no signature of the meridional circulation. The right-

hand side represents a zero net force, since -px/po is roughly

balanced by lateral dissipation (f). The left-hand side therefore

vanishes too (g) and behaves like a free inertial jet flowing eastwards

and upwards. As in the underlying regime, the ZMB is linear and geos-

trophic by *2' latitude:

-fv = -pp) (h,n) .
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Figure 74: Vertical profiles of basic fields (a,e) and zonal momentum
balance terms (hn) simulated by the general circulation model at 25*W
amd 2.S, 17S, 0.N, l7N and 27N for the depth range 0-100 m.
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Figure 76: Same as Figure 74 for the range 90-120 m.
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